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A ;;__Predlctlon of Regional Ground Water
| - Flow to Streams

by S. Christensen?, K.R. Rasmussen®, and K. Mgller?

Abstract

Database information on geology, hydrology, and hydrometeorology may form an excellent basis for studying ground water
flow and seepage to surface water in a catchment. In a field case study of a 114 km? catchment, geological database information was -
used to determine layer thicknesses and boundary conditions as well as to parameterize a ground water flow model. Hydraulic head
and stream flow data were used to estimate the model parameters by nonlinear regression. The uncertainty of the estimated para-
meters and of the predicted stream flow gains was quantified by individual likeliitood method confidence intervals. During four stages
of calibration, ranging from using only head data to also using an extensive set of measured stream flow gains, no parameter csti-
mates changed significantly, but the number of parameters was increased from 12 to 14 in order to fit local stream flow gains. This
indicates that the geology-based parameterization is firm.

Adding stream flows to the calibration data reduced the uncertainty of the esllmated parameters sngm[‘ cantly, However, the
uncertainty of some of the parameters was significant even when an extensive set of measured stream flow gains and hydraulic heads
was used to calibrate the model. Parameter uncertainty is reflected in the uncertainty of the predicted stream flow gains. When an
extensive s¢t of stream flow data was used during calibration, the'prediction uncertainty is up to £25% in large streams, and up
to 60 % in smaller streams. The confidence intervals in general are skewed, and they are very skewed in the case where no stream
flow measurements were used to ¢alibrate the model.

. The case study shows that even when relatively extensive geological information and calibration data are availabie, there may
be significant incertainty connected with the prediction of local discharge of ground water to streams. Reducing uncertainty in such
cases will require extensive field investigations in order to improve the definition of recharge areas and to describe the tocal fluxes
and flow patterns in the aquifers.

Introduction . ) . 1979; Freeze and Cherry 1979; Christensen 1994). However, after
Predicting regional ground water éeepage to str:ams is impor- leng dry periods drain and overland flow becomes insignificant, and
tant in a variety of environmental management and engineering  the discharge from near-surface aquifers tends to stabilize at a low
problems. Thus the background for the present paper is a study of  to moderate level or, in areas where such aquifers are shallow,
whether and where nutrients in seeping ground water can be  almost vanish. It is in this baseflow situation when ground water dis-
reduced through recreation of wetlands along streams. This involves  charge is quasi-stationary that we can actuatly estimate it from syn-
a number of basic questions: where does ground water scepage chronously, closely spaced, stream flow measurements.
occur, and is it from near-surface aquifers or from deep aquifers? In the first section of the paper we describe the studied area
Answers will typically be assessed by using a catchment scale using available database information. We describe the geology in
ground water model, but to what extent are such model predmhons .+ as great detail as we think possible on a catchment scale. In the next
reliable? ! + .section the geological model is used 10 conceptualize and para-
Based on a case study of Danish catchments we discuss how meterize a ground water model. Thereafter, the model is cali-
well ground water seepage can be predicted by using a greund water brated by nonlinear regression using MODFLOWP (Hill 1992).
model, given that the model is (typxca]ly) conceptualized from qual: . This method has at least two important advantages for this study:
itative geological information available in databases, and.cali--- (1) itis efficient and objective when the model parameters are pre-
brated to fit (i} hydraulic head data.measured throughout the defined and the accuracy of the data are known; and (2} it makes
“catchment; and (2) stream flow easured in a few main tributaries. it possible to analyze and compare calibration results using sta-
It is commonly accepted that the efflux of ground water from - tistical methods. The calibration of the model is based on fitting"
deep aquifers varies very little during the year, or even from year o synchronously measured sets of hydraulic head data, and to more
to year, while the d:scharge from near-surface aquifers can vary  of less extensive data sets of stream flow, and thus illustrates how
aImosl mstantaneously duc to variations in precipitation. (Bcar stream flow data influence parameter estimates and uncertain-
. ties. Then the variously calibrated models are used to predict the
De © of Earth Sci u ¢ Aarhus. Nv Munkegads © stream flow at a number of measuring stations throughout the
" ent o ciences, University of us, unkegade - t ot
bygn. 520, DX 8000 Asrhus ., Denmark. E-mail: stcencer® ;::::Lment Finally, predicted and mea;:;"f V“ldlues da’:l ii"}fl:z:
geoserver].aau.dk (first author); geolkir@aau.dk (second author), e prediction uncertainty i$ quantified by individu e
Received February 1997, accepted September 1997, method prediction and confidence intervals.
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aquitard/secondary aquifer.. Here permeabie -refers to gravel ot -

sand. and also areas with a thin tlay eap-at the surface which is
~assumed 1o be permeable due to fragtures. down to.a depth of 5.

" Below thus.depth elay is assumed.to.be semi-permeable. We-have- -
-used 178 well lithology logs to.locate the.areas with leakage and.

recharge, respectively (indicated in Figure 4¢ as areas with and with-
out overburden, respectively). We make the rough assumption that
the water table in the aquitard is 3 m below the surface.

The recharge depends on precipitation, evapotranspiration
and land use, and it can be estimated directly from actual data
using root zone modeling. However, land use data are not currently
" available from a database, and therefore we treat recharge as a
parameter of the ground water model and subsequently estimate it
by calibration.

The magnitude and the direction of leakage depends on the
thickness and vertical hydraulic conductivity of the aquitard, and

on the vertical hydraulic gradient between the aquitard and the.

regional aquifer. In the present case the bottom surface of the
aquitard was interpolated from the lithology logs of 178 bore-
holes, and its top surface estirnated to be 5 m below ground level.
The resulting aquitard thicknesses are shown in Figure 4c. The ver-

tical hydraulic conductivity of the aquitard is estimated by calibrating

the ground water model,

Aquifer Transmissivity
The deposits of the primary aquifer can consist of glaciofluvial
sand and gravel, Tertiary quartz sand and gravel, and Tertiary

micaceous sand. The aquifer transmissivity (T) has only been esti-
mated from pumping tests of two wells, but the lack of good qual-,
ity data on-the transmissivity field is probably typical for most: :

aquifer from pumping tests. Information on the transml‘;swny field
must therefore be based on alternative methods. We are reluctant to
use specific capacity as an estimator for T, mmnly because .Lhc avail-
able mformatlon on T in wells is often loo sparse to form areliable
regression, and‘-sec’ondly because this mclhod in some cases gives
poor estimates (Christensen 1995). We therefore assume that the
hydraulic conductivity K is constant within each lithologically
defined zone (Figure 5), and estimate K by ground water model cal-

ibration. Since we have calculated, the aquifer thickness (Figure 4b)

using the well log information we,can also estimate T. *

The Efflux from the Aquifer

The efflux from the aquifer is partly due to abstraction and
partly due to ground water scepage t streams. The abstractions were
measured whereas the seepages were estimated as follows. The min-
imum stream flow (MSF) is normally recorded during long dry
spells in late summer when the only contribution to stream flow is
ground water seepage. Therefore we use the median MSF as a
measure of the average seepage flow from the primary and the sec-
ondary aquifers. Given the zonation of the hydraulic conductivity
of the aquifer we divided the stream system into segments between
the gauging stations in Figure 2b. This allowed us to analyze and
compare the interaction of ground water and stream flow for zones
and segments along the stream.

The interaction between stream flow and ground water seep-
age is governed by the hydraulic conductance of the stream bed and
of the difference between the stream water level and the hydraulic
head in the aquifer. The conductance is a function of the length and
width of the stream, and of the thickness and hydraulic conductivity

. of the stream bed. Here the length and width of stream reaches and

the stream water levels were roughly estimated from 1:25.000)
lnpn"hlj‘)h«_d} maps. The location and thickness of the stream beds

weTe c:txﬁai&l from the geologie cross sections and shallow ..ILI“L‘

holes zﬂenﬂ the stremms; whereastire-strenmrbed conductivity is esti-

- mated by calibraticn of the ground water model.

Ground Water Model

In order to simulate the (quasi) steady-state flow of ground
water to the streams within the catchment.we use the numerical
ground water modeling code MCDFLOWP (Hill 1992), which is
a nonlinear regression version of the USGS finite-difference mod-
eling code MODFLOW (McDonald and Harbaugh 1988).

The model is set up with two layers, and both are simulated as
being confined even though they are both unconfined wnhm parts
of the catchment. This approximation is made in order to stabilize
the calculation of heads as well as to stabilize the regression.

The upper layer of the model represents the area with a sec-
ondary aquifer,.and the areas with a water table in till above an
aquitard. In the secondary aquifer, in part of zone 6, ground water
can flow horizontally. The transmissivity function of this aquifer is
approximated by a constant value, which is calibrated, and the
hydraulic head is.a dependent variable calculated by the model.
Everywhere else in the upper layer we assume that horizontal flow
(in the till) is negligible during steady-state flow, and that the
water level (and thus the hydraulic head) is fixed at 3 m below
ground level,

The lower model layer represents the regional aquifer, and the
hydraulic head in the entire layer is a dependent variable calculated

by the model. The saturated aquifer thickness function of the lowerc

layer was approximated in the following way: in areas where the
aquifer is confined, we used the contoured values in Figure 4b; in
areas with a free water table, the thickness was calculated as the dif-
ference between the interpolated water table and the bottom of the
aquifer contoured in Figure 4a. The resulting thicknesses are held
constant during the calibration. The hydraulic conductivity function
of the lower aquifer is approximated by a constant value within each
of the seven lithology zones (Figure 5). To better fit the calibration
data, zone § was added during the calibration. These eight con-
ductijvities are estimated by calibration, .

The interaction between the two model layers represents the

. leakage between the regicral.7:juifer and the upper secondary

aquifer or the water table in-the till. In areas with no aquitard, the
secondary and reglonal aquifers are lumpeduogclher in the lower
mmodel layer and the upper layer is “eactivated, There is no geological
evidence for assuming a variable conductivity of the aquuard
within the catchment, so we assume one constant value which is esti-
mated by calibration.

The influx is modeled in one of three ways: (1) as recharge
directly to the lower model layer in areas with no aquitard; (2) as
recharge to the upper model layer in arcas with a secondary aquifer
above the aquitard; or (3) as leakage from the upper to the lower
layer in areas with an aquitard but no secondary aquifer. The
recharge to each of the two layers (aquifers) is assumed spatially con-
stant and estimated by calibration.

The efflux is modeled as abstractions or as as leakage from the
aquifers to the streams. The leakage depends on the stream bed con-
ductance, and on the difference between the {given) water level of
the stream and the (calculated) hydraulic head in the aguifer. The
streamn bed conductance function was initially approximated by a
constant hydraulic conductivity titmes a spatially variable factor
depending on tength, width and stream bed thickness. During cal-

1



< ibration-a beparate hydraul:c conducuvuy for one of the tributaries -
was added as a parameler. . .
- “The horizontal-boundary L‘ondmons are no- ﬂux boundarics

-+ ~which:partly.coincides with geological:botindaries of low-perme-

able clay or till.

The model thus has (up to) 14 pa.ramc[crs estimated by cali-
bration: eight hydraulic conductivities in the lower regional aquifer
(K,-Kg); one transmissivity for the upper aquifer in zone 6 (T,); one
vertical hydraulic conductivity for the confining layer (KV); two
recharge values, i.e., one for the lower aquifer (RCH,) and one for
the upper aquifer (RCH,); and two stream bed conductivities, i.c.,
KST, for the stream system in general and KST; for the upper part
of Ellerup baek. For K,-Kj, T,,, KV, KST,, and KST, we use log-
transformed values during the estimation.

The finite-difference grid is homogeneous with 250 m grid
spacing in both directions. No grid rcfinement is made near the
streams because these take several directions within the catch-
ment. The number of active flow cells in the upper model layer is
1118, and the number of constant head cells is 205Q. There are 3870
active flow cells in the lower model layer. The interaction between
aquifers and streams was simulated using the MODFLOW stream

-package (Prudic 1989).

Methods of Calibration and Uncertainty Analysis
Calibration is done by nonlinear regression to make the model

4

- lower. limits of the confidence interval tora function p(8), where 1§

- is-thé true set of parameters, are caleulated as the maximum and min- -

fit hydraulic head as well as stream flow data. The function mini-

mized during the regression is (Hill 1992):
S(b)=[h* -h(b)] V"' [R*-h(b)] + [Aq* -Aq()} Vs, [Aq* ~8q(b)) (H

where

b is the vector of parameters to be estimated

h* s the vector of measured hydraulic heads

h(b) is the corresponding vector of predicted (modeled) heads at
the measured wells using the parameters b

Vp  is the covariance matrix of errors of the heads

Ag* is the vector of measured gains in stream flow along stream
courses

Aq(b) is the corresponding vector of ca]culated flow gams using the
parameters b

Vag 1s the covanance mazjix of.the errors in siream ﬂow gains. -

It is assumed that the head errors are independent and therefore
V) 1s a diagonal matrix. Stream :iow gains calculated from mea-
surements are known to be correlated, and we therefore modified
MODFLOWP to allow V,, to be a full covariance matrix. These
covariances are calculated by Equation Al derived in Appendix A.

The uncertainty of a calibrated parameter can be illustrated by
its'individual confidence’ interval, which is commonly calculated

using linear approximations (e.g., Seber and Wild 1989), However, .

synthetic case studies (Cooley and Vecchia 1987; Vecchia and
Coocley 1987; Hill 1989; Cooley 1993a,1993b) and a field case study
(Christensen and Cooley 1996) show that the confidence intervals
for the parameters of ground water models, as well as the predic-
\ tions made by such models, are often nonlinear. In such cases lin-
S ear approxlmatlons should not be used to calculate confidence
“intervals. We have therefore adopted the likelihood method
(Donaldson and Schnabel 1987), which can be used to calculate con-
fidence intervals on the estimated parameters as well as on the out-
put from a nonlinear regression model with normally distributed
residuals (Vecchia and Cooley 1987; Clarke 1987). The upper and

-,

o

J

-.uam:rvaluc ‘of g(b). rcxpulwcl; under the constraint that:
‘e commdmg with:the.ground :water. divide-shown on. Figure 2b, .- : ‘

(5 =.p) .5(B) = S(B) »
o $(6) 2)

d-

i-u

where n is the number of calibration data, p is the number of esti-
mated parameters, bis the optimum parameters found by minimizing
Equation 1, and d?,_ is a problem-dependent statistic. Notice that
g(B) can be any function of the paramelers: e.g., it can be a param-
eter of the ground water model, or it can be a stream flow gain cal-
culated by the modet, Vecchia and Cooley (1987) showed that the
same computer program can be used to both estimate the parame-
ters by nonlinear regression and to calculate the confidence limits
of the desired confidence intervals. We have thus implemented
the likelihood method in the nonlinear regression code.
For an individual (1-a)% confidence interval

l _—
d_, = |—u(2(“p p)

where t;_,»(n-p) is the student t-distribution with (n-p) degrees of
freedom. Donaldson and Schnabel (1987} argue that individual

E)

likelihood method confidence intervals should be nearly exact for .
models with little intrinsic nonlinearity, whereas they may not be -

accurate for models with large intrinsic nonlinearity, In some of the
following cases the local intrinsic nonlinearity of the model, as mea-

sured by Linssen's modified Bealc's measure (Linssen975), is.
within the roughly linear range, and the corresponding confidence -

intervals calculated by the likelihood method may therefore be .-

too small. To partly compensale for the intrinsic nonlinearity we have
increased the used t-statistic as suggested by Beale (1960 Equauon
2.21).

Calibration Data

The hydraulic head is known at 64 positions w:thm the model
area, but the quality of these data varies. At 31 wells the well ele-
vation (WE) was measured with GPS, while in 25 wells it was esti-
mated from 1:25,000 scale maps, and in 23 of the latter wells
gaugings were asynchroneous. Finally, the head in the secondary
aquifer was estimated at eight positions where the well elevations
were also estimated from a map. Calibration and residual analyses
(Cooley and Naff 1990) showed that the variance of the residuals
between the measured. and the simulated heads_were higher than
explamcd by the uncertaintics on the measurement above ThlS is
made in the paramctenzauon ‘of the model, where we neglect het-
crogcneuy at scales smaller than the zones, partial penctration of
wells, etc. In the regression we therefore increased the variances of

. the head measurements by an equal amount (near 10 m?) for all the

wells.

Measurements of stream baseflow were available from 19
gauging stations (Figure 2b). We judged the standard deviations of
these data to be from 5% at stations with a flow higher than 50 L/s,
10 25% at stations with flows at 5-10 L/s. At station 411 (Figure 2b),
with a flow of only 1 L/s the standard deviation was set to 200%.
The measured flows were used to calculate the gain in stream
flow along the 19 courses (between the gauging stations in Figure
2b), and the corresponding covariance matrix (Vag Equation 1) of
the flow gains were calculated from the measured {low uncertain-

X
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tainty is between 5% and =60% for the courses with smaller

gains. e

C e

-Discussion-and Conclusions

The study showed that the geological information in the GEUS

database is useful to interpolate fayer thicknesses as well as to
define the parameters of a regional-scale ground water model.
From the geological data alone we defined [2 parameters that
were estimated by model calibration. During our four stages of cal-
ibration, where we went from using only data on hydraulic heads
to also using an extensive set of stream flow gains, none of the esti-
mates of these 12 parameters changed significantly. Addition of
flow-gain data to the calibration record only changed (i.e., reduced)
the uncertainty of the estimates.

The GEUS information on hydraulic head in the aquifers was
collected over more than 50 years and is obviously of questionable
quality. We therefore collected as many accurate head data as pos-
sible. However, analyses of the data showed that in this case the
small-scale variations in head (due to heterogeneity, partial pene-
tration of the wells, etc.) dominated over the measurement error that
we found in the GEUS data. It is therefore likely that using the
GEUS head data for model calibration would not have affected our
results significantly.

Synchronous measurements of the spatial distribution of low
flow in catchments was introduced more than 20 years ago in
Denmark. At least one set will now be available for many larger
catchments; in the Gjern catchment, for instance, data from 1976
and 1990 were available. During the project we have acquired
several more sets, mostly for the purpose of testing the stability in
our estimation procedure of the median annual minimum dis-
charge, but also to supplement with data from the smallest stream
courses.

Going through four stagés of calibration we have demon-
strated the importance of using efflux datd together with hydraulic
head data when calibrating a ground water model—primarily

because the uncertainty of the estimates will be significantly -

reduced. Take for example the estimated recharge to the lower
regional aquifer: in the case where we only used head data, the 95%
confidence interval for the recharge estimate ranged from 40 mm/y
to 1432 mm/y, whereas the interval was an order of magnitude
smaller {;;om 139 mm/y to 292 mm/y} when we also used all the
available information about stream flow to calibrate the model.
However, the un-ertainty of the estimated recharge and of other esti-
mated paramets s was mgmﬁcant even when we used the entire set
of measured stream flow gains and hydraulic heads to calibrate the
model.

Uncertainty in the estimated parameters is naturally reflected’

in the uncertainty of the gains in stream flow predicted by the
ground water model. The confidence intervais of the predicted
flows are very wide in the case where no stream flow data were used
for calibration, whereas they narrow more and more as increasing
amounts of flow data were used. However, the uncertainty is still
significant for some of the predicted flows even when we used the
entire set of stream flows: in large streams the uncertainty is up to
£25%, in smaller streams up to +60%.

Nonlinear regression using MODFLOWP (Hill 1992) was
very efficient for calibrating the model. We implemented Vecchia
and Cooley’s (1987) version of the likelihood method in our regres-
sion code in order to calculate nonlinear individual confidence

and prediction intervals, In most cases these ealeslations were
«atlsor cﬁiuun At has not yet been proven that individual intervals cal-
Lulalﬁ;‘:}iy-ﬁk likeliload method we eaact, but on the other i

- ,Auicrc rs no.evidence -that- they won bd ot be - Ponatdson o,

Schinubel 1987: Cooley 1997: Caooley 1996). Al the least: other stud-
ics we have cited show evidence tor concluding that these nonlin-
ear individual intervals are significantly better approximations
than the traditionally used lincarized intervals. 1t is mentioned that
for our case study the calculated nonlincar conNdence intervals are
skewed and wider (in some cases very skewed and much wider) than
the corresponding linearized intervals. Therefore, if we had based
our analysis on linearized instead of nonlinear confidence mtcrvals,
the conclusions regarding the uncertainty of predicied stream flow
gains would have been less pessimistic. Further, if we had compared
measured stream flow gains with linearized (instcad of likelihood)

prediction intervals, an ublikely large number of measurements ...

would fall outside their respective prediction interval, and this
would lead to the wrong conclusion that there is a significant dis-
agreement between the model predictions and the measurements.

The overall conclusion of this study is that many relevant
data for ground water and surface water modeling studies are eas-
ily available from databases. This information is useful and in
some cases, where the information is dense and of reasonable
quality, it may be a sufficient base for an entire study of the regional
ground water and surface water flow. However, even in a case
like the one studied here, with a fairly dense geological data set and
an extensive set of high quality calibration data, there still may be
significant uncertainty connected with the prediction of local seep-
age of ground water (o the streams. In such cases more detailed-
but presumably more expensive to acquire —hydrogeological infor-
mation will be needed to improve the definition of recharge areas
and to describe the local fluxes in the aquers H ydraullc head data
arqg_nﬂ__qt_s_qff":cwmfp__ﬂlc calibration.of a rquonal,scalc ground
water flow model. The model uncertainty is reduced significantly
(in our case, by an order of magnitude) if measured discharges at
a few key points in the stream system are included in the calibra-
tio __n_data.Usmg a spaually “dense, instead of a sparse set of mea-
sured stream flows for the calibration will only cause a modest
reduction of uncertainty. On the other hand, dense stream flow mea-
surements may reveal model crror (in our case, inaccuracies in the
geological tiodel) which, when corrected, may cause simulations

tothange significantly. =
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Appendix A: Derivation of Covariance of Stream
Flow Gains

A generalized expression from which the stream flow gain
along a strearn course (with index I) can be calculated from the mea-
sured stream flows, Q, is:

Q= 2IQ



¢
Lis 1.forQ, al the downstream'station of the course; -1 for Q, at the
. upstream-stations along the' course;. and 0-for Q; at stations not

located along the course. Thas, for instance. if Q,q and Q5 arethe . =

:.measured flowsat stations 10.and 13 (F:gure 2b), mspectweiy, the
gain.along the: corrcspondmg stream course is:

AQ=0Q~ Q3

If there are tribularies to the stream course we can have more
than one upstream station. In Figure 2b the gain along the course
from the two upstream stations 8 and 602 to the downstream sta-
tion 7 can be calculated as:

AQ=Q7;— Q5 Qu2

More than cne downstream station may also occur if the
stream branches into two or more runs. The covariance between the
gain along two stream courses is:

Cov(AQ,AQ) =E{(S1,Q) (S Q) - EIZ QI E(21Q)
1 } 1 ]

or

Cov(AQ,AQ)) = 221 [E{QQ;) —E(Q;} E{Q)).

If the flow measurements are independent, then:

E{Q Q} -E{Q}E{Q}=0, i#
and

E{QQ} —E(Q}EQ) =0} is]
where o? is the variance of Q,. This means that only measurements
that are shared between the two calculated gains contribute to the
covariance.

For courses that are not overlapping, one measurement is
shared if the two courses are connected, narnely the measurement
at the connecting point. This point is obviously at the downstream
end of the one course and at the upstream end of the other, The
covariance is therefore:

Cov(AQLAQ)) = —o? (AD)

where o2 is the variance of the flow measured at the connecting
point.
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! Abstract
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The Different Characteristics of Aquifer Parameters
~.and Thelr Imphcatlons on

1 pmg-Test Analysis.

by J. J. Jiao and C. Zheng’

The concepts of two-way coordinates and one-way coordinates are used to describe the different characteristics of two Key

.| aquifer parameters, transmissivity and storativity, under constant-rate pumping conditions. A two-way coordinate is such that the
5 conditions at a given location are influenced by changes in conditions on either side of that location; = one-way coordinate is such
| that the conditions at a given location are influenced by changes in conditions on only one side of that location. Resuits from
{i sensitivity analysis indicate that storativity has the characteristics of two-way coordinates, but transmissivity has the characteris-

. tics of one-way coordinates, i.e.,

its information can be transferred mainly from upstream to downstream. An upstream

¢ observation well can produce mformatlon on storativity both upstream and downstream, but it can produce little information on

transmlssmly downstream,

These characteristics of the aquifer parameters have important implications on pumping-test designs and interpretation. For

. example, to estimate the parameters of an anomalous zone in an aquifer, an observation well should be located downstream but

l near the zone. It should not be placed upstream if the parameters downstream are to be estimated. An observation well which can
. prov:de adequate information for estimating storativity may not provide adequate information for estimating transmissivity, and
: ! vice -versa. The aquifer area represented by estimated storativity may be different from that represented by ecnmaled

. transmlssn'lty
n‘i
¢ Introduction

’I The influence of heterogeneities on aquifer parameter esti-

matlon based on pumping tests has received much attention for’

i years. A sensitivity analysis is used as an important approach to
-t understand the behavior of hydraulic parameters in an aquifer
* with zones which have parameters significantly different from
+those of the background aquifer (e.g., McElwee, 1982; Butler,
~l 1988; Butler and McElwee, 1990; Jiao, 1995). The findings about
. the features of these anomalous zones in the context of pumping-
: ! test analyses can be summarized as the following; (1) A parame-
, ter can be best estimated from drawdown-time data when the
| sensitivity of the parameter is not only large but also changing
4 significantly with time; (2) The influence of anomalous zones on
= drawdown during a pumping test lasts only a limited time;
& (3) The influence of a zone less permeable than the background
;; aquifer material is much larger than that of a zone more perme-
- able; and (4) It is easier to estimate transmissivity than storativity
i because transmissivity sensitivity is usually much larger than
1 storativity sensitivity.
-It has been demonstrated that the area represented by the
-+ estimated parameters is much smaller than that covered by the
.| cone of depression (Jiao, 1993). Therefore, after parameters are
estimated, it may be of interest to know what portion of the
‘| aquifer is primarily represented by the estimated parameters,
Before a-pumping test, it may also be necessary to design the
location of an observation well in such a way that the informa-
i -tion on a particular portion of the aquifer can be best obtained.
1 This requires an understanding of the relationships among the
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characteristics of aguifer parameters, flow field, and the spatial
coordinates.

While most studies are concerned with the general features
of the properties of anomalous zones, Oliver (1993) seems to be
the first to concentrate specifically on the different characteristics
of transmissivity and storativity in responsc to pumping. He
concluded, based on a particular case study, that the influence of
storativity is nearly radially symmetric so that the effect of a
low-storativity region is essentially the same in any direction, but
the influence of transmissivity on drawdown at observation wells
is not spatially uniform within that area. This suggests that
storativity and transmissivity have different characteristics related
to spatial coordinates,

An attempt is made in this paper to examine the different
characteristics of transmissivity and storativity under constant-

* rate pumping conditions using numerical simulations. 1'wo con-

cepts, two-way coordinates and one-way ‘coordinates, which
were first used in numerical heat transfer and fluid fiow

" (Patankar, 1980), are introduced 1o understand the character-

istics of these two paramelters. A two-way coordinate is such that
the conditions at a given location are influenced by changes in
conditions on either side of that location; a one-way coordinate
is such that the conditions at a given location are influenced by
changes in conditions on only one side of that location. For>
example, the flow fieid between two rivers provides an example
of two-way coordinates. The head at any given point in the flow
field is influenced by changing the head of either river. Another
example is solute transport. For dispersion-dominated prob-
lems, space coordinates are two-way coordinates, But a space .
coordinate can very nearly become one-way under advection. If
there is a strong unidirectional flow in the coordinate direction,
significant infiuence travels only from upstream to downstream.
Conditions at a point are then affected largely by the upstream
conditions and very little by the downstream ones. Advectionisa



one-way process, but dispersion has two-way influence.” For
advection-dispersion problems-the properties of space coordi-
.nates have the dual propcmes of one~way and 1wo-way coordi-

ates. When the velocity is Jarge,  advection dominatcs over
aispersion and thus makes the space coordinaté nearly ong-way.
.It becomes-necessary. to use special numerical methods such as
upstream-weighted methods and characteristics methods to
account for one-way properties of spatial coordinates in advec-
tion-dominated problems (Jiao and Chen, 1987; Zheng and
Bennett, 1995).

In this paper, the sensitivity features of drawdown to aqui-
fer parameters under constant-rate pumping conditions in one-
dimensional flow systems are first examined to investigate the
different characteristics of transmissivity and storativity. The
influence of the location of an anomalous zone on drawdown in
an observation well is further studied by anaiyzing the sensitivity
features of aquifer parameters in radial one-dimensional flow
systems. Finally, the impact of the characteristics of transmissiv-
ity and storativity on their estimation is demonstrated using a
hypothetical example.

Sensitivity Analysis

A sensitivity analysis is the study of a system’s response to
various disturbances. The response of the aquifer system may be
expressed in terms of drawdown or hydraulic head. Because
pumping-test analysis is of particular concern, drawdown, s, is
used. Mathematically, the sensivitity is the partial derivative of
drawdown with respect to a model parameter, For example, the
sensitivity of drawdown to transmissivity, T, can be defined as:

Ur=—

aT

A disadvantage of the sensitivity defined by equation (1) is that
the magnitude depends on the dimension and unit of the particu-

lar parameter. A normalized sensitivity can be defined as (e.g.,
McElwee, 1987):

)

ds ds

aT  ITIT

The normalized sensitivity describes the influence of ratio
change in a parameter. Thus, normalized sensitivities can be
. readily plotted together and compared. The storativity sensitiv.
ity Us'of ndrmalized storativity sensitivity U’s can be defined in
. the same way. In terms of parameter estimation, the absolute
magnitude of a sensitivity, not its signed value, is of importance.
In the following discussion, when the word “sensitivity” is used,
_ the absolute magnitude of sensitivity is implied,
_ There are three methods for determining sensitivity coeffi-
cients of aquifer parameters: (1) analytical expressions;
. (2) numerical-solution of a partial differential equation; and
. (3) finite-difference approximations {Beck and Arnold, 1977).
. For simple ground-water problems, there are analytical expres-
- sions for parameter sensitivity. When analytical solutions are not
available, numerical solutions can be used to determine sensitiv-
ity. Sensitivity equations can be easily derived from flow equa-
ons and solved by conventional numerical approaches used for
«tow modeling. For instance, sensitivity equations were solved by
Sykes et al. (1985) using the Galerkin finite-element method to
assess the uncertainty of prospective radioactive waste reposi-
tories, Jiao (1993) solved sensitivity equations modified from a
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Downstream

Upstream
location

location

Observation well

Flow direction

Fig. 1. Schemalic representation of an observation well, and the
upstream and downstream locations of an anomalous zone in ozne-
dimensional flow field. (Background aqulfer parameters T'=60m"/d,

S’ =6 X 107’; zone parameters T° = 6 m’/d, S’ = 6 X 107*).

radial numerica! flow model by Rushton and Chan (1976) to
understand the sensitivity features of pumping-test drawdown to
aquifer parameters. However, the easiest and most straight-
forward method is the finite-difference approximation. For
example, by running the flow model twice with two slightly
different values of a parameter, say T, the sensitivity is mmply
given by:

s(T+ AT) — s(T) |
AT

!
Ur = As/AT = 3

I

The approximation becomes increasingly accurate as AT
approaches zero. Jiao (1993) demonstrated that, for radial ﬂow
the sensitivities evaluated from the above approximation am

" virtually identical to those using a numerical solution to th:

corresponding partial differential sensitivity equations. i
In this paper, for sensitivity analysis in simple one-

dimensional flow, the finite-difference approximation is used..

For sensitivity analysis in radial one-dimensional flow, the sensi-
tivity equation meodified from a radial numerical flow mode]
(Jiao, 1993) is used. The details on how sensitivity equations are
derived from flow equations and then solved numerically can be
found elsewhere (e.g., McElwee, 1987, Jiao, 1993).

Characteristics of Aquifer Parameters '
in One-Dimensional Flow i

Consider a semi-infinite aquifer (Figure 1). The left bound‘
aryisa fully penetrating ditch. The parameters of the aquifer are
T'=60m’/d, S'=6X 107, After time t >0, water ls pumped out
irom the ditch at a constant rate q = 0.025 m ’fd. A simple
finite<difference model with space increment Ax= 100 mis used
ta simulate the drawdown in the aquifer. The right boundary is

‘chosen to be at 1000 km so that no drawdown is observed at the

boundary during the pumping period of 100 days. An observa-
tion well is located at x = 900 m. Assume that there is an
anomaious zone of 200 m long which has parameter T= 6 m*/d,
S =6 X 10" and is 300 m from the observation well. The
different influence of this zone on drawdown at the observation
well when the zone is located downstream and upstream of the
well will be investigated. '

Figure 2a shows how the normalized sensitivity of dimen-
sionless drawdown [(2(1r)”2T's)/(q Ax)] to downstream zone
storativity (Sq) and upstream zone storativity {S.) changes with
dimensionless pumping time [T’t/ S’ (Ax)’}. Although the down
stream storativity is always more sensitive than the upstre
storativity, the difference becomes small as pumping continues.

Figure 2b shows how the normalized sensitivity of dimen-.
sionless drawdown to downstream zone transmissivity (Tq) and,



_--:-Table_ 1-
* Data Sets Used for Calibration

. .Hydmulic head daita
‘Hydraulic.head data, and stream flow at main station (1}
Hydraulic head data, dnd stream flow at main station {1) and
two main tributares (stations 6 and 401)
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Hydraulic head data, and I8 stream flow gains
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Figure 6. Parameter estimates and their 95% confidence intervals (case
A-D).

ties Calibration and rcsidual analyses (Cooley and Naff 1990}
flow-gain data. To illustrate the importance of the stream flow
data, we calibrated the model to fit the four data sets (A-D) listed
in Table 1.

Calibration Results -

For the data in Table 1, the estim:ited parameters and their cal-
culated confidence intervals are shown in Figure 6. Residual analy-
ses (Cooley and Naff 1990) showed that there is no significant bias
in the calibrated models, and a hypothesis that the residuals are nor-
maIly dlstnbuted cannot be rejected..’

In case A we used ‘only T hydraulic head data to calibrate the 12
parameters that we initially identified from our geological and
hydrogeological models, i.e., the log,,-values of K,-K;, T,,, KV, and

KST), and the untransformed values of RCH, and RCH,. At this

itage we had not recognized zone 8 (Figure 5) as a separate con-
luctivity zone for the lower aquifer, and it is therefore contained in
‘one 2. Similarly, from our initial geological information we did not
xpect the upper part of Ellerup baek to have different stream bed
‘onductance from that of the other stream courses, so KST, was
ssumed to be effective for all streams.

“All 12 parameters could be estimated by nonlinear regres-
|on whereas there were convergence problems with calculating
1ost ‘'of the confidence limits. To make these calculations con-
2rge we had to manually adjust two parameters (KST), and RCH,
* T,, which are correlated) and let the algorithm estimate the

other 0 parameter values: [t is therefore likely that the calculalcd

.. confidengd jntcrvals are too small. Despite all cffonswithmar =~
. .pa.mﬁTeIEr adjustment, we could not_calculate the-upper o«
- dqnce'hmus for K5 and KST,. -

“In case A, all the estimates fall.within cxpccted rangcs cxccpt
RCH,, which scems to be too small (26 mm/y). However, the con-
fidence interval for RCH, is so wide that the parameter estimate can-
not be postulated to be significantly different from that of RCH,.
The confidence interval for RCH, spans from 40 mm/y to 1432
mmfy, i.e., from a lower value corresponding to the leakage rate
through till in a similar area (e.g., Christensen 1994) to an upper
value about twice as large as the annual precipitation, which is upre-
alistic, Nevertheless this case shows how well (or badly) the
recharge can be estimated from head data. alone. Similarly, Figure 6
shows that the estimated conductivity of the confining layer is
very uncertain. a

The estimated log,q conductivities of the lower aquifer gcncrally

- show higher values for zones with Quaternary melt water deposnsf

(K3, K, and Kg) and loWwer values for the zones with Teruary
limnic deposits (K, K, and K,). However, it was expected that the
conductivity of zane 2, which contains layers of clean quartz sand,
should be higher than the other zones with Tertiary limnic deposits.
Due to the large uncertainty in the estimated recharge and leakage,
the uncertainty of the estimated conductivities as well as of the trans-
missivity in the upper aquifer and of the stream bed conductance
is considerable.

In case B the measured stream flow at the downstream gaug-
ing station was added to the calibration record. As incase A, all 17
parameters could be estimated, but fewer of the confidence int
val cclculations had convergence problems. This was avoided by
manually adjusting one parameter, KST,, and calculating the oth-
ers with the algorithm (as in case A, the intervals calculated partly
by manual iteration may be too small). For the calculation of the
upper confidence limit of KST,; convergence could not be achieved. .

The changes in the estimates from case A to case B (Figure 6)
are not significant if you take the confidence intervals from case A
into consideration, and the ordering of estimated conductivities znd
of estimated recharge remains the same.

The parameter uncertainties are reduced somewhat by also
using information about the efflux from the catchment to calibrate
the model. However, the uncertainties of estimated recharge and con-
fining layer conductivity (and other parameters) are still large.
This indicates that even though the calibrated mode! fits the over-
all ﬂux within the catchment, the prediction of local fluxes is

_.‘—-———_"'"_'—’ —

In case C we increased the number of measured stream flow
gains from one¢ to three in the calibration record. The stream flow
gains are: Gjel baek with tributaries upstream of gauging station 6
(Flgure 2b); Gjern aa with tributaries upstream of station 401; and
Gjern aa with tributaries downstream of stations 6 and 401 (the gains
were calculated from the measured stream flows at stations 1. 6, and
401).

The calculations converged for the parameter estimation as well
as for the calculations of confidence limits. It did not change the esti-
mates significantly, whereas the uncertainty of several of the param-
eters was reduced, This is also the case for the confining layer con-
ductivity, KV, and for the estimated recharge rates, RCH, and
RCH,. The two estimated recharge rates are each within the
expected ranges and they are significantly different: the rate to the
lower aquifer, RCH,, is 289 mm/y; and the rate througi: @l to the
upper aquifer, RCH,, is 99 mm/y (3 X 10-° m/s) whick is not sig-



- nificantly different from the estimated conductivity of the conﬁn—
- ing tili layer (1.7 X 1072 mls) The uncertainty of some of the esti-
--:mated hydraulic conductivifies. is also reduced significantly.

~Inéreasing the-number.of mexsured stream kaw~gamsthu54mprove5 e

‘baek could be estimated. The total number of parameters cslimaled

- in case D thus increased to:14, i.c., the log,, values of K|-Kg, T,,, KV

the model’s abitity to calculate the local fluxes. - e e

In case D the number of stream flow gains used to calibrate the
model was increased to 18; i.e., we used the measured gains
between all the gauging stations (Figure 2b) except at station 411
where the baseflow <1 L/s. Initially we estimated the same 12
parameters as in the previous cases. All calculations of estimates and
confidence limits converged. However, the estimated recharge to
the lower aquifer decreased by more than 100 mm/y compared to
case C, and the calibrated modei still had problems with reproducing
the measured flow in two minor tributaries: at gauging station 001
the calculated flow was 5 L/s against a measured flow of 16 L/s; and
at station 301 the calculated flow was 13 L/s against a measured
value of 8 L/s. Analyscs of the resuits showed that during the
regression the recharge was forced down to an unexpected low level
to compensate for problems with matching the measured low flow
at station 301 (Ellerup baek). This low flow could be reproduced
only if the stream bed conductance upstream of station 301 was
lower than for the rest of the stream system. Finally, the relatively
high flow measured at station 001 could not be reproduced by the
initial zonation of lower aquifer conductivities.

Additional dnllmg to the 1.5 mdepth in the bottorn of Ellerup
baek revealed that the stream bed consists of gravel deposits at the
gauging station (301}, but 200 m upstream it is low-permeable peat,
and 40{) m upstream it is till. This indicated that the stream bed in
the upper part of this tributary is indeed low-permeable. Further, a
re-evaluation of our geological profiles between stream gauging sta-
tions 1 and 2 indicated that the lower aquifer could be missing or
at least be very thin south of this part of Gjern aa. If this observa-
tion was implemented in the model, we expect it would increase the
. seepage of ground water upstream of station 001.

- At this stage, we decided to modify the parameterization of the
model so that a separate hydraulic conductivity for zone 8 (Figure 5)
and a separate stream bed conductivity for the upper part of Elierup
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Figure 7. Observed and predicted (case A-D) stream flow gains. In
some cases the confidence limits can barely be distinguished from
the prediction limits.

KSI55and KST,. and the.untransformed values of RCH! and

it i}{:}ﬁ Analyses of residuals. and-likelihoods showed that this parz.
-meterization produces abetter fit to.the data than the initial one. The ¢

estimates and their ordering are not significantly different from the
previous cases (Figure 6), but the width of most confidence intervals
is considerably reduced. However, the recharge to the lower aquifer,
RCH,, is still uncertain with a confidence interval ranging from 139
mm/y to 292 mm/y. We therefore believe that even though the
uncertainties of the locat fluxes are reduced as compared to the pre-
vious mode! calculations, they may still be significant.”
Prediction of Stream Flow Gains I
Each of the calibrated models (A-D) were used to predict the
19 stream flow gains between the gauging stations. The limits of the
confidence intervals for the predictions were calculated in thy
same way as for the parameter intervals, i.e., by using Equation ;
as the constraint. The limits of the corresponding prediction inter.
vals were calculated similarly by using the constraint t

1 ) b

R i
(n—p) SB)—S®) + & /v, ¢
p S(b)

<diq

. i
instead of Equation 2. In Equation 4, e, is the error of the measurs
flow, v, is the variance of e;, and, for individual intervals, d?,_y
the previously mentioned statistic corrected for intrinsic nonlineariy

The predicted flows and their 95% individual confidence a~ -
prediction intervals are shown in Figure 7. As for the parameter int
vals, in case A and B, and also in a few cases for case C and D, KS:
had to be manually adjusted to make the calculations of the int
val limits converge. The corresponding intervals may therefore
too small.

In case A, all the measured flows fall within the prediction i ma
vals of the predicted flows. The prediction intervals as well as;
confidence intervals are very wide, again a consequence of the Iy
uncertainty related to the estimated recharge and confining layer ¢
ductivity. Even though severa! of the upper interval limits fall
side the range of Figure 7, they are finite and their calculations q
verge and fuifill the above constraints. 1

In case B, one measured flow gain (301) is outsndc the cg
sponding 95% prediction interval. However, it is expected,
one out of 19 measurements will fali outside this i.:erval. Figy
also shows that the use of the overall efflux to calibrate the m
narrows the confidence intervals significantly, but several of §
are still very wide.

In case C, two measurements (301 and 001) fall outside thc]
responding 95% prediction intervals. This is not unlikely as the |
ability that more than one of 19 measurements will fall outsi
95% prediction interval is 24% (test in the binomial distribu,
Figure 7 shows that adding the three stream flow gains to th,
ibration record narrows several of the confidence intervals. |

In case D, with 14 estimated parameters, all measured gai,
within the prediction intervals. The confidence intervals arenar‘
than in the previous cases, but in several cases the unoc.naintyl
significant: for the stream courses with high measured gains (i
5,3, and 1} the uncertainty of the predicted gain (meas_tm;g,
relative difference between the confidence mtcnrallxmn.and_;l
dicted value) is in the range from +10% to 25%, whereas U the’

-



upstream zone transmissivity (T,).changes with dimensidnless
pumping time. The Tq sensitivity increases to a maximum and
then gradually decreases with time, but T. sensitivity increases

. with time during the. whole pumping period. The T sensitivity is

cerang 1 e

- genezally-much Jarger- than Ta-sensitivity except -at-the very -
--beginning of pumping when the aquifer.near the upstream zone

is not yet disturbed.

Comparison of Figures 2a with 2b shows that the difference
between Sq and S, is generally much smaller than that between
Ts and T.. As time increases, the former decreases significantly
and the latter increases. In terms of storativity, the influence of
the upstream and downstream zones on the drawdown in the
observation well is of the same order of magnitude, but, in terms
of transmissivity, the influence of the upstream zone is much
more significant. This indicates that transmissivity has the char-
acteristics of one-way coordinates and storativity has the char-
acteristics of two-way coordinates. These characlenistics become
more obvious as pumping continues.

The different magnitudes of the sensitivity values shown in
Figure 2 have important implication in parameter estimation. It
is much easier to estimate transmissivity of the zone than stora-
tivity because transmissivity sensitivity is much larger than
storativity sensitivity; it is much easter to estimate the upstream
transmissivity of the zone than to estimate the downstream
transmissivity because T, is much larger than Ts. When the
sensitivity of zone storativity approaches a constant as shown in
Figure 2a, essentially no information can be gained about the
storage properties of the zone from the drawdown data. The
same is true for the transmissivity of the downstream zone. More
detailed discussion about these general sensitivity features of
anomalous zones can be found in Butler and McElwee (1990},
Butler and Liu (1993), and Jiao {(1993).
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Fig. 3. Schematic representation of two-zone aquifer in a nilillly
symmetric system.

Characteristics of Aquifer Parameters in Radially -
One-Dimensional Flow Field

Consider a radially symmetric aquifer of two zoncs. The
aquifer configuration, well locations, pumping rate, and
parameters are shown in Figure 3. The aquxfcr is assumed to be
confined and extended to infinity.

Figure 4 shows how the normatlized sensitivities of dimen-
sionless drawdown [(47T2s)/ Q) to S1and T, change with dimen-
sionless time (Tz2t/S,1?), where l is the radius of inner zone. The
general sensitivity features shown in Figure 4 have been dis-
cussed in detail (Jiao, 1993). What is of interest here is the
different characteristics between transmissivity and storativity.
Figure 4a shows that the maximum storativity sensitivity for lhe
weliat 17.8 m is about 17% of that at 4.2 m. However, Figure
shows that the maximum transmissivity sensitivity at 17.8
only about 3% of that at 4.2 m. This indicates that an upstrr:
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Fig. 4. Change of normalized sensitivities of dimensionleas draw-
downs [(4rrT;s)/ Q] in inner and outer zones to (a) storatlvity, and
(b) transmlss:v:ty of inner zone with dimensionless time (T: t/S;l:)
(T) = 600 m’/d, S$; = 1 X 107, T = 900 m*/d, S; = 2 X 107).



estimate downstrcam transmissivity. Storativity reflects the

aquifer’s ability, to release water; it has. the characteristics of .
two-way coordinates. .It.depends-on both, the.upstream and ..

.- downstream portions of the location where it is “sampled” and -
.+ »can -bevestimmated by -drawdowns -both-.upstream and down-
stream. The estimate of Si.from the drawdown in Zone 2 is

erroneous because, in.the radial flow model, the sensitivity of .

 drawdown in Zone 2 to storativity is very small due to the
distance from O2 to"Zone 1. However, the reason for the er-
roneously estimated T\ by drawdown in Zone 2 seems deeply
rooted in the characteristics of the parameter. Transmissivity
reflects the aquifer’s ability to transmit water; it has the property
of one-way coordinates. Information on transmissivity can be
transferred mainly from upstream to downstream. The informa-
tion on the transmissivity of the downstream portion of an
aquifer cannot be well reflected by the drawdown in the
upstream portion aquifer,

This example also shows that parameters estimated from an
observation well very near the pumping well can represent the
flow properties of both the aquifer portion near the pumping
well'and the portion in 1 the distance. Parameters cstimated from
an observation well at distance will, however, represent mainly
the flow property of the aquifer between the location of the
observation well and the distant portion of the aquifer which is
influenced by the pumping. Similar conclusions were also
réached by Butler and Liu (1993).

Summary and Discussion

The different characteristics of transmissivity and storativ-
ity under constant-rate pumping conditions have been examined
and the influence of these characteristics on parameter estima-
tion investigated using a hypothetical example. The results show
that_transmissivity has the charactenstics of one-way_coordi-
nates and storatwuy has the char characteristics of two-way coordi-

{nates. Information on transmissivity is transfcrred mainly from
l__ upstream to downstream. More specific conclusions can be pre- |

'sented as: (1) Sensitivity behavior of storalivity is significantly :

influenced by local flow properties, but that of transmissivity is
controlled mainly by the general flow properties of the flow field;
(2) Drawdown in an observation well is more sensitive to the
storativity of adownstream zone than that of an upstream zone,
but the difference is not significant; (3) Drawdown in an observa-
tion well is more sensitive to tliz transmissivity of an upstream
zone than that of a downstrearn zone and the difference is very
significant, The sensitivity of drawdown to transmissivity of a
downstream zone is characterized by a small positive value over a
limited time period.

The above conclusions have implications in pumping-test
design and parameter estimation in nonuniform aquifers. In
order to estimate the parameters of a zone and the background
aquifer, an observauon well should be located downstream but

“n€ar to the zone. It should not be placed upstream if the parame-
ters downstream are to be estimated. An upstream well can
preduce information of storativity of both upstream and down-
stream, but it cannot produce much information about the
transmissivity downstream. Because of the different character-
istics between transmissivity and storativity of a nonuniform
aquifer, a well may provide adequate information for storativity
estimation, but may not provide adequate information for
transmissivity estimation. The aquifer a sented b
mated storativity may be different from that represented by

cslimated transmissivily cven when both are estimated from the

same data Estimated storativity may reflect the features of the
aqutf,t:r_dmvnstrcam more than that of the aquifer upstream; but

o - the csnmaled Lransmissivity meay.répresent. mamly the fcaturcs of

lhc__qu:l'cr upstream. ... .- -

In thispaper, examplcs are hm:tcd to confined aquifers, bul
the general conclusions may be true for unconfined aquifers with
thickness significantly larger than drawdown. The discussion on
the characteristics of aquifer parameters is based on constant-
tate pumping conditions in one-dimensional flow systems. The
characteristics of aquifer parameters under more general condi-
tions, such as regional two-dimensional flow fields, may be
different and is a topic for further investigation.

Acknowledgment

The authors would also like to thank A.L.H. Gameson for

his review and constructive criticism of the carlier draft of this
paper and the three anonymous reviewers for their many valu-
able comments. This work is supported in part by a grant from
the School of Mines and Energy Department (SOMED) at the
University of Alabama.

References

Beck,J. V. and K. J. Arnold. 1977. Parameter Estimation in Engineer-
ing and Science. John-Wiley, New York.

Butler, J. J. 1988. Pumping tests in nonuniform aquifers: The radially
symmetric case, J. Hydrol. v. 101, no. 1/4, pp. 15-30.

Butler, J. J. and W. Liu. 1993. Pumping tests in nonuniform aquifer;
The radially asymmetric case. Water Resour. Res. v. 29, no. 2,
pp. 259-269.

Butler,J. J. and C. D. McElwee. 1990. Variable-rate pumping tests for
radially symmetric nonuniform aquifers. Water Resour. Res,
v. 26, no. 2, pp. 291-306.

Jiao, J. J. 1993. Sensitivity features of aquifer parameters and their
implications on parameter estimation. Ph.D, thesis, School of
Civil Engineering, Birmingham Univ., UK.

Jiao, J. J. 1995, Sensitivity analysis of pumping tests in non-uniform
aquifers. Hydrological Sciences Journal. v. 40, no. 6 (in press),

Jiao, J. J. and Z. Chen. 1987. An improved characteristic-rectangular
finite element method in the solution of two-dimensional water-
quality model] transport problems. Selected Papers of Hydro-
geology and Engineering Geology. no. 6 (in Chinese), pp. 13-24,

Knopman, D. S. and C. L. Voss. 1987. Behavior of sensitivities in the
ane-dimensional advection-dispersion cquation: implications
for parameter estimation and sampling design. Water Resour.
Res. v, 23, no. 2, pp. 253-272,
McElwee, C. D. 1982, Sensitivity analysis and the ground-water
inverse problem. Ground Water. v, 20, no, 6, pp. 723-735.
McElwee, C. D. 1987. Scnsmvuy analysis of groundwater models. In:
Advances in Transport Phenomena in Porous Media, ed. by
J. Bear and M. Y. Corapcioglu. NATO Adv. Study Inst. Ser.
Ser. E, v. 128, pp. 751-817.

Oliver, D. S. 1993, The influence of nonuniform transmissivity and
storativity on drawdown, Water Resour, Res. v. 29, no. 1, pp.

169-178.
Patankar, S. V. 1980. Numerical Heat Transfer and Flu1d Flow.
McGraw-Hill.

Rushton, K. R. and Y. K. Chan. 1976. A numerical model for pumping
test analysis. Proc, Instn. Civ. Engrs. Part 2, v, 61, pp. 281-296.

Sykes, J. F., J. L. Wilson, and R. W. Andrews. 1985. Sensitivity
analysis for steady-state groundwater flow using adjoin opera-
tors, Water Resour. Res. v. 21, no. 3, pp. 359-371.

Yeh, W.W-G. and N. Z. Sun. I1985. An extended identifiability in
aquifer parameter identification and optimal pumping test
design. Water Resour. Res. v. 20, no. 12, pp. 1837-1847.

Zheng, C. and G. D. Bennett. 1995. Applied Contaminant Transport
Modeling: Theory and Practice. Van Nostrand Reinhold, New
York. 440 pp.



B '-"“"'-"j“,‘ \3%5
Lot AR e Bk

] -J ..
N o i e b s o

o A% _“.: &:::.d;.- ﬂ'-i“' N X
N L M {
FACULTAD DIE (NGENIEILTA . N_ A M. -
DIVISION DE EDUCACION CONTINUA

froouth
£y 4
AL B

SN 17 EH

CURSOS ABIERTOS

XI CURSO INTERNACIONAL DE CONTAMINACION DE ACUIFEROS

MODULO Il

SIMULACION DE MODELOS EN GEOHIDROLOGIA Y.
CONTAMINACION DE ACUIFEROS

TEMA:

SALT WATER INTRUSION IN THE COSTA DE HERMOSILLO, MEXICO: A
NUMERICAL ANALYSIS OF WATER MANAGEMENT PROPOSALS

DR. ADOLFO CHAVEZ RODRIGUEZ
PALACIO DE MINERIA
OCTUBRE 1999

Palacio de Minerla Calle de Tacuba 5 Primer piso Deleg. Cvauhtémoc 06000 Mexico, D.F. tel.: 521-40-20 Apdo. Postal M-2285



3 “'“'de

Salt Warer Intrusmn in:the. C
Hermosﬂlo, Mexico: A’ Numencal Analy51s

of Water Management Proposals

ty Robert W. _Andrews‘

ABSTRACT

As a result of anthropogenic discharges of ground
‘water far exceeding natural recharge, the Costa de
fermosillo aquifer is being actively intruded by salt water.
Because this aquifer is utilized as the sole source of
migation water for onc of Mexico's principal agricultural
districts, the application of any future management scheme

.o control this intrusion must be closely evaluated prior to
.mplementation. A hydrologic and water qualiry simulation
mode! is applicd to the Costa de Hermosillo aquifer to

asess the areal and temporal variations in head, velocity,
mnd concentration as a result of changes in the present

discharge distribution. The known hydrologic conditions
are reproduced as a means of calibrating the model. Only

"qualitative statements on the future behavior of the aquifer
:are possible due to the uncertainty of the magnitude of

inrious aquifer parameters and initial conditions. The model
rmployed in this study is found to be a useful tcchnlquc
ifor the analysis of the effects of the proposed pumping

" resses.

I
i
I

INTRODUCTION
Salt-water intrusion into coastal aquifers has
.been the focus of a considerable research effort.

.The interest in and study of this problcm has been
.necessitated by the increased demands placed on
_subsurface-water supplies in large metropolitan areas
‘and irrigation projects which border many of the
‘coastal regions around the world. If the water

|
I
C
.‘

|

\

1
|

tesources within these coastal areas are to be
:dcquatcly managed, it is necessary to bc able 1o

*Department of Geology and Geophysics, University
of Connecticut, Storrs, Connecticut 06268 (currently with
VINTERA Environmental Consultants, Inc., 11999 Katy
Freeway, Houston, Texas 77079).

Discussion open until May 1, 1982,

predict the salinity changes to be expected within
the aquifer given any proposed discharge scheme.
Reviews of salt-water intrusion occurrences and
the effectiveness of current control efforts are
given by Newport (1975) and Kashef (1977).

Means of quantifying salt-water intrusion have
been undertaken by numerous researchers. Early
studies generally assumed that a discrete interface
separated the two immiscible fluids. Analytical
expressions of this interface, such as the Ghyben-
Herzberg relationship, were utilized to define the
position of this boundary. Bear (1979) summarizes
the existing analytical methods used to assess
steady state and transient sharp interface locations
within the vertical plane. Subsequent investigators,
however, have described the existence of a
dispersion zone in which the salt water mixes with
fresh water. A steady-state solution of the
concentration distribution in the vertical plane
incorporating the effects of dispersion is dlscusscd
by Henry (1960). ot

Several numerical solution schemes have been
aj-plied to the evaluation of salt transport in coastal
aquifers. The models generated for application to
salt-water intrusion may be classified according to
whether a sharp or dispersed interface is assumed,
an areal or vertical cross-sectional plane through
the aquifer is considered, transient or steady-state
equations are used to describe the fluid flow and
mass transport, and finite elements or finite
differences are employed in the spatial
discretizations.

Numerical approximations of dispersed
intrusion zones have most commonly been
conducted within the vertical plane. Using the
method of characteristics, Pinder and Cooper
(1970) solved for the transient position of the

.



. :salt-water front, including the effects of dispersion. - discharge areas have on the areal salt dlstnbunnn
.. Lee and Cheng (1974) employed the finite element . wh:ch must.be considered.

:,». mcthod to evaluate the.steady-state chloride . . . - 7ﬂ£crcforc a.need.exists:for-a- model which"
.-,.“ dlsmbunon in-coastal; aqulftrs .Trans:cntslmulanons ca;f:fbcmtdlzcd :ta.solve.the::areal: ﬂowand.tmas;uul ot
+.of the dispersion:zone;using thefinite element.. . . -..:1-equationsimorder.torassessareal sattintrusioninto -
- vmethod are presented by Segol and Pinder (1976) s e .coasfal.aquifcrs subject to ground-water withdrawah.
A considerable amount of work has been -It is this type of model which is developed in the
undertaken recently to evaluate the areal intrusion present investigation and applied to simulate the
1 of salt water. Without exception, the techniques salt-water intrusion within the Costa de Hermosillo
employed have assumed the dispersive effects to aquifer in Sonora, Mexico. While perhaps not
be negligible. VandenBerg (1974) approximated the suitable for all field areas and more pronc to
position of the interface by displacing a set of numerical instabilites, it is felt that such a model
traveling points located on the interface. Several can be of use in the study of areal intrusion whea
investigators have determined the sharp interface the dispersion zone cannot be ignored.
position within the areal plane by solving the . _
vertically integrated areal flow equations in both RELEVANT EQUATIONS/SOLUTION ROUTINE =~ ™
the fresh-water and salt-water regions, using the As the development of the appropriate partial
constraint that the fluid pressures across the - differential equations describing unconfined
interface are equal. This has been accomplished ground-water flow and the transport of conscrvative
using finite differences (Bonnet and Sauty, 1975; chemical species in porous media have been reported
Mercer et al., 1980) and finite elements (Pinder thoroughly in the littrature (see Bear, 1979; Konikow
and Page, 1977 Sa da Costa and Wilson, 1979). and Grove, 1977; among others), their generation
The justification each of the above will not be reiterated. The relevant equations for
rescarchers employ for the assumption of a sharp areal flow of ground water and mass transport arc
interface is that the transition zone between the respectively
fresh water and salt water is narrow in comparison S oh . ﬁg +W=0 M
to the extent of the ground-water system. Although _ Y at  ax " ~

this assumption certainly eases the numerical

difficulties inherent in solving the mass transport and
equation and is indeed appropriate for many field _ac 3 (8C)
occurrences of salt-water intrusion, it does not —_ leDaﬂ R (h) —] “9a ;" g(h)y——=1 .
hold in all cases. If the dispersion zone is extensive, &t
as it is in the case of the Biscayne aquiferof . ()
southeastern Florida (Kohout, 1964), then itis ‘ where
necessary o take into account the dispersion S,  specific yield, dimensionless;
process in the analysis of salt-water intrusion. ‘

Numernus codes have the capability of h  hydraulic head, m;

solving the areal flow and transport equations,
incorporating the effects of dispersion, for
-evalnating salt-water intrusion {(including, but not
limited to, Segol et al., 1975; INTERCOMP, 1976; W rate of recharge or discharge, m/s;
and-Konikow and Bredehoeft, 1978). An examina- - o
tion of the literature to date reveals, however, that

none of these solution routines have been utilized Dgg macroscopic hydrodynamic dispersion
for the specific problem of assessing areal salt coefficient, m?/s;

transport in coastal aquifers subject to ground-water
pumpage. As discussed above, only flow and
transport in the vertical plane adjacent to coasts C  concentration of conservative ion, mg/l,
have been simulated. This is unfortunate in light '
of the fact that in most occurrences of salt-water

qq specific discharge through the entire saturated
thickness_of the aquifer, m?/s;

porosity, dimensionless;

% (h) saturated thickness of the aquifer, m;

a,B indices describing spatial directions.

intrusion it is the areal extent of intrusion which It should be noted that the above form of the mass
is of greatest interest to the planner charged with transport equation assumes the concentration of
protecting the ground-water resource. Itisthe areal ~  the source/sink fluid is the same as the average

distribution of wells and the influence these concentration of the fluid within the aquifer at the



nchargcld:schargc point.’ }f this were not the case , 3N dN;
k then.a source term would beirequired in the ' b,, =~f J Kﬂﬂg (h) P -_ﬂ dA (5b)
i formulationsiIn’the presentistudy-the spcaf c yneld o . IR

t"‘

‘ﬁnd:porosntyarmssumcﬂ‘tobtr ivademt: - LT s : FN X L R
7» 1" The decoupled form of:the ?l‘:)w and’transport | = ._..-A,-jJ‘WN dA N 5 « (h)- 456)
equ:mons ns is utilized in this study. Thisis a conse- | . 4
ence of the fact that arameters ars averaged ] '
g:r'cr the vertical dimension and the Dupuit mij = [/62(h) N'Nj dA (62)
approximation is assumed to be applicable. This aN:
dlows the utilization of the hydraulic head form of = 1ij=JJ [8Dgg ey - By gy Nijda (b
the flow equation rather than the fluid pressure xa xp axg
form. Density dependent flows due to concentra- aC
tion gradients, which are important in many ri = SNi®Dqg 2(h) n ds (6¢)
simulations conducted in the vertical plane, are not
sgnificant when considering areal transport. where N; and N; are the coordinate or basis
The specific discharge vector is related to the functions. The surface integrals of equations
bydraulic head by the Dupuit approximation of (5¢) and (6c) result from application of Green’s
Darcy’s law theorem to the terms containing second order
derivatives. They correspond to specified fluid flow
Qo = Ovg £ (h) =— Kap 2 (h) ah (3) and mass flux, respectively, across the aquifer
- axg boundaries. These integrals need be evaluated only
. if Neumann boundary conditions are specified.
where vy is the seepage velocity (m/s), and Kag is After application of the boundary conditions and
the hydraulic conductivity tensor (m/s). incorporation of an implicit finite difference
Assuming the molecular diffusion is negligible, approximation for the temporal derivative, the
the macroscopic dispersion tensor for isotropic resultant linear systems of equations are solved by
porous media may be represented a Gaussian elimination routine.

Dap = a1 1v18ag + (ap — ap)vavg/ Ivi  (4)
o = a1 1V10ap T 1AL T A1) Va VP NUMERICAL INSTABILITIES

2% the average scepage Numerical .squtions of the copvectivc- .
dispersive equation commonly exhibit instabilities.
These instabilities are characterized by either
oscillations in the concentration distribution as a
sharp front is approached or numerical dispersion
which tends to smear the concentration front. The
difficulties are intensified when convective transport
dominates over dispersive transport. Additionally,
when a discrete model is utilized to approximate
ipplication to the above equations are available in- any transport system, the velocity distribution will |
numerous manuscripts (see Connor and Brebbia, not be continuous. In finite clcmcn.t .dlscrenzatlons
1976; Pinder and Gray, 1977; Grove, 1977), only _. thisresults from the fact that velocities are

the final matrix equations are presented below. The generated for each element separately, causing
systems of equations to be solved are interelement values at the same nodc to be

nonuniform. {
(A] { } + B] {h} {F} - (5) Numerical instabilities were not fOt‘l:lgﬂ to the
present investigation, particularly oscillations in the
vicinity of the front, and various techniques were
employed to minimize these difficulties. These
} [N] {C } - {R} 6) methods are summarizcc! below. This discussion by
no means covers all possible means suggested to
reduce numerical errors, as a considerable volume
of research has been conducted in this field, butit
; dots seek to enumerate those utilized at one time
ajj = [fSy NiN; dA (52)  or another during the present study.

where 1vl = (vo® + vg
velocity; 8ap is the Kronecker delta; and
3, and at are the longitudinal and transverse dis-
persivities (m), respectively (Bear, 1979, p. 234).
The numerical method chosen to generate
pproximating equations to the ground-water flow
ind mass transport equations is that of the Galerkin
weighted-residual finite element technique. Because
detailed descriptions of this method and its

and

[M] {

where the components in the coefficient matrices
e



_ evaluates the integrals at the nodes themselves
- resulting in the diagonal.time. matrix. Such 2
AR d:agohaﬁ'zmon procedure when applied to linear
:,dr.mems.ls easily-incorporated.into-the computer
"’:’COdi:’ by:replacing therconsistenttime matrix with

. ... -Several techniques have been suggested'to -
-;minimize discontinuousvelocities. Segol et al. .
¢:(1975) solved.the flow-equation for the areal
4 ,,r:omponcnts of thevelocity-vector.simultaneously -
smwith.the-head;although:at the-expense-of: m:ncascd

o :computatnonal storage requirements and costs. - - . -

Utilizing the cquwa]cncc between the discontinuous
velocities generated in flow problems and discon-
‘tinuous stresses common in clasticity problems,
local or global least squares smoothing routines
similar to those used by Hinton and Campbell

(1974) or Hinton et al. (1975) also may be employed

to reduce these errors. Although these methods
were applied to the present simulation, they did
not reduce the numerical oscillations present in
the solution.

Varied efforts have been proposed to reduce
the effects of numerical oscillations and dispersion
generated in simulating the transport equation. It

is apparent that any reduction in mesh size (whether

spatial or temporal) should improve the solution,
although the increased costs of such alterations
often prohibit as fine a discretization as is necessary
(or desirable) for the problem at hand. Several
methods are based on improved approximations of
the temporal derivative such as using an arbitrary
time increment or higher order finite difference
approximations. Once again, these did not dampen
the oscillations observed in the present study.

A technique which effectively reduces the
oscillations generated when simulating convective
. dominant transport is to employ upwind weighting
functions in the weighted residual formulation
(Heinrich et al., 1977). This technique has its roots
in the backward (upwind or upstream} difference
approximations of the convective terms utilized in
finite diffzrence approximations (Spalding, 1972).
Recent extensions of the original steady-state
upwind weighting scheme to transient problems
have been discussed by Huyakorn and Nilkuha
(1979), Gureghian et al. (1980), and Yeh and Ward
(1981). Although this method appears to offer
some advantages over conventional Galerkin
weighting functions for convective dominant
transport simulations, it was found to be ineffective
in eliminating the oscillations which were prevalent
in the current application.

In an attempt to eliminate numerical oscilla-

tions contributed by the temporal derivative, several

investigators have suggested the diagonalization of
the time matrix in the finite element approximation
([M] in equation 6). Instead of integrating the
consistent time matrix by Gaussian quadrature
yielding a symmetric banded matrix, this approach

~.- a lumped matrix, where the coefficients of the

lumped matrix are evaluated by placing the sum
of the columns of the consistent matrix along the
diagonal and setting all off-diagonal terms to zero.
Discussions of this method may be found in
Hinton et al. (1976) and Neuman and Narasimhan
(1977). In order to obtain stable results in the
simulation of salt transport in the Costa de
Hermosillo aquifer, the time matrix had to be
diagonalized. This technique effectively
eliminated the undershoot problem (large negative
concentrations adjacent to the coast) which exisied
when the consistent time matrix was employed.

Although application of lumped time matrices
to the finite element solution of the transport
equation have been successfully performed by
Gureghian et al. (1980) and Yeh and Ward (1981),
some controversy exists surrounding the utilization
of this method. Several authors have suggested
(Gresho et al., 1978; Huyakorn and Nilkuha, 1979)
that lumping the mass matrix actually degrades
the accuracy of the numerical method by generaring
excessive numerical dispersion. In order to ascertain
whether the concerns expressed by the above
researchers would be detrimental in the current
simulation, several one-dimensional transport
simulations were conducted. Using similar Courant
(v 5t/6x) and Peclet numbers (v §x/D) as employed
in the ficld problem (approximately 0.03 and 20,
respectively), it was found that the only way to
successfully eliminate the large oscillations down-
gradient from the intruding front was to lump the
time matrix (Andrews, 1979). Although a slight
increase in numerical dispersion was observed when
using the lumped time matrix, this increase was
determined to be acceptable given the goal to

“climinate the oscillations.

In summary, a considerable amount of
controversy exists as to the effectiveness of
upwind weighting functions and/or diagonalization
of the time matrix as means to reduce numerical
instabilities inherent in solving convective dominant
mass transport using the finite element method. It
appears that both methods introduce some
numerical dispersion into the solution while
decreasing the oscillations. The evidence for or
against each method is not compelling enough
at this point to warrant complete acceptance or
rejection of either solution scheme. More work
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is needed to delineate when the application of each
method is the most beneficial. It is not the purpose
of this paper to offer a definitive comparison
between the two methods. Suffice it to say that
both were employed in the present study, and
although diagonalization of the time matrix was
necessary to eliminate the large oscillations in the
chloride distribution observed in the present problem
(manifesting itself with large negative concentrations
adjacent to the coast), both should be mvcsngated
for subscqucnt applications.

FIELD AREA

The area chosen for this study on the use of
numerical modeling to analyze various management
proposals applied to a coastal aquifer is the Costa
de Hermosillo irrigation district (Figure 1). The
district lies adjacent to the Gulf of California in the
State of Sonora, Mexico. The entire district
comptises an area of approximately 7500 square
kilometers of which about 1200 square kilometers
are presently being cultivated.

The geology of the Hermosillo area consists of



. ... Late Mesozoic fine-grained clastics and interbedded ' * -
.. -2 volcanics cut by Early Tertiary granitic to grano- .
. .. . dioritic intrusives.and overlain by rhyolite flows,
g -~z pyroclastics; and;ignimbrites. Thisthasement
' wozcomnplexisiblanketedsby:a-thick sequence of
. - interbedded silts; sands, and gravels ranging in age
from Miocene to Recent which were generally "
deposited as coalescing alluvial fans along numerous
northwest-southeast-trending normal faults. It is
this deposit of granular material which constitutes
the unconfined Hermosillo aquifer. Underlying the
coarser material, at depths ranging from 150 to
300 m, is a thick marine clay (Jimenez, 1965)
which is assumed to behave as an aquiclude.
Considering the paucity of rainfall (averaging
20 cm per year), and the lack of adequate surface-
water supplies in the Costa de Hermosillo, it has

—

of ground water for the extensive irrigation needs
of the district. The total discharge from the aquifer
increased steadily following the emplacement of the
first wells in 1945, and for the past 25 years has !

. varied between 760 X 10° and 1140 X 10° m*/yr Fig. 2. Observed 1854 potentiometric surface. Elevations
from about 484 production wells. in meters above mean sea level.

Annual recharge to the Hermosillo aquifer is
estimated to range from 250 X 10° t0 350X 10* m®
(Matlock et al., 1966). This recharge is divided
about evenly between precipitation, irrigation return
flows, and underflows from the Rios Sonora and
Bacavachi. This is based on the assumption that
approximately 10% of the applied water from
irrigation and rainfall recharges the aquifer, the
rest being lost to evaporation and transpiration.
Recharge is incorporated in the present model by
applying the annual contribution due to areal
precipitation and irrigation return flows to
appropriate interior nodes while specifying a
constant recharge at boundary nodes adjacent to
the Rios Sonora and Bacavachi.

The excess withdrawals over recharge have
created overdrafts from the Hermosillo aquifer
ranging from 450 X 10® to 900 X 10¢ m®/yr since
1954, As a result, water-table declines of up to
40 m were gencrated in interior regions of the
district by 1973 (Cummings, 1974). Observed
piczometric surfaces during the early phases of
ground-water development (1954) and after 16 years
of intense discharge (1970) are illustrated in
Figures 2 and 3, respectively.

By lowering the piezometric surface below
sea level, the natural hydraulic gradicnt@

[ the coast hmﬁrea.‘l .
This reversal has enhanced the Tandward migration Fig. 3. Observed 1970 potentiometric surface. Elevations
of salt, as is seen in the temporal variation of the in meters above mean sea level.

4



. present study the initial (pre-pumping) trans-
feetmtso.c o e oo 0 2 omissivity-was.assumed to be 0.1 m?*/s within the
- wEorone s cinterior regionssThe areas.encompassed by the - . -
LoD e asburiedallugatvalleyssweresassigned aransmissivities -
o et e M b 0:12unispwhileravalue «of:0:06:m?/s-was:applied
- e o torthefiner-grained sediments in the coastal zones, -
~The aquifer was assumed to be isotropic. Specific
- yield values ranging from 0.08 (Cruickshank and
Chavez-Guillen, 1969) to 0.1 (Matlock et al.,
1966) to 0.15 (Domenico et al., 1974) have been
proposed for the Hermosillo aquifer. In the present
study the specific yield and porosity were assumed
to be equivalent and equal to 0.15, except in the .
major intrusion zones where they were reduced to ‘S "X -

0.06 in order to successfully recapitulate the

8% 3 ' ?wﬂid_c distributions. Longitudinal and
~{ N ansverse dispersivities of 100 meters and 30 meters

£ 1970 respectively were utilized in the transport simulation.
1871 Varying the dispersivity did not affect the simulated
3 072 0 to 30 results to any significant degree (Andrews, 1979).
D 1973 . Y All boundaries of the Cdsta de Hermosillo

f - aquifer were treated as cither constant potential

Fig. 4. Total dissolved solids for the years 1970 through (Dirichlet) or constant flux (Neumann) type

1973. Areas with greater than 525 mg/l total dissolved

solids are depicted. boundaries. The coastal boundary nodes in the -

simulation of the head distribution were assigned U'T‘
a constant head of 0.0 m, while all other boundary

nodes were treated as Neumann type (3h/an = 0).

total dissolved solids from 1970 to 1973 (Figure 4). Although the latter no-flow boundary may not be

It is generally believed that the two major intrusion strictly correct, except to the south where the study

tones within the aquifer represent buried alluvial area is bounded by intrusive rock units, it was

channels which act as conduits for the intruding felt to be adequate as these boundaries are well

salt water (Domenico et al., 1974). Although no removed from the central discharge region, and

wells exist within 10 kilometers of the coast, hence do not affect the solution in this region. For

total dissolved solids concentrations in excess of the solution of the mass transport equation a

1200 mg/l and chloride concentrations greater constant chloride concentration of 19,000 mg/l,

than 400 mg/l have been observed in several wells the chloride concentration of sea water, was

within the major intrusion zones. These wells fully asmic along the coast. All other

pepetrate the aquifer and are well mixed, thus boundaries are represented by Neumann no-flow

giving an average concentration at the point of conditions (3C/dn = 0) which arc appropriate as long

extraction. The background chloridé concentration as the flow is parallel to the bou:idary or the

in this area is about 20 mg/l. ' boundary is far enough removed from the area
Prior to applying the numerical procedure encompassed by the intruding szt

discussed above to the Costa de Hermosillo aquifer Although recorded water-table elevations

itis necessary to first define the relevant aquifer were available from data compiled by SRH

propertics as well as the initial and boundary - - (Figure 2), the lack of data available within

conditions. Based on a number of studies conducted  approximately 10 km of the coast and the

by the Secretaria de Recursos Hidraulicos (SRH) temporal lag prior to the collection of concen-

and others, a considerable amount is known about tration data (which commenced in 1964)

the nature and extent of the Hermosillo aquifer. precluded the existence of information regarding

The initial saturated thickness of the aquifer the initial areal extent of salt in the Costa de

averages approximately 150 m. Based on aquifer Hermosillo aquifer. Several methods were

tests performed by the SRH, the transmissivity considered in the current study for the determina-

was found to vary between 0.05 and 0.12 m%/s tion of the initial chloride distribution. One

(Cruickshank and Chavez-Guillen, 1969). In the possibility was to model the steady-state chloride

1



.- +relative percent of the saturated aquifer containing
-, ...}~ 1+ -salt and fresh water. Although this technique may
.. -}~ runoggield:the exact initial chloride distribution'in

- 1. )-..xthesHeamosilla aquifer,it.is felt.to-be.a:reasonable - ™~

;] suzapproximation. . ' .
. -~.—-=:The finite element discretizations applied to

- the Costa de Hermosillo aquifer are shown in
Figures 5 and 6 for the head and concentration
simulations, respectfully. A much finer mesh is
utilized in the concentration simulations in order
to reduce the numerical instabilities generated in
solving the convective-dispersive equation. Heads
generated in the flow simulations are extrapolated
to the finer concentration mesh prior to the
solution of the nodal specific discharge vectors. It

I N
Fig. 5. Finite element mesh used in head simulations.

distribution in the vertical plane (sec Segol and S 3 0% o v e -
Pinder, 1976) and to subsequently average the Steseumtn
concentration over the depth. Stable results were

not attainable using this method due to the Jarge :

aspect ratio required for the simulations in the J{t‘m{‘:&“\“‘&
vertical plane and the extremely low hydraulic “:it\\\\\\:‘\m\\‘
gradients within the Hermosillo aquifer. Another =< \‘\“\\ ' i

possible means of calculating the steady-state
areal or vertical concentration distribution is to
assume hydrostatic conditions and employ the
Ghyben-Herzberg relationship. Assuming no ' ' '
diffusion zone and a salt-water density of 1.025
gm/cm?, the use of the Ghyben-Herzberg

formula would place:the pre-pumping interface :
further inland than the observed data warrant. A
third method is to evaluat: the depth to the
stationary interface as a parabolic function of
distance inland from the coast (Glover, 1959; oY
Bear, 1979, pp. 393-396). This means of deter-
mining the stcady-state concentration distribution
is appealing because it resembles several observed
steady interfaces as well as some numerical

fE
bt
11
114

approximations to interface problems (e:g., Sa da o 10 20

Costa and Wilson, 1979, p. 159). This latter ) i —

method was employed in the present study by KM

first defining the position of the steady-state sharp

interface and then averaging the chloride Fig. 6. Finite element meshes used in concentration

concentration over the depth by determining the simulations.



Fig. 7. Observed (dashed) and simulated (sclid} 1970
potentiometric surface. Elevations in meters above mean
sea level.

‘should be noted that the concentration mesh
.refinement does not generate a more exact
velocity distribution, but decreases the errors
" sssociated with trying to fit a relatively sharp
interface through widely-spaced nodal points. The
“use of two separate meshes in the concentration
“simulations was for purposes of convenience. A
total of 167 nodes are used in the head simulations,
while 358 nodes are utilized in the northern
concentration mesh and 326 nodes are employed in
the scrithern concentration mesh.
_ Recap:tulatlon of the observed head and
toncentration distributions over a period of known
- ground-watier discharges is a prerequisite to any
_ model which is to be used for the evaluation of
future discharge schemes. Starting with the known
.nitial piezometric surface (Figure 2) and the
pumping rates from 1954 to 1970, the model
“discussed above is seen to generate a head
.distribution which closely approximates the
‘observed 1970 piezometric surface (Figure 7). At
:no node is there a greater than 5 m difference
‘between the simulated and observed heads. Although
the simulated match on the western fringe of the
.!ccntral discharge region could have been improved
.by increasing the specific yield in this area, this

~modification would not have allowed a successful
-~ rccapltulano_n of the concentration distribution.
=+ . Recapitelation of the known concentration

4 *dlsmbutlon poscd several-problems.. The lack of -

Any,rccordcd “initial-zoncentrationdistribution,

=~ -the'paucity of data available within-about 10 km

of the coast, and the temporal variability in the
chloride concentrations observed at many of the
wells all contributed to the uncertainty involved
in the recapitulation of the chloride distribution.
In spite of these limitations, it was possible to
generate a chioride distribution which closely
approximated the 1970 observed distribution
(Figure 8). In so doing, a low porosity and specific
yield (averaging 0.06) had to be incorporated in
the major intrusion zones. The high chioride
concentrations observed in the northern fringe of

- the study area were not reproducible in any of the
concentration recapitulations. Examining the head
distribution in this area it is apparent that the
hydraulic gradients and hence convective fluxes
are small in comparison with the rest of the region.
The poor quality water in this area appears to be
not the result of salt-water intrusion, but instead is
probably due to high chloride indigenous ground
waters which may be the result of a buried Plio-
Pleistocene playa deposit.

1

Fig. 8. Observed (dashed) and simulated (solid)} 1970
chloride distributions. Contours represent the 100 mg/l
isochlor.




EVALUATION OF MANAGEMENT PROPOSALS .
-. Several options for controlling the rate and.

cxtcnt of:intruding ¢ salt water-into.coastal aqulfcrs e

Lt havc bccmproposcd (Nchort 1975).:Among:the .
salternativeswhich have been:suggested as being. ..
.-;:potcnnally apphcablc to the:Costa-de’Hermosillo -

irrigation district are : .

% 1. Relocating the wells by cither moving the
wells inland or dispersing the wells to eliminate
areas of concentrated discharge, and

2. Reducing the amount of water pumped from
the aquifer by improving the irrigation efficiency
{Domenico et al., 1974).

These proposals certainly do not exhaust the possible
- discharge schemes which may be applied to the
Hermosillo aquifer, some of which have been investi-
gated by the author (Andrews, 1979). They are
meant to be illustrative of results obtainable
utilizing the developed areal model to assess the
impact of various management stresses. The
discussion which follows will focus on the effects
these proposed management schemes would produce
on the head and chloride distributions were they
to be applied to the Costa de Hermosillo irrigation
district. In these simulations it is assumed that the
recapitulated head and concentration distributions
previously gencrated provide suitable initial condi-
tions. Each simulation is conducted over a
34-year time span using 2 one-half year time step.

It must be stressed that the results contained
herein should not be interpreted as absolute
estimates of future head and chloride distributions.
The uncertainties discussed require not only a
degree of subjectivity on the part of the modeler,
but more importantly the realization that only
qualitative staternents on the future behavior of

e aquifer system are possible. Thus ir is impossible
to predict with any degree of certainty what the
chloride concentration will be at a given point in
space and time. What can be garnered from the
simulations are the general trends in the head
and chloride distributions and the relative impacts
to be expecred given various applied stresses.

One means suggested of reducing the lateral
intrusion of salt water caused by excessive pumping
is to simply move the wells further inland. The
essential aim is not only to relocate those wells
which are being threatened by the intruding salt
water, but also to reduce the inward convective
transport of salt so that more interior wells may
be preserved. In applying this management scheme
to the Costa de Hermosillo irrigation district, 92

. wells with a total withdrawal of 162 X 10° m*/yr

=(which represents 18%.of .the basinwide totals)

~~wereremoved from.the area adjacent to the.coast - -

-anﬂ'—:‘nstall.cd in-zonesdn:the northern-and.eastern -

management policy-appears in Figure 9. As
expected, the maximum drawdown region has
shifted about 10 km inland as a result of the
discharge relocation. In addition, there is a sharp
increase in the hydraulic gradients in the region
between the maximum drawdown region and the
coastal region from which the pumpage was
climinated. Although not depicted on the Figure,
at early times subsequent to the application of this
pumping policy, the rate of head decline in the
coastal region (up to 15 km away from the coast)
was sharply reduced due to the cessation of
ground-water withdrawal from this area. The
simulated chloride distribution under this manage-
ment policy is depicted in Figure 10. It is clecar
that a sizable portion of the pumping capacity of
the aquifer would be affected by the intruding
salt if this discharge policy were employed..

With the realization that it is the volume ol

n2°

29°

Fig. 9. Simulated potentiometric surface after 34 years
using the management proposal to relocate the coastal
discharge. Elevations in meters above mean sea level.

I ;.mamm:sof the district-Theshead:diswribution - 7o oo
-:-obtained after34 years of simulation using this



-~ water discharged from a coastal-aquifer and thc Ce

o cresultant head declineand: hydrauhcgrad:cnt

szriyeversaliwhich:eventuilly dead.to'the- mxrusomof‘ "

.- ~of 42%:.The simulated head distribution after 34
w7 ryears using thismnanagement proposal is: depicted

»winFigure 113 The decreased discharge.in this

~zsgltwater,-an: apparcntamcansaof«conualhng the...o- & ..‘managmmt‘plan.has;nglﬁﬁcanﬂ}tnﬂumﬂ the

* +:influx of salt water is to'simply reduce the amount - % -~

of water pumped from the aquifer. Busch et al.
(1966) have estimated that a potential reduction
in total discharge of 20% is possible in the
Hermosillo aquifer by improving the present
irigation efficiency. Experiments conducted in
northern Mexico indicate that water requirements
aan be decreased by about 15% while at the same
time increasing yields approximately 25% when
grigation improvements are employed (Domenico
etal,, 1974). It is thus possible to significantly
reduce the water needs in the Hermosillo area
while still obtaining benefits that compare
favorably with those currently earned in the
district.

The discharge distribution used in the proposal

to minimize water withdrawals assumes a 20%
discharge reduction at all wells for the first five
years, 27% for the second five years, and 33% for
the third five years, after which 64 coastal wells
are removed yielding a total discharge reduction

Fig. 10. Simulated chloride distributions after 34 years
using the management proposals to relocate the coastal

discharge (solid) and minimize water withdrawals (dashed),

Contours represent the 300 mp/1 and 3000 mg/l isochlors.

«drawdowns in the central portlon ‘of the district -
" compared to those generated in the well relocation
scheme. Although the cessation of pumpage from

the coastal wells has increased the hydraulic
gradients between the coastal and maximum
drawdown regions, the effect is not as noticeable
as in the previous management scheme. This is due
to the smaller number of wells involved and the
temporal delay before the wells are removed from
production.

The simulated chloride d:stnbutlon after 34
years using the discharge minimization policy is

~ shown in Figure 10 for comparison to the well

relocation management scheme. The extent of
intrusion in the minimized pumpage scheme is
gencerally less than when the previous pumping
policy is-used. This is a result of the reduced
drawdowns and hence reduced gradients when the
total discharge is minimized.

The fact that the coastal wells continue
to pump for the first 15 years of the discharge

T
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Fig. 11. Simulsted potentiometric surface after 34 years -

using the management proposal to minimize water
withdrawals. Elevations in meters above mean sea level.
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- ..,_Lthc weli-relocation:scheme: chcc for: carly.nmcs
“rewhen the-intrudingsaft-water.is confined within. _._ L..ﬁ,‘..mdncmgaamtanamounteefmumcncalrmstabrhw
+.:.+in the finite:element-simulation. Although only

>

;this:coastal zone, the.relocation scheme provides - ..

:minimization plan, albeit at decreased rates, does
-not allow as great a reduction in hydraulic .
gradlcnts in:the-coastal’ regionas was realized in, .

.. reduced rates of transport. This is compoundcd

by the lower hydraulic conductivities in the zone
between the buried alluvial channels. This '
reduction is manifested in Figure 10 by the inland
extent of the 3000 mg/l isochlor. Once the salt
water enters the enhanced hydraulic gradient region
between the coastal area and the central pumping
region, however, the transport inland is increased.

CONCLUSIONS

Successful water managementin an area
irrigated with ground water, such as the Hermosillo
irrigation district, is greatly enhanced by the
ability to predict and evaluate the impact of any
proposed modifications in irrigation practices or
withdrawal distributions on both the quantity
and quality of the ground water. Hence, an accurate
hydrologic 2nd water quality simulation model is
a desirable management tool for predicting responses
and affording a rarional basis for the development

_and use of the ground-water resource. Various

management schemes proposed for the Hermosillo
irrigation district have been investigated to ascertain
the effect each would impose on the transient

area] distributions of head and chloride concentration

- within the aquifer.

In comparing the results generated by applying
the various discharge distributions to the Costa de
Hermosillo aquifer, several significant features are
observed. For the hydrogeologic conditions of the
Costa de Hermosillo, the salt intrusion is essentially
irreversible. It is impossible to reverse the inland
wansport of salt due to the magnitude of the “

druv:downs and hydraulic gradients within the i

interior regions of the district by the time any
management plan is initiated. In addition, once
the salt water is inland its movement is independent
of what happens along the coast. The management
schemes that attempt to restore coastal hydraulic
heads, and in so doing reduce the hydraulic
gradients and transport of salt inland, are of little
benefit in reducing the long-term intrusion.

It is worthwhile to stress the preliminary and
qualitative nature of the results simulated using
the various management alternatives proposed for
the Costa de Hermosillo irrigation district. These
limitations are necessary because of the uncertainty
and variability inherent in the paramerer identifica-

ar

g -

. tion and simulation process. The vast areal extent

-:of the aquifer makes it.virtually impossible to

obtmmbedcs:rcd spatial- frcqucncy of data and
L_.,a.lsothulrcd a-nodal:spacing ofseveral:kilometers,

qualitative statements of the relative impact each
management scheme would impose on the aquifer
system are possible, it is felt that the simulation
technique employed in this study provides a rational
basis for analyzing the effect future proposals would
have on the areal and temporal distribution of sait
within the aquifer. Although areal sharp interface
intrusion models would eliminate the numerical
oscillation and dispersion problems, because only -
the TIow cquations are solved, they would not be
appropriate in the present case duc to the extensive
- dispersion zone. -~

P
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Abstract.

In this two-part series a stochaslic estimation procedure applicable to the

anatytic streamflow model derived in the companion is introduced. The parameter
estimation problem is posed in the framework of maximum likelihood theory, where
prior information about the model parameters and a suitable weighting scheme for the
error terms in the estimation criterion are included.- Various optimization methods are
combined for parameter estimation. The issues of model and parameter identifiability,
uniqueness, and stability are addressed, and strategies to mitigate identifiability
problems in our modeling are discussed. The seasonal streamflow model is applied to a
mountainous watershed in southern Arizona, and maximum likelithood estimates of
mountain front recharge and other model and statistical parameters are obtained. The
analysis of estimation errors is performed in both the ¢igenspace and the original space

of the paramelters.

Introduction

The analytical model of the seasonal streamflow devel-
oped in paper | {Chavez et al., this issue] is conceptual and
contains unknown parameters that need to be identified for a
particular watershed. A parameter identification process
{model calibration) is required to adjust the model parame-
ters to satisfy some criterion {criteria} of minimization of the
output errors. In general, some parameters may be directly
identifiable from field measurements (e.g., watershed area),
whereas others are estimated according to criteria of good-
ness of fit (e.g., effective initial abstraction).

In this paper we pose the parameter estimation problem in
the framework of maximum likelihood theory as presented
by Sorooshian and Dracup [1980]. We extend Sorooshian
and Dracup's formulation by including prior information
about the model parameters following the approach adopted
by Carrera and Neuman {1986] in connection with the
groundwater hydrology inverse problem. An “‘automatic’’
parameter estimation procedure is then emploved to obtain
the optimal parameter estimates of our seasonal streamflow
model, in particular, long-term effective subsurface outflow
from the watershed.

Maximum Likelihood Framework

Consider a sequence of n years where seasonal streamflow
at the watershed outlet in year & is modeled by (25) in paper
1 {Chavez et al., this issue] if applied in an entirely lumped
manner or by a particular combination of equations of this
form if the watershed were divided into m subarcas. incor-
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porating the effect of errors, the seasonal streamflow is
expressed as

QL =f(Pi. vi; ©) + €y, k=1, n )]

where f( ) represents the deterministic relationship be-
tween the input given by P, and v, , which are the m-dimen-
sional vectors of seasonal rainfall and number of rainstorms
in the season, respectively, and the seasonal streamflow
response, which is measured by Q7. The stochastic error
term g; is composed by the additive effect of streamflow
measurement errors and errors resulting from imperfections
associated with the model equation, as well as uncertainties
in the measured inputs and the physical parameters ©.

Assurning that the joint probability distribution of the
errors is normal with zero mean and covariance matrix {1,
the log likelihood function takes the form

5=5(0, Q4 =-znln(27) -1 1n|Qg

-1[@-Q9'5'Q@-Q9] @

where [Qp] and 025" are the determinant and the inverse of

- the covariance matrix Q,, respectively; and Q* and Q are

the measured and the ‘‘true’’ streamflow values for a given
parameter vector @, respectively. Minimization of the above
log likelihood function with respect to the unknown param-
eters provides the model parameter values that maximize the
probability of observing Q*. )

If the errors are assumed to be heteroscedastic and
uncormrelated, the maximum likelihood function (2) reduces
to the following weighted least squares criterion:

min QF = 2 wk(Ql’ -

{0} k=1

ov? 3)



CHAVEZ ET AL::MOUNTAIN FRONT RECHARGE TO REGIONAL AQUIFERS, 2
- 3

. where wy =g -artthcwmghts equal-to the inverse values? --strcamﬂow ‘measurements Q* -at thc. watershed outlet. In’’

~...~-.. of the variances:of the.error.. Thisassumplion is reasonable; s..thcory;m‘ametcr -eslimation: problem-is- well posed il a T

e eandire 10 the.{ar_gemmemmwal;bdw:mncasumcm“mlues'z.unme.andstable.soiuhnn:cxmts In dhis.work, however, we
o orandsdue ~lo.-the ctypical shigh«varfabilityvinzannual 'mnoﬂ'raiso"shvcdormonccp:uaﬂmhsuc:pmmtcrtsm'nah:s

. - (especially characteristic of arid and semiarid regions).

- . The computation of the proper values of the weights has -

been a major problem in the calibration of rainfall-runoff
models. The computation of the variance of the error from
data is rarely possible, because no repeat of measurements is
usually available at each level k. Sorooshian and Dracup
[1980] proposed an alternative method based on stabilization
of the variance through the use of the Box-Cox [Box and
Cox, 1964] power transformation which relates the variance
of each error to its associated output value. This leads to the
following expression for the log likelihood objective func-
tion, which is optimized with respect 10 @, A, and o}

S=nlIn (21:'0'5) - 2 In wy + 062 E wi(Qy — Q’D2
k=1 k=1
: (4

where w, is the weight al year & that is computed by

p=fEAn (5

in which f; is the expectation of ,, and A is the unknown
transformation parameter which stabilizes the variance to
ﬂé. The value of A is sought directly through satisfying the
necessary condition {or optimality when © is assumed
known. That is,

yielding

DS inQi-0p’ > win QL (Qi—- QD=0 (6

k=1 k=1

In this work, f, = Q% was used in the computation of the
weights (in the original work the authors used the computed
flows). Fulton [1982] showed that this results in a more
stable estimation scheme. Furthermore, this form leads to

more tractable expressions for the first and second deriva-

tives of the objective function with respect to the model
parameters. ’

For the casc of homoscedastic errors (independent of time
and magnitude of the associated flows), the optimization
procedure will automatically select the value of A = 1.0. This
results in w, = 1 for all k, and the objective function is
equivalent to the simple least squares criterion. If, however,
the variance of the error is proportional to a power function
of the magnitude of the flows, then the procedure will select
a value of A # 1.0. For the case where larger flows are
associated with larger variances of the error, as illustrated by
Sorcoshian and Dracup [1980], the maximum likelihood
(ML) estimate of A will be less than unity, indicating that
lower flows (which have smaller error variances) are
weighted more heavily in the objective function.

Incorporation of Prior Information
About the Parameters

In our parameter identification problem, improved esti-
mates O of the model parameters © are sought by relying on

-
S

[

- Let-us-designate the *‘truc’. values of the mode! parame-
ters by © and their prior estimates (or “‘measured”” values)
by ©*. Discrepancies between measured and true quantities,
Q* — Q and ©* — O, will be referred to as “*measurement
errors.”” On the other hand, discrepancies between mea-
sured and computed quantities, Q* — Q) and 8* — 8, arc
called ‘‘residuals,” Although, in theory, ML estimation is
posed in terms of **prior errors’ which are usually taken to
be the measurement errors, in practice, estimation is per-
formed by optimizing an objective function in terms of the
residuals. The latter are a combination of measurement
errors and errors arising from an inexact model structure.
Consequently, the prior statistics entering into the objective
function or estimation criterion should reflect both types of
€ITOrs.

Discrepancies between measured and compuled stream-
flow values are due to many factors, which include instru-
mental, methodological, personal, computational, and sam-
pling [Boyer, 1964], not to mention imperfect model
structure. Thus on the basis of the central limit theorem the
combined error of these contributing factors may be as-
sumed normally distributed with zero mean. Inasmuch as
not all of these factors can be quantified statistically at the
outset, we write, in the manner of Neurman and Yakowitz
[1979], the covariance matrix of the prior streamflow errors
as

Ng=0pAy (M
where o is the stabilized variance and Ag is a symmetric
positive definite matrix, diagonal in our case, of which the
diagonal elements are (%) 2" ~*). The statistical parameters
o} and A may be estimated jointly with the model parame-
ters © through the stagewise optimization procedure out-
iined in the next section.

Prior errors in the model parameters are also due Lo many
factors. Thus in the spirit of Carrera and Neuman [1936] we
hypothesize that if these parameters undergo suitable trans-
formatjons (for example, a logarithmic transformation), their
prior errdrs cah be considered normally distributed with zero
mean. However, becaus.: some of the factors contributing to
those errors cannot be quantified statistically, we write the
covariance matrix 1, of the prior errors associated with
parameter type ©, ( p is init..l abstraction, recharge), or its
transform, as

Q,=clA, (8)

where cr; is either a known or an unknown positive scalar
and A, is a known symmetric positive definite matrix.

For the initial abstractions, (8) is rewtitten as

Q,=clA, )
and for recharge, (8) reduces to
Q,= n:rfr (10)

In this work the prior estimation variance of the long-term
cffective seasonal subsurface outflow, or mountain front
recharge, al is assumed to be completely known.
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As -peinted--out- by..Carrera- and. Neuman (1986}, - this
(;nlcnon mak:dereIatwely easy to introduce. prior informa-

«-value for: il:can_be provided. if.the:accuracy: of:the: method :::tion aboug[h&paramcler&mto the estimation scheme. This is
--under:given-conditions .is known. Dtherwise,: that -variance, .- .bccausc‘ﬂmhc.pmpcny .that.the:log likelihood of.a hypoath-

.. 2n zCan be obtained from the range of vanation of the parameter, -

its lower limit being zero and letting its upper limit be
assumed. In this regard, we find it convenicnt o enable the
.modeler to enrich the calibration process with qualitative
information derived from experience.

Following Carrera and Neuman's [1986] approach, we
assume, for operational reasons and without loss of gener-
ality, that the prior estimates of the different parameter types
are mutually uncorrelated. The global covariance matrix of
the model parameters, g, is thus block diagonal, its
diagonal components being ,. We also assume that prior
streamflow errors and prior parameter estimation errors lack
cross correlation, and therefore streamflow values used for
parameter cstitnation must not be used to derive prior
parameter cstimates.

With regard to obtaining prior information about the
model parameters, in paper | we introduced a procedure to
estimate initial abstraction without relying on streamflow
data, whereas later in this paper we will mention methods to
provide a prior estimate of long-term effective subsurface
outflow, which are mdependenl of streamflow measurements
as well.

Now, let z* = (Q*, ®*)7 be a vector incorporating the
available streamflow and model parameter data, and let = =
(aé. oﬁ, A, ++ ) be a vector of all the unknown statistical
parameters characterizing the prior errors. If f = (8, w) 7 is
the vector of all the unknown parameters, then the likelihood
L(B|z*) of a hypothesis regarding the value of B given z* and
a specific model structure (mathematical model, parameter-
ization, error structure, etc.) is proportional to £{z*|p), the
probability density of observing 2* if § was true. Inasmuch
as L(Blz*) is a function of the parameters, it is called the
likelihoed function.

Once the data have been properly transformed to yield
normal distributions of the prior errors, and in view of our
assumptions concerning the lack of cotrelation between
prior estimates of different parameter types and the lack of
cross correlation between prior streamflow errors and prior
parameter estimation errors, the likelihood function takes
the form

L(Blz*)

e . T

) e
= f(z*|B) = (2m) "Ny 1
cexp [= 3 (z*2)'0]'@* - 2)]

Here N is the total number of prior dala, and £, is the
covarniance matrix of the prior errors:

0, 0

aQ,=
0 0N

(12)

where {1, and {lg are the covariance matrices of the prior
streamflow errors and model parameters errors given by (7)
and (8), respeclively. Recall that f)g is block diagonal, with
diagonal components {},.

In practice, ML estimates are generally obtained by min-
imizing the log likelihood function: :

§=-2In[L(B|z*)] (13)

- is the “‘refative™’

(11).

.«esis; given all the data, is the sum of the log likelihoods of the

*same hypothesis, given each separate set of data.
Including prior information about the model parameters in
criterion (4) according to (11) yields

. 1
Si=nln (21105) - Z In w, +F z wi(Qs — 0%’

k=1 Q =t
_‘h*) 2, i _ey2
E +taylnolt—(r-y): (14
Uh =} ’l‘ U?

where # is the number of streamflow data, n,, is the number
of initial abstractions (subarecas) with prior information, cr,,z'
variance of the prior ¢stimation of initial
abstraction k;, where [ is the subarea index, and yand y* are
long-term effective subsurface outflow from the entire wa-
tershed (or a transformation of it) and its prior estimate,
respeclively. The variance of the prior estimation of y, a,z,. is
assumed to be known.

ln the special case when the statistical parameters (a'Q.
a,, , and A) are fixed, the first, second, and fifth terms of (14)
are known, and the minimization of §, is then equivalent to
the minimization of “

- hy—hY)?
5= >, wlQy - 02 +‘Ph2————'

k=1 i=1

where

on=—2 (16)

o

The first and second denivatives of §, with respect o the
model parameters can be expressed in closed form, thus
suggesung the use of the Newton method, or a modification

“of i, for the minimization of . "We achieved fairly fast

convergence rates by combining Newton's method with
Armijo’s rule, while setting the prior estimates as initial-
parameter values.

In turn, the ML estimation of A can be sought from (6).
Inasmuch as A cannot be expressed explicitly in terms of the

- remaining terms, it has to be estimated iteratively. As

recommended by Sorooshian and Dracup [1980], the
method of false position is used to accomplish this estima-
tion.

The ML estimation of oé and of when g, is given can be
obtained by applying the method of Lagrange multipliers in
a derivation similar to that presented by Carrera and Neu-
man [1986] to yield

ol = :
¢ n+tn

(So+ enSa) (17
h .

where
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Figure 1. Frequency of summer precipitation at Sabino

Canyon station.

n

So= 2, wiQi— 03? (18)

k=1
2 o(hyp - kD
Sh=2 —— (19)
=1 Tk,
2
a
oi=-2 (20)
Ph

Finally, convergence to the optimum ¢, can be achieved
by a golden section search.

ESTIMA Procedure
A stagewise optimization procedure {(entitled ESTIMA)

‘I-

- 65 Lt the- golden section search for opumum ®s cOn-

N .tmuc-;_:@)rmng to step 2.after.each iteration. The search ~
) Ty shoulﬁ--cnntmue«umukconze:gcnce is.oblained -.within a .

1« wprespecified-lolerance.

Application to Sabino Creek Watershed
in Southern Arizona

The ESTIMA procedure was applied to estimaiec mountain
front recharge jointly with other modei and statistical param-
eters from Sabino Creck watershed in southemn Arizona.
This estimation was done for the summer rainy season only.
This is because snowfall is significant at the higher elevations
of the mountains during the winter period, and our analytical
modeling of the seasonal streamflow does not consider the
contribution from snowmelt to surface runoff.

Hydrogeology of the Mountain Front

The Basin.and Range Province of southern Arizona is
characterized by north-northwest trending mountain ranges
isolated by alluvial basins. The Sabino Canyon watershed
drains a portion of the Santa Calalina Mountains, which are
composed of layered grieiss that is folded in a complex of
anticlines and synclines 'and contains water along fractures
only [Davidson, 1973). The location of the study area is
shown in paper | {Chavez er al,, this issue, Figure 9). The
Catalina fault separates the gneissic mountain mass from the
alluvium of the Tucson Basin. The elevation of the moun-
tains extends from about 3000 to 2000 ft (914 10 2743 m).

The average annual precipitation in the basin is 11 in (27.9
cm) and is about 30 in (76.2 cm) in the highest portions of the
Santa Catalina Mountains. Precipitation is distributed almost
equally between the summer and the winter. Most of the
summer precipitation occurs during July through September
and is mainly convective, while most of the winter precipi-
tation occurs from December through March and is frontal in
nature.

Mountain front recharge to the basin includes groundwa-
ter low through fractures and underflow through the sedi-

for the joint estimation of model and statistical parameters is -

outlined as follows:

1. Set o-Q = 1.0 and A = 1.0 as initial estimates of the

variance of the transformed streamflows and the transforma-
tion parameter. Use the golden section method to minimize
§,, equation (14), with respect to the weighting parameter
Ph- .
2. For the first iteration, select a reasonable set of values
for the model parameters ©, and in subsequent iterations,
usc the previously converged © values. Use the Newton
method, or a modification of it, to minimize §,, equation
(15), with respect to 6.

3. Compute the streamflow values for the converged ©
vector of step 2. Then, using the false posilion method,
compute the optimal value of A from (6).

4. Return to step 2 and repeat the optimization process.
The new weights w are computed using the optimal value of
A from step 3. Repeat steps 2 and 3 until the absolute
difference between consecutive evaluations of 5, is within a
prespecified tolerance.

5. Use the converged values of @ and A to compute ch
from (7). Repeat sieps 2-5 uatil the absolute difference in
consecutive values of r.rQ is within a prespecified tolerance.

Table 1. Summer Streamflow and Precipitation Data at
the Sabino Watershed

™ ~--"- Subarea L~ Subarea U

o, PL. hy. Py. hu,
Year cm cm cm cm cm
1950 {.47 18.49 0.69 27.69 0.97
195§ 2.40 20.28 0.85 3180 1.45
1952 0.90 20.04 0.67, 32.27 0.93
1953 1.88 16.56 1.01 27.11 1.61
1954 6.28 35.33 1.03 52.28 1.49
1959 3.9 28.46 1.31 40.15 2.30
1960 0.20 9.91 0.75 10.63 1.10
1961 2.01 16.82 0.67 26.34 1.13
1965 0.34 13.63 0.61 19.92 0.84
1967 2.40 21.96 0.81 28.50 1.13
(968 1.28 13.70 0.58 18.35 0.83
1969 1.25 20.12 0.70 30.18 0.98
1971 198 31.93 1.03 38.95 1.26
1972 0.32 21.41 0.89 24.47 0.96
1973 1.22 16.72 0.73 25.40 1.19
1974 1.24 25.13 0.65 39.11 0.96

Summer refers to July, August, and September. Average storm
depth is represented by £
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.ty - Table. 2. -+ Prior. Estimates. forSablno :Watershed (Summer) -

.. Combination . g .. I!,,L. cm Thydyem, .,q} BT B T
B s I B
2 -1.1 ~1.70 A3 14 .020 .00 1.00
3 -1.1 1.70 367. 020 1.00 .00
4 -1.1 1.95 2,78 0.20 1.00 1.00
5 =11 1.95 3.14 0.20 100 1.00
6 -1 195 3.67 020 10O 1.00
7 -1.1 2.29 278 020 .00 1.00
8 -1.1 2.29 3.4 020 1.00 1.00
9 -1i.1 2.29 3.67 020 1.00 1.00

*Relative variances.

ments of the drainage channels. Stable isotope studies
[Simpson et al., 1970; Gallaher, 1979)] provided evidence
that recharge along the mountain front is higher during the
winter than during the summer. ’

Mifflin [1968] suggested that topography may affect re-
charge. Deep canyons tend to develop along zones of greater
structural weakness associated with fracture zones. The
discharge of groundwater in the mountain fracture system to
the streams in the canyons favors mountain front recharge to
occur as underfiow through the sediments of the drainage
channels rather than as deep circulation through fractures.

T

Summer Streamflow Model

Like in many other mountainous watersheds in arid and
semiarid regions, the lower slopes of the Sabino Creck
watershed are characterized by xerophytic vegetation,
whereas the tops of the mountains are characterized by
evergreen woodlands and coniferous forests. In addition,
differences in relief exist between the lower slopes and the
more inclined tops of the mountains. These differences in
vegetation type and slope should determine a difference in
initial abstraction between both mountainous subareas;
hence a modeling strategy of dividing the watcrshed into
those two subareas should help mitigate the identifiability
problems arising from the application of the model in an
entirely lumped manner. Consequently, for the modeling of
summer streamflow from the Sabino Canyon watershed, we
proceed as follows: :

First, Chavez et al. [this issue] developed an analytical
model of seasonal streamflow. This model is written here as

Qk=Rk_G (21)

where 0, and R, are the seasonal streamflow and surface
runofl in year k&, respectively, and G is the long-term
effective groundwater runoff or mountain front recharge.
Then, the watershed was divided into the two major
subareas, namely, the lower slopes (L) and the tops-of the
mountains (U), of which the extension is shown in Figure 10

L 2
-in paper 17:By assuming that surface runoff from subarea U
e 10 subawn—é‘i:._occurs exclusively. as: channel fiow and by

-v;, rcneglecting evaporation.losses.along thestreams; we express
42,78 11 2020 - <40 i»1 00~ surfacesunct. from:the-entireawvatershed.as

Ry=Ry + Rya (22)

Here Ry, is surface runoff from subarea L, which by (23) in
paper | is

Ry g =20k, thy )"2K (200, /R ) P)PLe (23)

and Ry, is surface runoff from subarea U, given by
Ry =2h, uhy ' K208, Ry ) Pus 29

where k, and h, ¢ are the initial abstractions in subarcas L.
and U, respectively, P, and Py, are total precipitation,
and k|, and k, are the average storm depths in the same
subareas.

Thus the summer streamflow is modeled by (21), where
the surface runoff is given by (22}, (23), and (24). The model
parameicrs to be estimated are the initiat abstractions of
rainfall at subarea L and subarea U, h, [, and h, y, respec-
tively, and the long-term effective subsurface outflow from
the entire watershed, G.

Prior Information About Mountain Front Recharge

Total summer precipitation in the Tucson Basin can be
approximately fitted by a lognormal distribution (Figure 1),
and we will assume here that the seasonal mountain front
recharge is to be lognormally distributed as well.

Mountain front recharge is usually estimaled for a partic-
ular year. For the Tucson area, Belan [1972]) and Olson
[1982) evaluated recharge from the Santa Catalina and the
Tanque Verde mountains, respectively, through a flow net
analysis where the water table map was based on data from
one water year only. In turn, Merz [1985] evaluated recharge
from the Santa Rita Mountains through a water balance
_analysis based on dala from a single water year.

Note that, under the ML criterion, model paramelers are
viewed as fixed but uncertain quantities and, consequently,
the discrepancy between the seasonal recharge in a particu-
lar year and its long-term effective value is regarded as a
prior estimation error. In the ML estimation criterion (11),
prior estimation erro-s wese assumed to be jointly normally
distributed. Consequently, if one of the above estimates of
mountain front recharge, proportioned for the season of
interest according to somc selected criterion, is to be taken
as a prior estimate of the long-term effective mountain front
recharge G and because of the assumption that seasonal
recharge is lognormally distributed, we must work with the
parameter ¢ = log G, for which the prior estimation error is
normally distributed. (Note that besides the natural variation

Table 3. ML Estimates of Model and Statistical Parameters for Sabino Watershed (Summer)

Model Parameters Statistical Parameters Prior Estimation Variance
Combination g h,L,cm Ry, cm r.ré A Ch of o‘,z 0‘3,_,_ of oy
1 —0.780 3,05 3.80 0.359 0.580 0.253 1.419 0.20 1.419 1.419
2 —-0.751 2.68 3.88 0.383 0.628 0.507 0.755 0.20 0.755 0.755
4 —-0.738 3.03 3.74 0.359 0.584 0.341 1.053 0.20 1.053 1.053
7 —0.586 3.02 3.59 0.350 0.573 0.589 0.594 0.20 0.594 0.594
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...+, Tahle 4. - Covariance and Correlation Matrices. of Eshmauon Errors for Sabino

e .Watcrshed (Summcr) . . .
. .. -'5--\:, JRIERA -m-Gombmniwni CE :--‘G'ombination“f o
g : h,_L, cm h.y,cm g hyp.cm A ,..J.—cm '
g 0.1410 ~0.2270 ~-0.3110 0.0974 -0.2070 -0.5210
h.t —0.0604 0.5042 =0.649%0 —0.0448 0.4819 ~0.479%0
h,u —0.0632 —0.2493 0.2923 -0.0735 -0.1501 0.2041

Upper triangle is correlation matrix; lower triangle and main diagonal are covariance matrix.

of the seasonal recharge from year to year, there is an
additional source of uncertainty due to estimation error. We
will assume here that the combination of these two types of
“errors’’ is lognormally distributed.) Expressed in terms of
g, our seasonal streamflow model (equation (21)) becomes

Qx = Ry — 107 (25)

Although this assumption introduces some extra nonlinear-
ity into the model, the convergence properties of the opti-
mization afgorithm under this reparameterization were found
to be much better; this is due to the scaling effect introduced
by the Jogarithm, which reduces the condition number of the
Hessian matiix of the estimation criterion.

Concerning the uncertainty in the prior estimation of
recharge, Belan and Matlock [1973] assessed mountain front
recharge along the eastern Santa Catalina Mountains by flow
net analysis of the 1930 water level contour map and
postuiated that their estimation error may be as large as an
order of magnitude. Other estimations or other approaches
couid be more accurate than Betan and Matlock’s. However,
when we add the estimation uncertainty to the natural
year-io-year variation of the seasonal recharge, we postulate
that | order of magnitude is a reasonable uncertainty for the
prior estimation of the long-term effective mountain front
recharge in a more general case, that is, an uncertainty of 1
in log recharge, provided that the estimation is based on data
from one particular ycar or season.

Results.and Discussion

The Sabino Creek gaging station is located near the base of
the Santa Catalina Mountains, and streamfiow data were
obtained from U.S. Geological Survey summaries for the
period 1951-1974, Precipitation data were oblained from
climatological summaries of the National Weather Service at
Sabino Canyon station (32°18°, 110°49', 2640 1 (805 m)),

located near the streamflow gaging station, for the period
1951-1974 and at the high-altitude stations of Mouni Lem-
mon Inn (32°27°, 110°45°, 7780 ft (2371 m)), for the period
1951-1962, and Palisade Ranger (32°25°, 110°43°, 7945 ft
(2422 m)), for the period 1965-1974. Discontinuities appear

-in the records, particularly at the high-altitude stations.

The lower siopes (subarea L) of the walershed extend over
an area of 8600 acres (3480 ha), and the Lops of the mountains
{subarea U) occupy 13,160 acres (5326 ha). The increase
with elevation of the expected amount of precipitation per
season on the Santa Catalina Mountains is-approXximately
linear [Duckstein er al., 1973). Based on this fact, we divided
the entire watershed into elevation zones and assigned a
precipitation depth value (o each of these zones by lincar
interpolation between the values at Sabino Creek and at the
high-altitude stations. Tolal precipitation values for subareas
L and U were obtained by multiplying the depths in each of
the elevation zones by its respective area and by summing
over the number of elevation zones in the subarea.

Data departing more than two standard deviations from
the regression line between seasonal streamflow and precip-
itation in the entire watershed were regarded as outliers and
were not included in the computations. Streamflow and
precipitation data for Sabino watershed are listed in Table 1.

Using groundwater data and through a flow net analysis,
Mohrbacher [1983] estimated mountain front recharge from
Sabino walershed and adjacent areas to be about 50 ac ft
yr ! per mile of mountain front (mmf) (38,335 m? yr~* per
kilometer of mountain front). However, streamflow statistics
{Anderson and White, 1979] show that the contribution of
the summer flow to the total average annual flow at Sablno
Creck gaging station is 27%. By assuming the same propor-
tion for mountain front recharge, we come up with a value of
:3.5ac ft per mmf (10,350 m? yr ' per kilometer of mountain
front) for the summer period. Then, for the 6 mi (9.6 km) of
mountain {ront along which Saiino watershed and adjacent

Table 5. Eigenvalues and Eigenvectors of Estimation Covariance Matrix for Sabino

Watershed (Summer)

Component Combination 2 Combination 7
Eigenvectors Eigenvectors
Vector | Vector 2 Vector 3 Vector | Vector 2 Vector 3
g 0.6301 —0.7325 0.0300 0.7973 -0.5902 0.1262
h,1 0.4188 0.3545 —0.8360 03237 0.5948 0.7358
hou 0.6018 0.5811 0.5479 0.5093 0.5458 -0.6653
The eigenvalues for combination 2 are 0.0479, 0.2204, and 0.6697 for vectors 1, 2, and 3,

respectivety. The eigenvalues for combination 7 are 0.0268, 0.1847, and 0.3070 for vectors [, 2, and 3,

respectively.
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- zr:: . Table 6. Prior and. ML: ‘Estimates for Sabino Watershed (Sum?ncr) With g}.= 0.20
S tModcl Parameters - g -::.Slﬁﬁsﬁcaf??aﬁiérs ) ‘- » -°-.Prior.EstimationVariance .
Cag ..‘-.h-,;u.-cm- - - hgogrem o) C e —_— -ﬂﬁ o} ok - ok,
Prior -1.100 2.29 278 e e - - ©200 050 1.00°
ML —0.534 271 3.63 0.366 - 0.601 0.675 0.542 e 0.271 0.542

Value in parentheses is assumed to be known.
*Relative variance,

areas are contributing {see Chavez et al., this issue, Figure
10], 81 ac ft (99,992 m?) are being recharged during the
summer rainy season. Finally, by assuming a uniform con-
tribution in recharge depth across Sabino watershed and
adjacent areas, we divide 8] ac ft by 31,424 acres (12,717 ha)
(total contributing area) to obtain 0.00258 ft or 0.079 cm of
mountain froat recharge during the summer period.

Prior information about the space and time long-term
effective initial abstraction of rainfall in subwatershed L,
h,.p. and subwatershed U, h, y, was obtained through the
application of the VEHBAL procedure [Chavez et al., this
issue). Note that the VEHBAL procedure does not involve
the use of observed streamflows and therefore the assump-
tion of lack of cross correlation between prior parameter
estimation errors and streamflow measurement errors is
satisfied.

Surface runoff and hence k, showed a rather high sensi-
tivity to the plant coefficient k,. Because this vegetation
property cannot be determined with high accuracy, the nine
combinations of the A, and &,y values obtained through
the VEHBAL procedure were introduced as prior informa-
tion in the ESTIMA procedure. The next step involved the
determination of the *‘best’’ combination (among the nine) in
terms of their relative consistency with the rest of the prior
data and using the analysis of the stochastic properties of the
ML estimators. '

Mohrbacher [1983] calculated mountain front recharge
using groundwater data from 1970 to 1979, which partly
overlaps the time period considered here. Proportioned for
the summer season, his estimate is 0.079 cm, of which the
{ogarithm is —1.10. However, in most of the cases, mountain
front recharge is estimated with data from 1 water year only.
Thus for a more general discussion we will regard Mohr-
bacher’s estimale as representative of only 1 year and assign
an uncertainty of about | order of magnitude to it ((rg2 =

0.20). Afterward, a final estimate of recharge will be pro- ‘

auced by assigning a smaller (more reasonable for this case)
variance to that prior estimation (g} = 0.10).

The nine combinations of A, and h,, taken as prior
information about initial abstraction are listed in Table 2, and

Table 7. Covarance and Correl‘ation Matrices of
Estimation Errors for Sabino Watershed (Summer) at

the results of the application of the ESTIMA procedure
appear in Table 3. The procedure was unable to identify an
optimum for combinations 3, 5, 6, 8, and 9. This is indicative
of incompatibility among prior data. Combination 7 showed
the smallest prior estimation variance of the initial abstrac-
tions, o} = 0.594, and the smallest variance of the trans-
formed flows, aé = 0.350. We conclude that combination 7
is the one most consistent with measured flows, being
followed by combination 2.

Nonuniqueness in the solution was not an issue in any of
the cases. Approximately the same parameter estimates
were obtained starting from different sets of initial parameter
values.

Covariance and correlation matrices of estimation for the
model parameters are shown in Table 4 for combinations 2
and 7. Smaller diagonal terms in the estimation covariance
matrix were obtained for combination 7, and parameter
correlation is not high for any combination.

Eigenvalues and eigenvectors of the estimation covariance
matrix are listed in Table 5. As expected, the smaller
eigenvalues correspond to combination 7. We also notice
from this table that, in both cases, the component of g in the
eigenvector corresponding to the largest eigenvalue is small,
indicating that the highest parameter interaction occurs
between the initial abstractions. This result is expected
because of the high correlation between seasonal precipita-
tions in subareas L and U.

In the VEHBAL procedure it was assumed that the
change in soil moisture storage between the beginning and
the end of the summer rainy season is negligible. That
assumption is more ciosely satisfied under the low precipi-
tation—high potential evaporation conditions at subarea L
than under the higher precipitation-lower potential evapora-
tion conditions at subarea U. We will account for this fact by
associating a smaller variance to the prior estimation of A,
relative to the prior estimation of A, y. -

The ESTIMA procedure is then applied to combination 7
using 0.50 and 1.00 as the relative values of the pror

Table 8. Eigenvalues and Eigenvectors of Estimation
Covariance Matrix for Sabino Watershed (Summer) at
Parameter Vector (—0.534, 2.71, 3.63)

Parameter Vector (—0.534, 2.71, 3.63) Components Eigenvectors

g Ao h,y Vector | Vector 2 Vector 3
g 0.0863 —~0.2070 —-0.5690 g 0.7973 —0.5902 0.1262
Ay ~0.0294 0.2344 —-0.3990 hep 0.3237 0.5948 0.7358
hou —0.0744 —0.0859 0.1979 h,u 0.5093 0.5458 —0.6653

Upper triangle is correlation matrix; lower triangle and main
diagonal are covariance matrix.

The eigenvalues are 0.0268, 0.1847, and 0.3070 for vectors 1, 2,
and 3, respectively.
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. ... ~Table 9..Structural Identifiability;Matrix.and Sensitivity

e,

e

.~ Ratios for-Sabino Watershed:(Summer)-at: Parameter
. Vector (=0.534,2.71;3.63) - .~ .

e |

g Fop ke y
g 14.51 7.31 12.97
By 7.31 4.70 8.16
h,u 12.97 8.16 14.73

The scnsitivity ratios are 2.20, 5.24, and 5.28 forg, &, 4 ,and h, 1,
respectively. -

estimation variances of 4, | and h, y, respectively. Results
are listed in Tables 6, 7, and 8, where the estimation variance
of all the model paramecters is smaller than their prior
estimation variance. In particular, for g and A, y, the esti-
mation variance reduced by over a half. Notice also that the
condition number CN, defined as the ratio of the largest to
the smallest eigenvalue, is 11.5.

The stability of the solution can be assessed qualitatively
in terms of convergence characteristics and the condition
number of the estimation covariance matrix. Convergence
was fast and smooth in all the cases tested and, as expected,
the number of iterations was dependent on the initial param-
eler values. In turn, the condition number decreased from
18.2 to [1.5 by changing the relative variance of &, from
1.0 to 0.5, indicating that instability is reduced when prior

- - o ' ‘

-

h, . is estimated with a higher precision than prior A, . An.

explanation for this is to be sought in the smaller sensitivitics
of the computed flows to 4, | as compared to &, y).

The structural identifiability matrix (see the appendix)
ngJ(e), which is based purely on model properties and is
independent of the stochastic nature of the output observa-
tion errors, is evaluated at (—.534, 2.71, 3.63), and the
results are listed in Table 9. This matrix is positive definite;
consequently, the model structure is locally identifiable.
However, its condition number is fairly high (CN = 235),
indicating that the model structure is poorly identifiable. The

10
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Figure 2. ML criterion contour map for h, ;y versus A, |
with no prior information about the model parameters,

. 50

25 T T T T
15 40

h. {om)

Figure 3. ML criterion contour map for A, versus A,

with prior information about the model parameters.

smallest diagonal element is V257,,, confirming the smaller
structural sensitivity to parameter A, ; as compared to A, .
Parameter h, | is less activated than &, becausec of the
lower seasonal precipitation in subwatershed L. In turn, the
sensitivity ratio (y} indicates that the main parameter inter-
action occurs between h, | and #, . This resuits from the

b (em)

20
pror /
estimate
1-5 1 T
-1.8 -14 -10

Figure 4. ML criterion contour map for h, | versus g with
prior information about the model parameters.
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Figure 5. ML criterion contour map for k, y versus g with
prior information about the model parameters.

high correlation between seasonal precipitation at subarea L
and subarea U.

Once the measurement noise is introduced, the situation
worsens. Figure 2 shows the contours of the log likelihood
criterion (equation (14)} when no prior information about the
parameters is included. The optimum h,; occurs at the
unrealistic value of +e. In fact, no realistic solution to this
problem can be obtained without including prior information
about the parameters.

Figure 6.
hr.U .

Sensitivity of computed streamflow to A, | and

Figure 7. Sen-silivity of computed streamflow to g and
h, L.

Figures 3, 4, and 5 show the contours of the log likelihood
criterion (equation (14)) when pror information about the
parameters is included. A unique and realistic solution is
now apparent.

The sensitivity of the computed flow to the model param-
eters is shown in Figures 6, 7, and 8. In Figure 6 we notice
that the computed flow is more sensitive to h, ; thantoh, | .
The higher seasonal precipitation in subwatershed U deter-
mines that a larger runoff be generated when A,  tends to
zero than when k,, does. The larger arca of subwatershed
U also contributes to this effect. Figures 7 and 8 show that
the sensitivity of the computed flows to g increases as this
parameter does. On the other hand, the scattergram of
computed and measured streamflows is shown in Figure 9.

As Mohrbacher’s recharge estimation is based on ground-
water data from 1970 to 1979, overlapping partly the time
period considered here, his estimate may be considered

“U(emy - ‘ 9

Figure 8. Sensitivity of computed streamflow to g and
h,y.
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.- Table ‘117 Covariance and Correlation Matrices of
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Figure 9. Scattergram of computed and measured summer
streamflows at Sabino Creek gaging station.

more reliable than one representing a single year or season.
Consequently, we will seek a final estimation of mountain
front recharge for the summer period by reducing the prior
estimation variance of log recharge from 0.20 to 0.10.
Results are shown in Tables 10, 11, and 12. Qur final
estimate of log recharge is —.977, or 0.11 ¢m, or 18.8 ac ft
yr~! per mmf (14,414 m? yr~! per kilometer of mountain
front).

In those tables we particularly notice that the ML estimate
of log recharge is now closer to its prior estimate and that its
reduction in variance is marginal. A better prior estimation
of the initial abstractions could contribute to further reduce
the log recharge estimation variance. However, this and the
previous results suggest that the improvement provided by
our procedure is rnarginal when the prior estimates of log
recharge are relatively reliable and that the procedure is
particularly suitable to improve less reliable recharge esti-
mates, that is, those whose ut.certiialy is about 1 order of
magnitudeior greater. Estimates with this uncertainty are
common in practice. .

On the other hand, we also notice from Tabie 2 that the
condition number of the estimation“éovariance matrix has
reduced to 8.3, illustrating the beneficial effect on stability of
providing a more reliable prior estimate of log recharge.

.+, EstimatiomzEzrors for Sabino ‘Watershed (Summer) at
at) -+ Parameter Vector (=0.977, 2.84, 3.86) -

g hr.l. hr.U
g 0.0931 -0.0730 —-0.2230
AL -0.0133 0.362¢ —0.655
ke -0.0314 -0.182I 0.2133

Upper triangle is correlation matrix; lower triangle and main
diagonal are covariance matrix,

Conclusions

The following conclusions can be drawn from paper 2 of
this two-part series: .

. 1. Qur model of the seasonal streamflow fit the observa-
tions for the mountainous watershed of Sabino Canyon in
the Tucson Basin reasonably well, However, in view of the
nature of its derivation, this mode!l is expected to underes-
timate large flows in many instances. The effect of this
undcrestimation on the parameter estimates is minimized
through the weighting scheme adopted. That is, errors
associated with larger flows, which are less reliable, are less
heavily weighted in the estimation criterion. A larger reduc-
tion in their weights is achieved by expressing the weighting
factor in terms of the measured flows rather than in terms of
the computed ones.

2. The weighting scheme adopted enabled the estimation
of the most likely weights for the error terms in the cstima-
tion criterion. This scheme proved to be quite appropriate in
our modeling because of the adequate response of the
statistical parameters associated with it to account for the
changing variance of the streamflow errors, which were
qualitatively verified through the scattergram.

3. We have iflustrated the beneficial effect of the inclu-
sion of prior information about the model parameters in the
estimation criterion. Prior information increases the chances
for a unique, stable, and realistic solution to a parameter
estimation problem. Improved estimates of the model pa-
rameters were achieved whenever the optimization proce-
dure converged. Lack of convergence was atiributed to
incompatibility among prior data and model inadequacies.

4. No nonuniqueness problems were detected, and con-
vergence to the optimum was fast and smooth whenever a
solution existed. These convergence propertics hold for the
model reparameterized in termns of log recharge. Difficulties
in convergence were encountered with the original model.

5. [Instability in the solution, as qualitatively measured
by the condition number of the ‘estimation covariance ma-
trix, was found to be small or moderate for the cases tested.

Table 10. Prior and ML Estimates for Sabino Watershed (Summer) With ag* = (.10

Model Parameters

Statistical Parameters

Prior Estimation Variance

g h,L,cm h,uy.cm cré A i of 0': "'E..L "E-.u
Prior =[.100 2.29 2.78 N e . (0.10) 0.50* 1.00*
ML -0.977 2.84 3.86 0.395 0.647 0.442 0.89%4 e 0.447 0.89%4

Value in parenthesis is assumed to be known.
*Relative varance.



CHAVEZ ET AL.: MOUNTAIN FRONT RECHARGE TO REGIONAL AQUIFERS, 2

- Table :22. ... Figenvalues and Eigenvectors of Estimation
. Covanance Matrix for. Sabino Watershed (Summer) at
s Parameter Vcclor( 0.977, 2.84,-3.86) .

Gumponcms - . ’Eigenvectors

Vector | Vector 2 Vector 3
g - . 0.6962 -0.7177 -0.0166
h,p 0.3915 0.3950 -0.8292
h.y 0.6017 0.5707 0.5588

The cigenvalues are 0.0585, 0.1255, and 0.4845 for vectors 1, 2,
and 3, respectively.

Log recharge should be the parameter less affected by
instability in view of its minimal interaction with other
parameters.

6. The measures of model structural and parameter
ilentifiability adopted proved to be useful tools to ascertain
the relative sensitivity of the streamfiows to the model
parameters and for isolating those parameters that are highly
interacting and poorly identifiable.

7. The analysis of the estimation errors, performed in the
original space of the parameters, showed no high correla-
tions among the model parameters and a large reduction in
the estimation variance of the parameters when the prior
estimation error of recharge was assumed to be about | order
of magnitude. Only a marginal improvement, however, was
achieved when that prior estimate was considered to be
more reliable. This suggests that our procedure is particu-
larly useful when uncertainties of about 1 order of magnitude
or larger are associated with the prior estimate of mountain
front recharge. Uncertainties of this magnitude are common
in practice.

8. The analysis performed in the eigenspace of the pa-
rameters showed that, in all the cases, the estimates of
combinations of initial abstractions are much less reliable
than combinations which include log recharge. Therefore we
conclude that parameter estimation was successful, in gen-
eral, and that our approach is particularly suitable for the
estimation of mountain front recharge.

9. As our parameter estimation approach rcqmrcs prior
information about the long-term effective mountain front
recharge on a seasonal basis and because the variance of that
prior information must be provided, we encourage hydrolo-
gists involved in the assessment of mountain front recharge
to look closely into the uncertain aspects of their estimations
and to reckon, at least qualitatively, the reliability of their
particular estimates under specific hydrogeologic conditions.

10. Likewise, we encourage hydrologists to look into the
seasonal and year-to-year variations of that recharge when-
ever data are available, as well as to evaluate separately,
whenever possible, the contributions from the two sources
of lateral recharge, namely, the contribution originated in the
mountain mass and the contribution originated along the
stream channels between the base of the mountain and the
regional aquifer boundary.

Appendix: Structural and Parameter
Identifiability Measures

Sorooshian and Gupta (1985] developed a measure of
structural identifiability in the region local to © in terms of

‘ .
. A
- 1epsi@ e
cPs,() / Af,
/ —64) IPSJ(QJ
PS|(ﬂ)
Figure Al. Two parameter examples of an indifference
region. ¢

4

whal they called the *‘structural ldenuﬁablhly matrix*’
51(9) This matrix is written as

VisSKe) = ?-V'BQ(e)’VeQ(G) (Al)
or equivalently
30.(0) 30(O)
visi, =2 Z [ 0.(©) 30, } A
e, a6, :

The structural identifiability matrix can be either positive
definite or positive semidefinite. The diagonal clements of
V3S1(0®) are all nonnegative. If the matrix is positive defi-
nite, then the model structure is locally identifiable.

A measure of parameter identifiability called the **sensi-
tivity ratio” provides useful information about interactions
among many paramelers simultaneously in the multiparam-
eter space. It is useful specifically for isolating those param-
eters that are highly compensating and poorly identifiable.
The sensitivity ratio »; of parameter ©; is defined as

PS ((‘)) 1?2 .

CPS; (O)

sll

Sn'"ng g

ni= (A3)

where PS(©) is called ‘‘parametér sensitivit index,”
CPS;(0) is ‘‘conditional parameter sensitivity'* (see Figure
Al), G, isthe (p — 1) x (p — 1) submatrix of V35/(©)
obtained by deleting the ith row'and column, g,» is the (p —
1) x 1 vector cquivalent to the ith column of VGSI(@) Wwith
the ith element deleted, and s, is the {jth elcment of
visne).

When 7; = 1 there is no compensation for the effects of
parameter ©; on the model output by the other parameters.
As 7, gets larger, this indicates poorer and poorer identifi-
ability of parameter @, in relation to other parameters.

_ Notation

CN condition number.
CPS conditional parameter sensitivity.
Sr expectation of Q.
f( )} response of the selected watershed model.
FC , ) probability density function:
g decimal logarithm of G.
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.rith column of VBSI( ) with ith element -
= deleted. LT

PSR SVER! £ «long—wrm.eﬂ'ccuve:seasonalmounlmn front.
-+ -~-Fecharge. - -
~G; -vsubmatrix of V3 SI( ) dclcung :lh row and
column.

h; cffective initial abstraction in subarea /.

ki prior estimate of k.

h, space and time effective initial abstraction.
h.; effective initial abstraction in subarea L.
h,y . effective initia} abstraction in subarea U.
ALy average storm depth in subarea L.
hy, average storm depth in subarea U.

k index for the year.
! index for subareas in a watershed.
In{ )} natural logarithm of ( ).
log ( ) decimal logarithm of { ).
L( ) likelihood function.

m number of subareas in a watershed.
ML maximum likelihood criterion.

n number of years of streamflow record.

n, number of subareas with prior data about

initial abstraction.

N total number of prior data.

OF objeclive function.
p index for parameter type,

P, vector of m seasonal precipitation values.
PLx seasonal precipitation in subarea L.

Py, seasonal precipitation in subarea U,

PS parameter sensitivity index.

Q vector of n “"true’’ scasonal streamflow

values.

Q* vector of n measured seasonal streamflows.

¢ kth element of Q.

% kth element of Q*.
R, secasonal surface runoff.
R\ 4 seasonal surface runoff from subarea L.
Ry, seasonal surface runoff from subarea U.
5; ijth element of VéSl( ).
5 log likelihood function.

Sy log likelihood function with pnor data about

model parameters.

S equivalent form to §, obtained by fixing the

statistical parameters.
Sp weighted sim of squared seasonal streamflow
errors.

Sy weighted sum of squared initial abstraction

€ITors.
SLS simple least squares criterion,
T transpose.
w,  kth weight used in the objective function.
z vector of “"true’’ streamflow and model
parameter values.
z* vector of available streamflow and model
parameter data,

B vector of unknown modet and statistical
parameters.

v long-term effective seasonal mountain front
recharge {or a transformation of it).

v* prnior estimate of 7.

& stochastic error term.

7 sensitivily ratio.
A transformation paramecter of flows.

- relatwc covariance. matrix of prior errors of

parameter type p.

A ;orrelativecovariance. matrix:of, pnommtnal

rerrarvabstracton-errors.:

.-Ag -relative: covariance ‘matrix.of prior streamﬂow
errors.
v, vector of m seasonal number-of-storm values.
7 vector of unknown statistical parameters.

g, prior estimation variance of log recharge.

o, multiplicative factor for the relative
covariance matrix of prior initial abstraction
€ITOrS.

oy, relative variance of the prior error of 4 Iz

g, multiplicative factor for the relative
covariance matrix of prior errors associated
with parameters type p.

of error variance of the kth streamflow,

og stabilized variance of the transformed flows.

.f prior estimation variance of y.
vector of the *‘true’’ model parameters.

©* vector of prior estimates of model parameters.

© vector of maximum likelihood estimates of
model parameters.

vector of model parameters type p.

¢, weightling parameter for the initial
abstractions. -

f1, covariance matrix of prior initial abstraction

eITorS.

covariance matrix of prior errors associated

with model parameters type p.

{1 covariance matrix of prior streamflow errors.

covariance matrix of prior errors associated

with model and statistical parameters.

global covariance matrix of prior errors of

model parameters.

.structural identifiability matrix.

Bessel function of order one.
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Optimizacién del bombeo en el acuifero
de Villa de Reyes, San Luis Potosi

Adolfo Chavez Rodriguez

Facullad de ingenieria, Universidad Autdnoma de Chihuahua

Setgio Flores Castro

Departamento de Geohidrologia, Comisidn Federal de Electricidad

El acuifero de Villa de Reyes salisface la demanda de agua de una de las cenlrales
termoeléctricas de la Comisién Fedaral de Electricidad y ha eslado sujeto a sobreex-
plotacion. En los ditimos afios se han incrementado sus ritmos de abatimiento, lo que
haimpulsado el desarrolio de un modelo que permila disefiar una politica de explotacién
dptima de estle acuifero. Este modelo se formuld con un enfoque de ingenieria de sis-
temas donde se integra un modelo de simulacién de flujo de agua subterrdnea con otro
. de decisidn. Este esld dado lanto como una funcién objelivo por oplimizar, que en este
caso significd la minimizacién de la suma de los abalimientos en zonas seleccionadas
del acuifero, como por un conjunto de restricciones fisicas y socioeconémicas que
condicionan la explotacion del agua sublerrdnea. El acoplamiento de ambos modelos

... se efectus medjante la {écnica de funciones de respuesta. Se concluyé que un sislema

de bombeo es dplimo cuando, al plantear la minimizacién de abatimientos, es el que
ofrece mayores venlajas desde los puntos de visia hidroldgico y socioecondmico.

En los Gltimos afos el aculfero de Villa de Reyes,
en el estado de San Luis Polosl, ha presentado un
abatimiento continuo de los niveles estéaticos, oca-
sionado por el bombeo en pozos someros de usos
agricola y doméstico y en pozos profundos de la
Comision Federal de Electricidad (CFE) Estos ul-
timos satisfacen los caudales de agua requeridos
para la operacion de la Central Termoeléctiica San
Luis Potosi.

Esta situacién hidrogeoldgica hizo necesario el
diseno e implementacion de un esquema de bom-
beo encaminado a reducir al minimo los efectos
adversos de la sobreexplotacion, como el incre-
mento de los costos de bombeo, la inutilizacion de
las obras de captacion, y un posible deterioro de
la calidad de!l agua subterranea. Al mismo tiem-
po, la implantacion de esle esquema de bombeo
extenderla [a vida Uil del sislema aculfero con sus
consecuentes beneficios socioecondtmicos en los
niveles local y nacional '

.

El esquema de explotacién 6ptima de un acuife-
ro se puede disenar mediante la técnica de fun-
ciones tecnolbgicas algebraicas, mejor conocidas
como funciones de respuesta, la cual ha proba-
do ser la mas eficiente para este propésito. Las
tunciones de respuesta relacionan el bombeo en
pozos con los abatimientos en los mismos, y en la
praclica, se obtienen mediante un modelo digital
de simulacién de flujo de agua subterranea. El
Departamento de Geohidrologia de la Comision
Federal de Electricidad construyé un modelo de
simulacién del acuifero.de Villa de Reyes, en cola-
boracién con la Residencia de Estudios de Inge-

-nieria Civil en Querétaro (Depto. de Geohidrologia

y Residencia de Estudios de Ingenieria Civil de
Qro., 1989). _

En este articulo se desarrolla un modelo de
manejo del sistema aculifcro de Villa de Reyes,
donde se inteqgra el modelo digital de simulacidn
con otro de decisién mediante la tachica de fun-.
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-, .iciones-ide respuesta. ~ Esféamogdelo: de -manejg - 1+ Localizaciondslyalie de.Villa de Reyes, SLP- -

=

~«i Conslituye =unsproblema wde:programacion: lineal, . | 3
-txiccuyaisolusion-preporcienaios-esquemas-debom- o

. -ma; Como un antecedente a esle trabajo se tiene

» tzbeo optimo'dentro.deslas.condicionantes-del siste- . L3N i SRR U W S
' Vellede Sanlue %—. |

" el caso del acuifero de Samalayuca, Chihuahua,
donde se adoplo un enfoque metodoldgico similar
(Chavez et al., 1989).

Hidrogeologia del area de Villa de Reyes

El valle de Villa de Reyes se localiza en la zona
semiarida del centro de México, y el area de es-
tudio queda comprendida entre los 21° 40" y 21°
60’ de latitud norte, y entre los 100° 60"y 101° 00’
de longitud oeste. La cenlral termoeléctrica se
ubica cerca del poblado del mismo nombre, apro-
ximadamente a 35 km al sur de la ciudad de San
Luis Potosi (véase ilustracién 1). La precipitacion
media anual en el area es de 427 mm, con una
evaporacion potencial superior a los 2 000 mm.

El valle es de origen tectonico, habiéndose for-
mado por una fosa estruclural que aloja principal-
mente material volcanico. Sus limites naturales
son la sierra de San Miguelito por el noroeste
y la de Santa Marfa por el sureste. El sistema
acuifero del valle es de tipo libre mixto, con un
estrato superior formado por depésitos de relleno
consistentes en malerial. volcanociastico interca-
lado con gravas, arenas y limos, que tiene un
espesor promedio de 150 m. Subyaciendo a este
estrato se halla una unidad volcanica constituida
basicamente por ignimbritas y riolitas, cuyo espe-
sor promedio es de 700 m. Esta unidad muestra
porosidad y permeabilidad secundarias por (rac-
turamiento. El flujo regional de agua subterranea
guarda una direccion preferente SW-NE paralela
a las sierras mencionadas (Flores et al, 1990).

Hasta 1986 el sistema acuifero del valle se apro-
vechaba unicamenle mediante pozos de uso agri-
cola y domestico perforados en el relieno granu-
las, con un bombeo conjunto de poco mas de
20 000 m¥/dia que ocasiond un abatimiento pro-
medio del nivel eslatico de 1.5 m/ano. En ese
afio entraron en operacion pozos profundos de la
CFE que extrajeron en conjunto 11 500, 29 700 y
29 100 m¥dia en 1986, 1987 y 1988, respectiva-
mente, lo que provocd un abalimiento promedio
de 3 m/ano en el medio fracturado e incremento
a 2 m/afo el abatimiento promedio en el medio
granular.

Los pozos de la CFE estan agrupados cn ires
baterias, a la numero | conmesponden 108 pozos 5, »

%

A Rio Verde

]
|
L]
é eniral teymosléctrica

Srerra de
anta Marig)

f? /A Sen Fefipe

A México

7,8 9,12, 16y 21;alall, los pozos 13y 14;y a
laill, los pozos 2, 3, 4, 11, 17, 18, 19y 20.

La principal luente de recarga en el area esta
representada por un llujo profundo ascendente
hacia el medio fracturado en la zona de los pozos
7, 9y 21 de la CFE, procedente de un sistema
regional de lallas, que aporta un caudal aproxi-
mado de 26 500 m¥/dia (Depto. de Geohidrologia
y Residencia de Estudios de Ingenieria Civil en
Querétaro, 1989).

o] P
Diseno de esquemas de explotacion optima

Los modelos de simulacion de flujo se han em-
pleado para predecir la respuesta hidrautica de los
sistemas aculleros ante diversas politicas de ex-
plotacion. Empero, el nimero de posibles esque-
mas de bombeo es infinito en teoria y muy alto en
la practica, por lo que la busqueda del esquema
de explotacion optima por ensayo y error es lentay
coslosa, a mas de que este procedimiento no ga-
rantiza la obtencion del 0ptimo. Sin embargo, con
un enfoque de ingenieria de sistemas es posible
disenar tal esquema integrando el modelo digital
de simulacion con uilo economico o de-aecision.

Ingemeria Hidrdulhica e Méxicolenero-abnl de 1932
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~>_-Un*modelo’de: dec:S[on esJa .expresién mate- -

matica-de-un:criterio de: preferencua acerca de los
“efectos hidrolégicos 0. eeondmicos:dela-explota-”

:¢idn del:acuifero;.gincluye un:ctonjunto de restric-

- civnes fisicas .y/o.socioecondmicas asociadas a
tal explotacion. '

Laintegracion del modelo de simulacion de fiujo
con el de decisién constituye el modelo de manejo
del sistema acuilerc, cuya solucién, que es el
esquema de bombeo optime, se puede oblener
mediante técnicas de optimizacidn matemdatica.

Definicion de la funcién de respuesta

Aunque existen varias técnicas para acoplar los
modelos de flujo con los de decision, la conocida
como funciones de respuesta ha probado ser la
mas eficiente. Esta técnica implica la determina-
cién de la relaciéon tuncional entre el bombeo en
pozos a través del tiempo y el abatimiento en los
mismos (Maddock, 1972).

En la practica las funciones de respuesta se ob-
tienen mediante un modelo digital de simulacién,
por 1o que se expresara la relacién entre bombeo
y abatimiento en términos de celdas de bombeo
y no de pozos. La forma general de esta relacion
es:

M n

EZB(’C J,ﬂ—i'f‘l)Q(J, ) (1)

j=1li=1

- s(k,n)=

donde s(k,n) es el abatimiento promedio en la
celda k al final del n-ésimo lapso; M, el nime-
ro de celdas de bombeo; Q(j,i), el caudal de
bombeo en la celda j durante el i-ésimo periodo;
n, el niomero total de periodos; y B(k,jjn—i+ 1)
es el coeficiente de respuesta. Este coeficiente
representa el abatimiento promedio en la celda
de observacion k al final del n-ésimo periodo,
debido a un bombeo unitario en la j-ésima celda
efectuado duranle el -ésimo lapso. El conjunto
de coeficientes de respuesta constituye la funcion
de respuesta, que normalmente se presenta en
forma matricial.

Los coelficienles de respuesta se oblienen, por
io general, mediante un modelo digital de simula-
cion de flujo, asignando un bombeo unitario a la
primera celda de manejo durante el primer periodo
y un bombeo nulo para el reslo. Este procedimien-
lo se repile para cada una de las celdas deinterés.
Los abatimienios calculados al final de cada lapso
son los coeficientes de respuesta. .

“**Céleulo. dera matriz de respuesta de los pozos

W Ser constfuyo un imodelo de ‘simulacion.de flujo
.en diterencias finitas pata-el acullero de-Villa de

Reyes con base en el cddigo de computadora
MODFLOW como un antecedente a este trabajo
(Depto. de Geohidrologia y Residencia de Estu-
dios de Ingenieria Civil en Querétaro, 1989, Mad-
dock y Harbaugh, 1984).

Este aculfero se encuentra en un régimen transi-
torio de flujo desde techa indeterminada anterior a
1986, ano en que entraron en operacion los pozos
de la CFE. El modelo de simulacién se implementd
a dos capas, donde la superior corresponde al
medio granular y la inferior al fracturado. La ca-
libracién de este modelo se efectud durante 1986
y 1987, y la verificacién, en 1988, iniciando en
el mes de enero en cada caso. Este modelo de
simulacién se empleé para obtener (a matriz de
respuesta. Las funciones de respuesta, al rela-
cionar linealmente el bombeo con el abatimiento,
exigen un comportamiento lineal o al menos cua-
silineal del acuifero. El acuifero de Villa de Reyes
es libre y, por tanto, intrinsecamente no lineal;
sin embargo, su comportamiento sera cuasilineal
mientras los abatimientos del nivel freatico sean
pequenos comparados con el espesor saturado.

Como horizonte de manejo se seleccioné un
periodo de 5 anos, en el que se supone que cada
pozo de la CFE bombeara a caudal constante, lo
que en la practica se podria considerar como la
extraccion promedio del pozo durante los 5 afos,
siempre que no hubiese periodos muy prolonga-
dos de operacidén a caudales muy por encima o
muy por debajo de ese promedio. Cabe hacer
notar que un horizonle de simulacién superior a 5
afnos proporcionaria resultados muy inciertos, en
vista de la longitud del periodo sobre el cual se
calibré et modelo.

Para obtener la matriz de respuesta de los po-
20s de la CFE, unicos que fueron considerados
susceptibles de manejo, se siguid el procedimien-
to descrito en la seccidn anterior, seleccionando
para este fin un bombeo unitario de 10 000 m¥/dla,
el cual en teoria se puede elegir de manera arbitra-
ria, pero en la practica debe ser lo suficientemente

.alto para reducit a un nivel aceptable el efecto

relativo de los errores de discretizacion numérica.
De acuerdo con esto, se aplicd un bombeo de
10 000 m¥dia a la primera celda de manejo {pozo
2) durante 5 anos, donde el abatimiento calculado
en cada una de las 17 celdas de manejo al final
de esle periodo es la primera fila-de la matriz

Ingenieria Hidraulica en Méxicolenero-abri de 1992
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= de-respuesta:: Es‘e'pmﬁedlmlenlo st tepitic en_ .. ©

‘useguenciatpara. ehresto*de-ias.celdas de manejo
- :‘hasta’ obtener.ila matriz :completa. .- Esta resultd
i ger aproximadamente:simétrica,lo.que indica un
© - gcomportamiento cuasilineal del-acuifero durante el
periodo sefalado (véase cuadro 1}.-

La matriz de respuesla obtenida se presenta en
el cuadro 2, donde se observa que los coeficientes
mas altos corresponden a aquellas celdas (pozos)
situadas en la zona de minima conexién hidraulica
vertical entre los medios acuiferos, o sea, en la
milad suroeste del area de estudio.

Formulacién del modelo de manejo

El modelo de manejo del sistema acuifero de Vi-
lla de Reyes esta constituido por la integracion
del modelo de flujo con un modelo de decisidn
a través de la funcién de respuesta, como ya se
mencioné. Este dltimo incluye una funcién ob-
jetivo por optimizar, que en nuestro caso se ha
planteado como la minimizacién de la suma de los
abatimientos en zonas seleccionadas del acuitero,
lo que refleja la intencion de reducir a un minimo
los efectos adversos de la sobreexplotacion y de
maximizar 1a vida del acuifero.

La solucién a este modelo de manejo es aquel
esquema de bombeo que reduce al minimo los
abatimientos dentro de las restricciones fisicas
que condicionan la explotacion del agua subte-
rranea, al tiempo que se satisface la demanda de
la central termoeléctrica. Desde el punto de vista
de la optimizacién matematica se considera a la
relacion funcional entre el bombeo y el abatimien-
to, dada por la funcion de respuesta, como una de
las restricciones del sistema,

1. Coeficlonte de respuesta en las celdas de pozos someros

para un periodo de 5 afios con bombeo unitario de 10 000
m?/dia en los pozos da la CFE -

Pozpa someros

307 298 4ADY 418 440 462 A60 381 447 425 3JT 419 75 276 BO4 3T X8
39 LYt

2 g 1+ ¥ o 0 06 7 5 1 4 9 0 5 6 5 5 5
3 1+ 4 1 1 7T 4 3 2 6 6 1 1D 6 6 4 3
4 1T 2 4 1 + 6 3 2 2 @& 6 1 B 5 5 3 3
P s 1 2 4 1 + 5 3 2 7 6 5 + r & a 3 2
o 7 T 1 4 1t 1 5 3 2 2 5 4 2 6 4 a4 2 2
Z 8 11 3 2 1 5 3 2 1% 4 2 5 3 2 2 2
c 90 T 1 4 1 1 5 3 2 2 4 4 2 6 31 4 2 2
s n 0o ¢ 4 ¢ 0O 4«4 & 6 1 2 7 0O &5 7 7 B 17
12 T 1 4 2 1 5 3 2 1 4 4 2 5 3 23 2 2
13 1 % 5 1. 1 5 4 3 2 5 5 1 6 4 4 3 3
Cc 1 11 5 1.1 & 4 2 1 5 5 1 5 4 4 3 13
F 16 11 3 1 1 5 3 2 1 a4 4 2 5 4 2 2 2
E 17 o+ 7 0 0O 4 9 6 1 2 5 0 3 4 4 5 5
18 o 1 5 ¢ 0 4 B 6 O 2 7 D 4 5 5 £ B
19 o o 4 D O 3 B ? 0 2 6 0O 4 5 5 85 B
22 ©o 0 5 © 0o 3 7 8 0 2 5 0O 4 5 5 7 7
3] 1 1 4 Y 1 5 a ? 1 5 & 2 6 4 4 9O 2

2.-Matriz dia esta en.las celdas de los pozos de la CFE
L parny -de 5 afos-con.-bombeo unitario de.10000
" rm¥diagsTe - e
e
2573 "4 5 ¥ BTU9FM1 12743 18716 17 18719 20 .21
215 6 5 4 4 4 4 5 4 4 5 4 & 7 5 5 4
3 17 9 8 6 6 & 5 6 6 7 6 4 4 & 4 6
4 21 1310 9 9 3 9 8 9 9 3 I 3 3 9
5 29 16 15 15 3 15 14 13 15 3 3 3 3 16
7 30 26 27 3 26 20 17 26 3 3 3 3 26
8 37 28 3 33 20 17 31 3 3 3 3 A4
9 2 3 26 20 1B 29 3 3 3 2 2%
11 12 3 3 3 3 5 6 7 & 2
12 38 20 17 32 3 3 3 3 24
13 35 25 20 4 3 3 3 2
14 M7 4 4 4 47
16 B 3 3 3 335
7 13 7 6 6 3
18 " 7 7 3
19 100 8 3
20 10 2
21 29

Ahora, considerado un horizonte de manejo de
5 afios,' a fin de obtener los caudales Optimos
de operacion de los pozos de la CFE para este
periodo Gnico, se omiten los Indices relativos a
los lapsos en la ecuacion (1), y el modelo de
manejo se formula de acuerdo con los siguientes
planteamientos:

Esquema de bombeo 6ptimo A

Este diseno plantea la obtencién de un esquema
de bombeo 6ptimo de los pozos de la CFE don-
de se minimizan los abatimientos s6lo en estos
pozos, sin considerar los efectos sobre el medio
granular, lo cual se expresa mediante la siguiente
funcién objetivo:

nys

3 s(k)

k=1

minimizar

(2)

donde s(k) es el abatimiento en la celda & al final
del periodo de 5 anos, que es el horizonte de
manejo, y n; s el total de las celdas de bombeo
(pozos de la CFE).

Las reslricciones impuestas son Ias siguientes:

(i) s(k) < Sm'a:r(k) para toda k
(ii) Q(k) £ Qmaz(k) para toda &
A
(iif) Y Qky=D
k=t A
(iv) s(k) =" Bk, ))Q() para toda &

=1
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."*~donde s(k).€5 el abatimientd al final dékHorizbnte =" " 3-Hestricelonag e abatimiento y bombeo de los pozos de la
de:manejo.en:la.cefda k.M ~elnamero-lotal de - - TEE -

. ..n:;celdas.de:m_anéio:que;n:esle,caso.es:‘lgual:a.njf.',.‘ e oo L PTG e 13 wshirt s s abmewnle i « .. Caurlal debombon

~ i Q(7)-elcaudal de bombeoen lacelda j; B(k}Y), el

. =' -Pozo - - £ihara de bombeo | dmamico ‘- permeible 2 58005 . - Manmo poshic

."coeficiente- de respuesta; que representa el aba- e e et ™
timiento en la celda k al final del horizonte de . 200 0 1o &
manejo debido a un bombeo unitaric en la ceida 3 A s - i
j, smaz(k), es el abatimiento maximo permisible 5 200 76 104 En
al final del horizonte de manejo en la celda k; : Jad P 4 o
Qmaz(¥), el caudal de bombeo méaximo posible en 2 2e8 e P 2
lacelda k; y D es la demanda de agua de lacentral 12 200 100 80 52
termoeléctrica. 1 26 o7 8 2

La restriccion del tipo (i) condiciona al abati- . 2% " - 4
miento en cada celda de los pozos de la CFE 18 250 69 161 2
a no exceder un valor maximo permisible al final 2 2% p b n

21 el &7 157 63

del horizonte de manejo; 1a segunda restriccion
(ii) establece que ningdn pozo de la CFE puede
ser bombeado por encima de su capacidad de
disefio, o de un cierto caudal maximo posible;
la tercera (iii) exige que la extraccidbn conjunta
de los pozos de la CFE satisfaga al menos la
demanda de la central termoeléctrica; y la Gltima
(iv) expresa la relacién funcional entre el bombeo
y el abatimiento, y es a través de esta restriccion
como se establece el vinculo entre ei modelo de
simulacién de flujo y el modelo de decision. Este
modelo de manejo, representado por la ecuaciéon
(2) y el conjunto de restricciones (i) a (iv), consti-
tuye un problema de programacion lineal, el cual
fue resuelto con el paquete de computadora LP88
version 3.12 (Eastern Software Products, 1983).

El abatimiento maximo permisible del nivel es-
tatico en cada pozo de la CFE se establecié como
la diferencia entre el nivel de la base de la camara
de bombeo y el nivel dindmico actual, a la que
se restaron 20 m, con el fin de dar un margen de
seguridad ante la previsible, aunque dificilmente
cuantificable, acentuacién de la diferencia entre el
nivel estatico y el dinamico al descender ambos.

El esquema “ic bombeo 6plimo se disend pa-
ra una demanda de la central termoeléclrica de
450 I/s (38 880 m“/dia). En el cuadro 3 se enlistan
las restricciones pertinentes, mientras que enel 4
se presenta la solucién al modelo de manejo. Esta
solucion es el esquema de bombeo que reduce a
un minimo la suma de los abatimientos en celdas
de los pozos de la CFE dentro de las restricciones
impuestas. Esle conjunto de valores conslituye el
esquema de bombeo optimo A.

Esquema de bombeo dptimo B

Se puede plantear un esquema alternativo de bom-
beo de los pozos de la CFE que sea 6ptimo al

considerar el sistema acuitero completo, es decir,
al buscar la minimizacion de abatimientos lanto en
el medio {fracturado como en el granular. En este
caso la funcién objetivo toma la siguiente forma:

ny

2.

_k=1.

minimizar (3)

B+ (k)

ki=1

donde n, es el nimero de celdas de interés en el
medio granular, y s(k’), el abatimiento en la celda
k' de ese mismo medio.

En este caso, las restricciones impuestas son
las siguientes:

(i) s(k) < smazl(k) para toda k
s(k'} € smaz(k’) para toda k'
() Q%) < Qmau(k) para toda &
M
(iif) Z QL) 2D
k=1 .
: M
(iv) “s(k) =) B(k,5)QU) para loda k
=1 :
M
s(k'y =" B, 5)Q3) para toda k'

=1
donde M es el nUmero de celdas de manejo, que
tambien en este caso es igual al nimero de pozos
delaCFE, ny, B(},j) es el coeliciente de respues-
ta que relaciona el bombeo en el j-ésimo pozo de
la CFE con el abalimiento en la '-ésima celda del
medio granular.
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2.Dado: que se uenen 17 ce!das ‘de: pozos prolun

- ::"'--:. dos dela.GFE; y:comélfin de dar.el. mismo peso en:
- “aata Juneiénuebietivo (3)- asambos.medios acullesos,
" - se seleccionarorlas 17.celdas de pozos someros

con.mayor extraccion entre las.23 existentes en el
4area. Cabe mencionar que en las 6 celdas exclui-
das los bombeos son muy reducidos. En el cuadro
4 se presentan los coeficientes de respuesta que
relacionan el bombeo en los pozos de la CFE con
el abatimiento en las celdas de los pozos someros
que ahl se indican para el periodo de 5 anos. La
ubicacion de los pozos someros considerados se
muestra en la ilustracion 2a.

El modelo de manejo representado por la fun-
cién objetivo (3) y su conjunto de restricciones
asociadas constituye también un problema de pro-
gramacion lineal, y su solucidn es el esquema de
bombeo de los pozos de la CFE que minimiza
la suma de los abatimientos en los dos medios
acuiferos dentro de las restricciones impuestas.
Para los pozos de la CFE estas restricciones fue-
ron las mismas consideradas en el disefo del es-
quema 6ptimo A, mientras que para las celdas de
los pozos someros se permitid un ambatimiento
maximo de 20 m en el periodo de 5 anos,

La solucién al modelo de manejo de acuerdo
con este disefio se muestra en el cuadro 4, y al
comparar estos resultados con los obtenidos en
el disefo previo se puede notar que la distribucién
del bombeo de los pozos de la CFE es marcada-
mente distinta; por ejemplo, los pozos 2, 3y 18
operan en el esquema 6ptima A pero no en el B,
mientras que los pozos 5, 8, 16 y 21 bombean en
el esquema 4ptimo B pero no en el A,

Es importante destacar que se ensayo el di-

4, Esquema de bombeo de los pozos de ia CFE para una de-
manda de 450 I/s

1989
Pozo ajustade Optimo A Optimo B
2 46 63 0
3 48 52 0
4 36 75 76
5 20 0 34
7 39 [ 0
8 28 0 42
9 as 0 0
11 8 33 28
12 36 Q 0
13 8 o] 0
14 6 0 0
16 10 [ 37
17 16 75 75
18 24 32 ¢
19 3z 49 49
20 9 71 71
21 49 0 38

-0 Predmafmz—,dﬁabaumienlo del nivel estdtico {en: me‘tros) con
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sefio de ambos esquemas Optimos para deman-
das de agua mayores que 450 /s, resultando que
en el caso del esquema A no fue factible oblener
una solucién éptima con una demanda de 700 I/s,
mientras que en el caso del esquema B, el método
de optimizacién no convergidé para una demanda
de 550 I/s, lo cual significa que no es posible salis-
facer estas demandas sin violar las restricciones
{isicas que condicionan la explotacidn del sistema
aculfero.

Prediccion de la evolucién del nivel rstatico

La evolucién del nivel estatico en ambos medios
se predijo mediante el modelo digital Ge fiujo para
un horizonte de 5 afios tomando como niveles
iniciales los correspondientes a enero de 1989,
En ese afo, que es ¢l Ultimo con registro hidro-
métrico, el bombeo conjunto de los pozos de la
. CFE tue de 374 I/s (véase cuadro 5). Con el fin
de comparar consistentemente |la prediccion bajo
este esquema de bombeo con la que resulta de
ios esquemas optimos A y B, se incrementaron
los caudales de los pozos de la CFE del ano
de 1989 para bombear en conjunto 450 I/s, pero
respetando ia aportacion relativa de-cada pozo at
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Oplimizacion del bombeo en el acuifero de Villa de Reyes, San Luis Polosi

‘*'5. Bombeo promedio:de. los pozo:de Ia CFE durante el afio de

-1989 T .
Caudal . B L
~Poze - 1— TUS) - Porcentaje © "
Bateria |
5 168 45
7 326 87
8 23.7 6.3
9 29.0 7.7
12 298 8.0
16 8.1 22
21 407 10.9
Baterla I
13 68 18
14 4.8 13
Baterfa 01l
2 385 103
3 40.1 07
4 294 79
11 6.7 18
17 125 36
18 200 54
19 26.4 74
20 7.2 9
Total: 3741 . 100.0

total bombeado en ese afo. Este esquema se
llamara en lo sucesivo “esquema de bombeo de
1989 ajustado”, y en el cuadro 4 se muestran los
caudales por pozo que o definen.

En las ilustraciones 2a y 2b se aprecia la pre-
diccion de abalimiento de nivel estatico de enero
de 1989 a enero de 1994 en los medios granular
y fracturado, respectivamente, con el esquema de
bombeo de 1989 ajustado. En la ilustracién 2a
se observa un abatimiento maximo de mas de 18
m en el medio granular en la zona del pozo 3, que
decrece hasta 6 m en la esquina poniente del area
de estudio. En cuanto al medio fracturade, se ob-
serva en la ilustracién 2b un abatimiento méaximo
de 26 m en la zona del pozo B, y un minimo de
alrededor de 16;m- €n la porcidn noroeste del area.

Con respecto a la prediccion bajo el esquema
de bombeo optimo A, donde se considera uni-
camente la minimizacion de abatimientos en el
medio fracturado, los abatimientos predichos a
enero de 1994 en los medios granular y racturado
se muestran en las ilustraciones 3a y 3b, respec-
tivamente. En la 3a se observa gue el abalimiento
maximo predicho para el medio granular bajo este
esquema de bombeo es de mas de 23 m al noreste
del area, y el minimo es de 5 m hacia la esquina
poniente. En fa 3b, que corresponde al medio
{racturado, se aprecia un abatimiento maximo de
24 m en la misma porcidn noreste, y una recupe-
racién de niveles (signo negativo en la ilustracion)

-

--eemia m&@roeste .del-area.con.un.maximo de C

:---Jecupemon rde:20 m-en:la;zena del.pozo 12:
B ”’Laf:pr-eﬂlccron de-abatimignto det nivel-estético

~+: zen-eliperiodo-de. enero. de1989-a-enero de 1994

bajo el esquema de bombeo éptimo B se ejem-
plifica en’las ilustraciones 4a y 4b para los me-
dios granular y fracturado, respectivamente. Este
esquema de bombeo fue disefade planteando la
minimizaciéon de abatimientos en el sistema glo-
bal, dando la misma ponderacion a los dos me-
dios acuileros. Como se puede observar en la
ilustracion 4a, el abatimiento maximo en el medio
granular es de mas de 20 m sobre la porcién
noreste del area, con un minimo de 6 m en la
esquina poniente. En la 4b se aprecia en el medio
fracturado un abatimiento maximo de 21 m hacia
e! noreste en la zona de los pozos 19 y 20, y
abatimientos entre 8 y 10 m en la porcidn suroeste
del area.

Conclusiones y recomendaciones

De los resultados de la prediccion bajo los lres es-
quemas de bombeo propuestos, se concluye que
si bien el esquema de bombeo de 1989 ajustado
conduce a los menores abatimientos en el medio

3. Prediccion de abatimlento del nivel estatico (en metros) de
enero de 1989 a enero de 1994 con el esquema de bombeo
dptimo A; a) en el acuifero granular y b) en el acuifero
fracturado

om
L

* Pozo delaCFE

Escalagrafica
5101520
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granular, es también el esquema que ocasiona los
mayores abatimientos en el medio fracturado, con
los inconvenientes del caso para {a operacién de
los pozos de la CFE, en particular para los de la
baterfa 1.

Por otra parte, el esquema de bombeo 6ptimo A
ofrece las mejores condiciones para la operacion
de los pozos de la CFE de las baterias | y li; sin
embargo, provoca los mayores abatimientos en el
medio granular.

En cuanto al esquema de bombeo Optimo B, se
observa que orasicna abatimientos relativamente
pequenos en el medio Iracturado en fas zonas de
las baterias | y l!, v abatimientos menores a ios
que produce el esquema Gptimo A en la zona de
la baterfa Ill. Ademas, como es de esperarse, el
esquema oOptimo B induce abatimientos inferiores
en el medio granular que los obtenidos con el
esquema de bombeo éptimo A.

Comparando las predicciones del esquema 6p-
timo B con las del esquema de bombeo de 1989
ajustado, se observa que aunque este ultimo oca-
siona menores abatimientos en la porcién noreste
del area, su efecto es fuerte sobre la mayor par-

te del medio fracturado, alectando considerable-

mente a la mayoria de los pozos de la CFE.

LY

Dquacnones,anterlores se puede con-
clurr.@"el £squema.de: bombeo éptimo-B.otre-

» Voo Ge WERtajas. de .o:dan..hxdmgeolbglco y_somoeco-

' NOITHco sobre-los otros dos:esquemas. :Desde el
. punto devista operacional, el cuadro 6 indica los
volimenes anuales de extraccidn recomendables.
En este cuadro se aprecia que para la bateria
| sblo los pozos 5, 8, 16 y 21 deberan operar
normalmente, quedando los pozos 7, 9y 12 de
respaldo. Es conveniente que los pozos 13y 14
que conforman la bateria Il se utilicen de respal-
do. En el caso de la bateria lll, la extraccion se
debera elecluar en los pozos 4, 11, 17, 19y 20,
manteniendo los pozos 2, 3y 18 de respaldo.

En todos los casos se recomienda atender a
la hidrometria mensual de los pozos, procurando
que sus volimenes anuales de extraccion se ape-
guen a los indicados en el cuadrc 6. Los pozos
de respaldo sélo deberan operar temporalmente
en caso de {allas mecanicas en los otros.

6. Volumen de extracclén anual recomendado en los pozos de
Ila CFE para una demanda total promedio de 450 /s

Volumen
Pozo (miles de mY)

Baterla |

5 1072

7 o

8 1325

-] 0

12 0

16 1167

21 1198
Bateria i

13 0

14 o
Bateria il}

2 (]

3 0

4 2397

1" 883

17 2365

18 0

19 1545

20 7239

Total: 1419
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Abstract.

This paper addresses the hydroclimatic modeling of mountain front recharge

to regional aquifers. An analytical relationship between the mean seasonal precipitation
and runoff is obtained based on a conceptualization of the hydrologic processes
occurring in hard rock mountainous terrain and a derived-distribution approach where
the input variables are considered to be stochastic and their probability distributions
are transformed into the probability distribution of the output variable by using the
deterministic physical process. In a first-order approximation a relationship between
the seasonal values of precipitation and runoff is obtained. An analytical model of the
seasonal streamflow is then developed where initial abstraction and the long-term
effective subsurface outflow, or mountain front recharge, are viewed as unknown
model parameters. In addition, a procedure that combines the water balance equation

with a relationship provided by the so-called **vegetal equilibrium hypothesis,”’

and

which enables the estimation of effective soil-related parameters jointly with the mean
seasonal evapotranspiration and surface runoff, is introduced. This procedurc is applied

to a mountainous watershed in southern Arizona.

Introduction

The two main mechanisms of natural recharge to regional
aquifers in arid and semiarid areas are channel recharge and
mountain front recharge. While mountain front recharge is a
vital component of the groundwater system in many of these
areas [Feth, 1964}, it constitutes only a minor fraction of the
total amount of water delivered 1o the area by precipitation
and therefore cannot be estimated reliably by *‘gross’* water
balance calculations.

Estimates of mountain front recharge to regional aquifers
are required for management purposes, particularly in order
to determine the safe yield from wells in groundwater basins
where overall recharge is small and development may
readily lead to overdraft conditions. Such basins are com-
mon in arid and semiarid regions. Estimales of mountain
front recharge also provide prescribed flux values for digital
models of regional groundwater flow.

However, data on groundwater wn the mountain and the
mountain front region are ordinarily limited to a few widely
spaced wells, springs, and base flow streams. This scarcity
of data, along with uncertaintics inherent in the data and
calculations, may lead to crrors of up to an order of
magnitude in the estimation of mountain front recharge
[Belan and Matlock, 1973).

With regard to the inverse problem in groundwater hydrol-
ogy, also known as the groundwater parameter estimation
problem, Carrera and Neuman [1986b] found that pre-
scribed head conditions at the aquifer boundary resulted in
smaller sensitivities than prescribed nonzero fux; hence this

Copyright 1994 by the American Geophysical Union.

Paper number 93WR03369.
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suggests that one should impose the latter condition when-
ever possible. Carrera and Neuman [1986a] posed the in-
verse problem in the framework of maximum likelihood
estimation with prior information about the parameters. In
their formulation the prior head errors and the prior param-
eter estimation errors were assumed to lack cross correla-
tion, and for this reason, they cautioned that head values
used for inverse modeling must not be used to denive prior
parameter cstimates. This rules out the usc of flow net
analysis to provide prior information about mountain front
recharge for inverse modeling purposes, at least within the
framework of Carrera and Neuman's approach.

Prior estimates of mountain front recharge can be obtained
with the aid of environmental isolopes [Stmpson et al., 1970;
Gallaher, 1979; Olson, 1982] and hydioc’izinical mass bal-
ance calculations [Thorne, 1982; Adar, 1984]. These meth-
ods are associated with large uncertainties; L.ence according
to conclusions rcached by Carrera and Neuman [1986b)
regarding mathematical conditions for well-posedness, esti-
mates based on them do little to rcduce the degree of
ill-posedness of the inverse problem.

An alternative approach to estimation of mountain front
recharge is the use of hydroclimatic models. Such models
are particularly useful in areas where reasonable records of
rainfall and streamfiow exist but where there is almost no
data on groundwater.

In paper | of this two-part series we develop analytical
models of the seasonal surface runoff and streamflow based
on a conceptual model of hydrologic processes that shouid
approximale some types of ficld conditions, in particular,
hard rock mountainous watersheds where deep percolation
occurs exclusively through fractures; these models (1) are
formulated in terms of parameters with physical significance,

/
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Figure la. Groundwater basin and regional aquifer bound-
aries in plan.

thus facilitating the conceptual interpretation of these pa-
rameters and the development of criteria for regionalization,
(2) make use of data ordinarily recorded at climatological
and hydrometric stations, thus increasing model applicabil-
ity, and (3) favor the inclusion of data obtained by remote-
sensing techniques, such as satellite imagery and aerial
photography, inasmuch as they can rapidly provide a low-
cost characterization of drainage areas and aid in the assess-
ment of some watershed parameters.

We also introduce a quantitative procedure that enables
the estimation of mean surface runoff and evapotranspiration
Jowntly with effective soil-related parameters. This procedure
is developed through the combination of the water balance
equation and a relationship provided by the so-called *‘veg-
etal equilibrium hypothesis' [Eagleson, 1978f]. Initial ab-
stractions obtained in this manner are to be used as prior
eslimates within a stochastic parameter estimation approach
given by Chavez er al. [this issue) (paper 2 of the series)
which incorporates prior information about the model pa-
rameters. This approach is applied to our seasonal stream-
flow model where the long-term effective groundwater run-
off, or mountain front recharge, is viewed as one of the
model parameters,

Conceptualization

To set up a conceptual framework for the development of
analytical models of the seasonal surface rvnof! 2nd stream-
flow and a procedure to estimate mountain front recharge,
the following definitions are introduced (in agree.nent with
Wilson et al. [1980]): (1) a groundwater basin is an area
within which groundwater flow paths are toward a regional
aquifer, (2) a regiconal aquifer is the largest body of continu-
ous saturation in a groundwater basin, (3) a local flow system
is a small, saturated groundwater flow system that is isolated
from the regional aquifer, and (4) a regional flow.system is a
saturated system that is connected to the regional aquifer.

In many areas the groundwater basin coincides with the
watershed boundary. Wilson et al.’ [1980] emphasized the
distinction between the regional aquifer boundary and the
groundwater basin, as well as the difference between the
regional aquifer boundary and the base of the mountain.
These differences are shown in Figures 1a and 1b, and both
local and regional fiow systems are illustrated in Figure 2.

Mountain front recharge is defined by Wilson et al. {1980]
as recharge which occurs along the portion of the regional

- :Qround water basin
2 houndary

—

C - e Roo&onl!' aguiter
. ~ boundary

Water table

Figure 1b. Groundwater basin and regional aquifer in
cross section. .

aquifer boundary that parallels a mountain area. According
to this definition the components of this type of recharge are
(1) the infiltration of streamflow from the washes and rivulets
between the bases of the mountains and the regional aquifer
boundary and (2) the subsurface inflow from the mountain
mass to the basin-fill sediments.

In mountainous terrain, the permeability of which is
fracture controfled, subsurface inflow includes both ground-
water flow through fractures and underflow through the
sediments of the washes and canyons that drain the moun-
tains. In this paper we deal only with the estimation of
subsurface inflow from the mountain mass to the basin-fill
sediments, which, in terms of the mountainous watersheds,
is the subsurface outflow. Here we will use this term and
mountain front recharge interchangeably.

Our conceptualization of the hydrologic processes that
occur in mountainous hard rock terrain, and that ultimately
determine mountain front recharge, includes the following
assumptions and simplifications: (1) no consideration is
given to snow or ice, (2) soil cover is small or nonexistent,
(3) permeability of the mountain mass is secondary and
fracture conirolled, (4) porosities and permeabilities may
develop in the upper zone of the bedrock by surface distur-
bances such as small fractures, cracks, and weathering, (5)
only vertical water flow occurs in the upper unsaturated

A

Recharge

Lo;cnl ST
flow syatems

Reglional aquiters ™ -

Reglonal
flow sysiem

Figure 2. Local and regional flow systems in the moun-
tains.
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Figure 5. Generation of surface runoff R; during a typical
storm.

equals the storm depth h. If 1, > h,/i, as shown in Figure 5,
initial abstraction is satisfied, and surface runoff is generated
starting from time ¢ = h /i until time 1 = ¢,.

Based on our assumption that areal infiltration does not
contribute to deep percolation and because of the finite
storage capacity of the upper zone of the bedrock, infiltra-
tion capacity must approach zero at large times. With no
physical analogy to the matrix' infiltration equation, we
model infiltration capacity by

Si=(h,)' 71 )

where it is assumed that the infiltration rate is equal to
infiltration capacity once initial abstraction is satisfied.

The cumulative distribution function of the storm surface
runoff can be found according to

Prob [R; < z] = FIR,] = ff fi, t,, h) dR  (3)
R(z)

where f{i, 1,, h,) is the joint probability function of storm
intensity, storm duration, and initia! abstraction, and R(z7) is
the region of integration. In a zero-order approximation we
will consider A, to be a constant at its space and lime
effective valrc, thus forcing all variability to come from the
storm parameters, and equation (3) becomes

0 . t,

Figure 6. Integration region for probability of surface run-

off.
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Figure 7. Calculation of surface runoff distribution.

F[Rj] =f S, r,.lh,) dR =j fli, 1) dR (4)
. R(2) Riz)

where the region of integration is illustrated in Figure 6.

The integration of the joint distribution f{i, r,) from the
axes out to the dashed curve 1, = 1, gives the probability
that no surface runoff occurs. Integrating all the way out to
the curve R, = z provides the probability that a paniicular
storm will_producc R, = 2.

We will derive the probability distnbution of surface
runoff by intcgrating the difference between rainfall intensity
and the infiltration equation over the duration of a rainstorm.
Infiltration is assumed to occur uniformly over both the bare
and the vegetated portions of the surface. Hence

R, = J’" (i = ()2 V) dr = ig, = 2k, )+ R, (5)
h i

where R, is surface runoff generated by the jth rainstorm.
Now, by assuming that storm intensity i and storm dura-
tion ¢, arc independent and exponentially distributed,

fli, 1) = ade 275" (6)

where o' ‘|§ -?lhe‘:mcan storm ntensity, 67! 1s the mean
storm duration, and because of the.independence assump-
tion, a“'&T:: is the mean storm depth, equal to my. Using
(6), we can prepare a three-dimensional view of the proba-
bility calculation of (4), as shown in Figure 7.

Substituting (6) into (4) and using (5) gives

Prob [R; < z]
= (2+20h,2) " +hi, ,
=a§f P d.r,f ¢ "emvidi(7)
4] 0
or
Prob [R, < z] = 1
-8 f exp (=8¢, — (alt )z + 2(h,2)"2 + b)) d1, (8)
] .

and finally

G
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7 szone of the .bedrock, (& sturc storage.capacity. of the
@ s upper:zone of the bcdrock lrnot:cxcoeded -during-a rain-
s anStormevent (7).3::314nﬁltraﬂon ‘docs.not.contribute to deep
~a- rouipescolation~(8).deep percolation:eccurs.only.ithrough frac-

259

- h:tures connected to alocal flow system or tothe regional flow

© system, (9) fractures where deep percolation occurs collect
water from surface runoff (overland flow and/or channel
- flow), (10) water collected by these fractures is instantly
drained and hence is not available for evaporation, (11)
channel precipitation is negligible, (12) evaporative losses
from surface runoff are negligible, (13) water infiltrated along
the drainage channels is not available for evapotranspiration,
{14} local fiow systems which feed springs and drainage
channels may be present in the mountain mass, (15) the
regional aquifer may be replenished by groundwater flow
through fractures and by underflow through the sediments of
the drainage channels, and (16) the replenishment to the
regional aquifer is stationary in the lohg term.

Analytical Models of the Seasonal Surface
Runoff and Streamflow

in this section an analytical model of the seasonal surface
runoff is introduced; by virtue of our conceptualization of
the hydrologic processes in the mountainous area, this is
equal to water yield. A seasonal streamflow model is then
derived on the basis of the definition of water yield. This
model includes long-term effective subsurface outflow
{mountain front recharge) as a model parameter.

M~odeling Approach

We adopt the approach that, in applied statistics, is
referred to as one of “‘derived distributions.’” In this ap-
proach the input variables are considered to be stochastic,
and their probability distributions are transformed into the
probability distribution of the output variables by use of the
deterministic model of the physical process. This approach
is illustrated in Figure 3.

Precipitation is represented by a sequence of randomly
sized and spaced rectangular pulses (Figure 4). This ap-

proach enables us to conveniently represent the distribution’

of two critical periods, the duration 7, of precipitation during
which infiltration and/or surface runoff occurs and the inter-
val between storms, ¢, duning which evapotranspiration
occurs [Eagleson, 1978a, b]. )

parameters
(fixed and uncertain)
r L ]
Ky Kz K3
hL{1)
(1) | simplified
stochastic | la(1) deterministic
input = dynamic 01
process . process
o(t) = o[I(1)]
Figure 3. A simple statistical dynamic process.

(a} actual -

rainfall t, t,
intensity

i I |

4 -
0 t
(b) model

Figure 4. Model of precipitation event senes.

Surface Runoff

First, in the manner of Eagleson [1978¢], we will derive
the probability distribution of surface runoff on an event
basis 1o establish a relationship between the expected values
of seasonal runoff and rainfall. Then, in a first-order approx-
imation, a relationship between the seasonal values of pre-
cipitation and runoff will be obtained.

In order to medel surface runoff generation, a quantitative
model of infiltration is required. Some authors {Eagleson,
1978¢c; Clapp, 1982; Milly and Eagleson, 1982; Milly, 1986] -
developed event-based simulation models of vertical water
flow in the soil that were formulated in terms of basic soil
hydraulics parameters and expilicitly incorporate soil water
dynamic processes. In particular, Milly [1986] used the
hydrologic concept of time condensation and simplified soil
moisture kinematics to allow closed-form solutions of the
Richards equation to serve in continuous simulation of the
vertical exfiltration and infiltration under randomly varying
forcing.

In this work we adopt a simpler and essentially conceptual
approach to model infiltration into the uppsr zone of the
bedrock which includes initial abstraction as the only soil-
related parameter and facilitates the analytica® derivation of
the probability distribution of surface runeft. In this ap-
proéch we assume that infiltration and surface runoff occur
during a storm period, whercas evapotranspiration occurs
during an interstorm period, exclusively.

We represent rainstorms by a sequence of randomly sized
and spaced rectangular pulses where, for any single storm,

(8))

where i is rainfall intensity (L/T) and ¢, is storm duration.
The generation of surface runoff during a rainstorm starting
at ¢ = 0 is represented in Figure 5. In this figure, ¢, is time
at which initial abstraction &, is satisfied, and f75 is infiltra-
tion capacity.

In this mode! of surface runoff generation there is an initial
withdrawal of rainfall to satisfy initial abstraction k. If 1, =
h,/i, there is no surface runoff, and the rainfall withdrawal

v

i(r) = i = constant; O=r=1y,
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..2# +Prob {R,<z.] =1 2&.3;‘”{:”’ + h ”2)

K{:(«S)”’(z iy, h ”2)] l(-9_)

where K, [. ] i:fthc‘modiﬁcd Bessel function of order one.

- The probability of zero surface runoff is
Prob (R;=0] = 1 — 2(abh,}) 'K \[2(a 8k,)'7]

and hence the probability density function AIR;) must be a
compound distribution having ah impulse given by (10) at the
origin with a continuous portion of area
Prob [R; > 0] = 2(abh,) 'K \[2(a8R,)'?] (11)
To obtain the probability density function of R;, we first
approximate (9) for large z, as follows: ‘

Prob [R,<z] =1 - 2(ab2)'?K [2(as2)'"] (12}

anql diﬂ'cremialin'g this equation we get, for large R,,

AIR)) = 2a8Ko[2{a8R) '] (13

where Ky[ ] is the modified Bessel function of order zero.
From the above approximation the area of the continuous
part of the density function is

FﬂR,) dR; = | (14)
]

which is different by the factor
2Aadh,}' K [2abh,) ]

from the true value given by (11).

We now approximate the continuous portion of the prob-
ability density function of surface runoff over its full range
by (13) rescaled through multiplication by the above factor in
order to give it the proper area. That is,

AR} = 4(a8)¥(h,) K [2abR) "PIK [2abh,) ],

R;>0 (15

The mean value of the complete distribution is then

Ev [R}= F‘ﬂRj) dR; = 2(hJa8)" 2K [2abh,)"?]
0 .

(16)

We now obmm an expression for the expected value of
seasonal surface runoff. By the assumption of independent i
and r,, ad -may be replaced by the reciprocal of the mean
storm depth, m,_,' , in (16}, that is,

Ev [R}] = 2(h,m ) 2K [2(h Imy) "] an

Summing the random variable R; over the random number
of rainstorms per season, v, defmes the seasonal surface
runoff R,:

=> R (18)
i=1
and its expected value, Ev [R,], is given by
Ev[R,)J=m, Ev (R;] (19)

/

(10

) 2

T }he_-shmt: mannes .we:express. the total rainfall per

(3 .0r SeAs son i ms.of the mdwndual storm.depths as
e P= k (20)
. Lo
of which the expected value Ev [P,] is given by
Ev [P,]=mp,= m,my (2n
Finally, by using {17) and (21}, we write (19) as
Ev [R,] = 2(h,m Jmp) 7K \[2(h,m imp) " "), (22)

Thus far, we have the relationship between the expected
values of seasonal surface runoff and rainfall provided by
(22). In the manner of Eagleson [1978g] the relationship
between the scasonal values themselves is given in a first-
order approximation as

R,=2(hJh,)'K [2(hth,)"?1P, 23)

The variation of the surface runoff function R ,/P, with the
initial abstraction ki, for selected values of the average storm
depth in the season, 4, is illustrated in Figure 8.

Seasonal Streamflow

In our conceptual model of the hydrologic processes in
mountainous arcas, deep percolation occurs only through
fractures which collect moisture from surface runoff, that is,
from overland flow and/or channel flow, We also assume no
evaporative losses from surface runoff. Therefore in this
case, surface runoff is equal to water yield. Taking this fact
into account, and by definition of water yield, the seasonal
streamflow (., as measured at the base of the mountain, is

Q. =R, -G, (24)

where R, and G, arc the seasonal surface runoff and
groundwater runoff, respectively.

By making the simplifying assumption that all variation in
¢, comes from variation in precipitation, we will consider
G, to be fixed at its long-term effective value G, and (24)
becomes

o,=R,-C (25)

“This equation, with R, given by (23), provides an analyi-
ical model to estimate the seasonal sireamfliow in terms of
the seascnal rainfall P,, the average storm depth in the
season, #,, and the unknown parameters of the hydrologic
process, namely, the space and time effective initial abstrac-
tion #, and the long-term effective seasonal groundwater
runoff, or mountain front recharge, G.

Mean Seasonal Water Balance

The change in soil moisture storage is usually neglected in
the mean annual water balance. If this change is considered
small for a particular rainy season, it is assumed that the
system is stationary in the mean, and because surface runoff
is assumed equal to water yield in our case, the water

balance is expressed as
Ev [P,)=Ev[E;]+Ev[R,] (26)

where :
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Figure 8. Plot of surface runoff function.

Ev[ ] expected valueof [ ];
P, seasonal precipitation;
£, seasonal evapotranspiration;
R, seasonal surface runoff.

¥

The expected value of seasonal surface runoff can be
calculated by (22). On the other hand, Eagleson [1978d]
derived the expected value of seasonal evapotranspiration in
terms of soil and vegetation properties, potential evapotrans-
piration, and the known distributions of storm depth and
time between storms. In the appendix a modification of the
Eagleson expression for the interstorm bare soil evaporation
is presented (equutions {A1)(A3)), where in view of our
conceptualization of the hydrologic processes in hard rock
lerrain, capillanty rise from the water tablc is neglected. The
expected value of zeasonal evapotranspiration can be com-
puted by (A7).

Eagleson selected a gamma distribution for the storm
depth in the derivation of the expected value of scasonal
evapotranspiration. This distobution is inconsistent with the
exponeatial distributions of storm intensity and storm dura-
tion that, for analytical tractability, were assumed to derive
the relationship between mean seasonal surface runoff and
rainfall (equation (22)). However, this inconsistency should
be of minor practical relevance in the general case. Further-
more, it must be emphasized that (26) will be used in
combination with a relationship provided by the ‘‘vegetal
equilibrium hypothesis’™ in order to obtain an estimate of
effective initial abstraction that is intended to serve only as

prior information in the procedure for stochastic parameter
estimation introduced in paper 2.

Vegetal Equilibrium Hypothesis

If the surface retention capacity and the climatic and
vegelation parameters are known, the evaporation parame-
ter E in (A7) remains to be determined. This parameter is
also called the bare soil evaporation effectiveness and rep-
resents the relative importance of soil properties in the
dynamics of exfiltration. Equation (22) involves the space-
and time-effective initial abstraction &, , a soil-related param-
eter which also remains to be evaluated. Consequently, the
waler balance equation (26) includes E and &, as unknown
paramelers, and an additional relationship is necessary to
solve for them. This relationship will be provided by the
so-called ‘‘vegetal equilibrium hypothesis.”

Although the dynamics of the climate-soil-vegetation sys-
tem have been long recognized, the mechanism that drives
the interaction among the components of the system has not
been weil understood. A remarkable contribution to bndge

-this conceptual gap was made by Eagleson {1978f] through
the development of the vegetal equilibrium hypothesis. This
hypothesis proposes that the natural vegetation density in a
watershed will seek, through natural selection, an optimal
*“climax’" value at which available soil moisture is a maxi-
mum. The hypothesis operates during the vegetal growing
season and was reasonably verified by Tellers and Eagleson
[1980] with data from 11 watersheds in humid and arid
environments,

One practical implication of the vegetal equilibrium hy-
pothesis is that it is possible, knowing the climale, to
determine effective hydrologic properties of soils through

é
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~observations of.the ﬁlﬁggy.eovcr density. . This: capability
.~ »~makes:it.useful in regional:-hydrologic studies.
-+ 2L Fhewvegetal equdlibrium hypothesis-states:that; in the short

.

| s termm,-natural.vegetation systems.of.a given:plant cocflicient

- -+ <kg which is:the-ratio-of potential-rates of: transpiration and

. soil surface evaporation, reach-a “‘growth equilibrium™

density M = M, at which the soil moisture is maximum
because, at this state, stress is minimized. Maximum soil
moisture is equivalent to minimum soil moisture loss by
evapotranspiration. In practice, however, it is total evapo-
transpiration Ev (E7,] that is minimized. Thus

? Ev [ET‘]

PYY; 1) at

M =M, 27

VEHBAL Procedure

Modifying the computational procedure of Tellers and
Eagleson [1980}, the evaporation parameter E and the initial
abstraction A, are estimated through the water balance
equation (equation {26)) and the relationship provided by the
vegetal equilibrium hypothesis (equation (27)) in the follow-
ing sequential process, which for (uture reference we will
cali VEHBAL:

1. Pick a value for the evaporation parameter E and use
(A7) to calculate seasonal evapotranspiration Ev [Er ] for
different values of M until (27) is minimized. If the vegeta-
tion density obtained is not equal to the observed value M,
E is incremented and a new M is found. Once the process
converges, both E and Ev {E r,] are determined,

2. Pick a value for the initial abstraction /, and calculate
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Figure 9. Location of study area.
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Figure 10. Lower slopes (L) and tops of the mountain (U)
in Sabino Creek Walershed and its adjacent mountainous
arca (A).

seasonal precipitation P, through (26) and (22), using the
value of Ev [E1 ] previously determined. If £, is not equal
to the mean seasonal precipitation mp , the value of 4, is
changed and a new computed precipitation is obtained. Once
this process converges, A, is determined.

Application to a Mountainous Watershed

Effective soil-related parameters are estimated jointly with
mean seasonal evapotranspiration and surface runoff for the
Sabino Creek watershed in southern Arizona. Inasmuch as
the vegetal equilibrium hypothesis operates during the veg-
etal growing season, which for the percnnial species of the
mountainous areas in the Basin and Range Province of North
America is the summer rainy scason [Shreve, 1915], we
restricted the estimation to this peried, which in the study
area exlends over the months of July, August, and Septem- -
ber. We also assumed that the change in soii moisture
between the start and the end of this rainy season is
negligible, so that (26) holds, and the VEHBAL procedure
may be applied.

Sabino Creek drains a portion of the Santa Catalina
Mountains (Figures 9 and 10), and jts watershed extends
from 2800 f1 (853 m) at the outlet to over 9000 ft (2743 m) at
the highest points. Two major subareas can be identified in
this watershed, as well as in many other mountainous
watersheds in the Basin and Range-Province, namely, the
lower slopes (L), characterized by relatively sparse xero-
phytic vegetation, and the tops of the mountain (U), char-
acterized by evergreen woodlands and coniferous forests.
The VEHBAL procedure was applicd separately to each of
these two major subareas. .

The average rate of potential cvapotranspiration was
calculated for the period 1965-1974 using Van Bavel's [1966]
cambination form of the Penman [1948] equation:

_ _qr(]hA)_'q_b+H

28)
€07 T LAl + y/A) ¢

in which

g; average rate of insolation;
g, average rate of net outgoing longwave radiation;
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SR R Tablt - 2Computation-of -Potential Evapotmnsﬁ@ﬁ_i_tjﬁ&it;‘éabino Watershed (Summer
" .:f_:ainy.'-Scasot_l)"-_. T - l.—'-_“f";ﬁ-—._‘-*—"" _ :
— _- Ny = < ‘_" . . "‘a." '_ -
~Subarea . T,,°C.. N S -G." b2 gy HY 1+ MA emd™!
L 248 - 0.42 0.48 558 . 0.14 124 - 537 C 1347 A.513
U 8.4 0.42 0.57 558 0.14 134 52 1.517 0.439

- *Units are in calories per square centimeters per day.

H average residual sensible heat fiux; - _

A shortwave albedo of surface:
3

p. mass density of liquid water, 1 g cm™;
L, latent heat of vaporization, 597 cal g~';
¥/A atmospheric parameter, a function of atmospheric

temperature.

The average rate of insolation was calculated from records
at the University of Arizona in Tucson, compiled by Handy
and Durrenberger [1976). An albedo value of 0.14 was
assigned to the rocky surface of the mountainous watershed
[Eagleson, 1970]. The net outgoing longwave radiation was
estimated from Eagleson [1977] as

gy = (1 — 0.8N)
+(0.245 — 0.145 x 107" cal em ? min ™' (29)

where N is seasonal fractional cloud cover, and T, is the
average seasonal atmospheric temperature in degrees keivin.
The average “‘drying power’* H of the atmosphere was
evaluated from Eagleson [1977]:

H = g,/0.25 + 1/(1 - 5] (30)
where § is the average fractional relative humidity.

In turn, the atmospheric parameter was calculated from
Eagleson [1977].

1

— = 0.42 + 0.013T
| — yia @

an

with the average seasonal temperature in degrees Celsius.

The atmospheric iemperature, cloud cover, and relative
humidity were all obtained from National Weather Service
(NWS) pubdlications and averaged over the summer rainy
season (July, August, and September). The climatological
stations involved were Sabino Canyon, near the base of the
mountain, and the high-altitude station of Palisade Ranger
(Figure 10). Representative vaiues of temperature and rela-
tive humidity for subareas L. and U were obtained by linear
interpolation between both stations. Cloud cover observa-
tions were available at Sabino Canyon only, and the seasonal
value at this station was assigned to both subwatersheds.

Precipitation at the same climatological stations was also
obtained from NWS publications. Duckstein et al. [1973]
reported an approximate linear increase of mean seasonal
precipitation with elevation on the Santa Catalina Moun-
tains, and linear interpolation was employed (o assign rep-
resefitative values of mean total precipitation to subareas L
and U. Data involved in the computation of mean potential
evapotranspiration are listed in Table 1.

Likewise, statistical parameters in (A1) were estimated for
subwatersheds L and U from linearly interpolated mean
values of the storm-related variables. Following Tellers and

Eagleson [1980], a value of 0.1 cm was assumed for the
surface retention capacity in both subwatersheds.

Vegetation coverage was reported by Whitraker er al.
[1968] 10 be around 30-50% in deserts of the lower slopes of
the -Santa Catalina Mountains and 60-80% in woodlands of
higher elevations. In this work we selected canopy density
values of 40 and 70% for subareas L. and U, respectively.
Climatic and vegetation parameters at Sabino Creek Water-
shed are listed in Table 2.

With respect to the plant coefficient £,,, information is not
available for the individual subwatersheds L. and U. Thus we
will approximate its value with the following procedure.
Eagleson and Tellers [1982) derived a theoretical relation-
ship between average evapotranspiration efficiency 8 and
equilibrium canopy density M. The former is defined as the
ratio of the average annual evapotranspiration to the average
potential bare soil evaporation. By superimposing theoreti-
cal curves to the observations of My and B at 11 watersheds
covering 2 wide range of the and-humid climatic spectrum,

-they found that the observations lay from slightly below the

theorctical curve for k£, = 0.60 to slightly above the curve
for k, = .00,

Inasmuch as the plant coefficient tends 1o be smaller for
plants of the arid zone, we applied the VEHBAL procedure
selecting the values 0,55, 0.56, and 0.57 for subarea L and,
more arbitrarily, the values 0.69, 0.70, and 0.71 for subarea
U. The sensitivities of the mean summer evapotranspiration
1o vegetal canopy density at subarea L (k, = 0.55) and
subarea U (&, = 0.69) are shown in Figures 11 and 12,
respectively.

Results from the VEHBAL procedure are listed in Table 3
where, in particular, we notice a rather high sensitivity of the
compuied initial abstractions to the plant coefficient . In
general,-this coefficient is difficult to evaluate with a high
accuracy for most of the individual watersheds or subwater-
sheds. The uncertainty of the initial abstraction can be
assessed by specifying realistic upper and lower limits of k,
for cach case under consideration.

{n paper 2 a stochaslic parameter estimation approach
which relies on streamflow data and incorporates prior
information aboul the model parameters will be introduced.
This procedure will be applied 1o our model of scasonal
streamflow (equation (25)) to obtain improved estimates of
the initial abstractions h, ( and h, y along with mountain
front recharge G. These estimates can then be used to adjust

Table 2. Climatic and Vegetation Parameters at Sabino
Watershed (Summer Rainy Season)
My, h 5 €y, B, my,
Subarea cm cm cmd! Kk da-! days My
L 20.57 075 0.513 064 0360 92 0.40
U 28.10  1.02 0.439 0.74  0.2360° 92 0.70

g
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m 2 I D . .: Table 3, :ZApplication of the-VEHBAL Procedure to ~~
. R Tt L Ae SeSabing Wtershed (Summer:Rainy Season) .
- 780 B - . e —r s - - . -
T e o e EMEL ]+ BHR,L
-z -2 -.xSubarea 4, .. E - chiom - rTm ©r :em
20y . - ' o L~ 0S5, .08 cL70 - I8.67 - 1.90
' . - L " 0.56 0.19 1.95 19.03 T .54
E, #0{ g A L 057 020 229 19.38 119
fem} ' o U 0.69 120  2.78 26.13 1.97
2200 L] u 070 1.25 314 26.49 1.61
\ 2 U 0.71 1.3 1.67 26.89 1.22
2100 - q“ .d
. me,
o \/
1900 - . . .
proach where the input variables are considered to be
1800 stochastic and their probability distributions are transformed
into the probability distribution of the output variable by
1700 - — , — using the deterministic physical process.
0O 010 030 0CM D40 050 X [+ 3 <] R A e s . .
! " nee oo 0% e 2. The deterministic interface is provided by a model of
surface runoff generation that should approximate many field
Figure 11. Sensitivity of mean ssmmer evapotranspiration  situations, in particular, hard rock mountainous terrain

to vegetal canopy density at subwatershed L.

the mean seasonal values of the water balance components
computed here. In the context of this stochastic approach for
parameter estimation, the values of &, | and k, y, obtained
through the VEHBAL procedure, are regarded as prior
estimates, the uncertainties of which are incorporated into
the formulation. We will apply this approach by introducing
each of the nine combinations of h, | and A, , values shown
in Table 3 as prior information about the initial abstractions
and selecting the ‘‘best”” combination based on consistency
with the rest of prior data and using the analysis of the
stochastic properties of the estimators.

Conclusions

1. An analytical model of the mean seasonal surface
runoff was developed through a derived-distribution ap-
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Figure 12. Sensitivity of mean summer evapotranspiration
to vegetal canopy density at subwatershed U.

?

where the permeability is secondary and fracture controlled.

3. A relationship between the seasonal surface runoff
and precipitation was established on the basis of a first-order
approximation to the relationship between their mean sea-
sonal values.

4. In virtue of our conceptualization of the hydrologic
processes occurming in hard rock mountainous areas, surface
runoff equals water yield, and an analytical model of the
seasonal streamflow, as measured at the base of the moun-
tain, was derived directly from the definition of water yield.
In this model the initial abstraction and the long-term effec-
tive subsurface outflow, or mountain front recharge, are
viewed as unknown model parameters.

5. A numerical procedure that enables the estimation of
mean seasonal evapotranspiration and surface runoff jointly
with the evaporation parameter and initial abstraction was
introduced. This procedure, called VEHBAL., combines the
waler balance equation with a relationship provided by the
*‘vegetal equilibrium hypothesis.™

The VEHBAL. procedure was applied 10 Sabino Creek
watershed in southern Arizona for the lower slopes and the
tops of the mountain scparately, inasmuch as the contrast in
vegetation type and slope between these two major subareas
should determine different soil-related hydrologic proper-
ties. :

6. The output from the VEHBAL procedure exhibits a
rather high seasitivity o the plant coefficient &, which, in the
general case, is difficult to evaluate with a high degree of
accuracy. The estimate of effective initial abstraction ob-
tained here can be improved through the procedure for
parameter estimation presented in paper 2. This procedure
enables the incorperation of prior information about the
model parameters and provides the stochastic properties of
the estimators.

7. An analytical model of seasonal streamflow for the
winter season that considers surface runofl generation by
both rainfall and snowmelt remains to be developed in
agreement with our general approach. We observe, how-
ever, that the **vegetal equilibrium hypothesis'” could not be
invoked in this case 1o obtain prior estimates of soil-related
parameters because the hypothesis does not operate during
the dormant season of species.
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- Appendix

sonal evapotranspiration - in-terms -of soil and vegetation
»properties, potential- evapotranspiration, and the known
distributions of storm depth and time between storms. He
first calculated the bare soil evaporation and vegetal transpi-
ration for an interstorm period and then averaged over the
rainy season. By using an exfiltration analogy to the Philip
infiltration equation and selecting an exponential distribution
for time between storms and a gamma distribution for storm
depth, Eagleson obtained an expression for the expected
values of bare soil evaporation in the interstorm period j,
Ev[E 51]. By ecliminating those terms that include capillarity
rise from the water table because of our conceplualization of
the hydrologic processes in mountainous terrain, that ex-
pression is written as

- B vlx, Ahg)
EV[ :}] e_ F(K) [

4

ﬂho/épJ"
+
Ahy

. Y[Kv ’\h0+Bhﬁle-p] —BE

(x)

[ v, “lo]]
T A L s
Fix}

. {l _ e—BE-ﬂhJ!,[l + Mkv‘l' (ZB)UZE]

+ e CETBME MK, + (20) )

+ (2E) e BN y(312, CE) -

+ [l + ﬁhde_”} h

v(3/2, BE)]}

7[’(, Ah(] + 5"0’9-;-]
T{«)

Ahg
{QE)"?[y(312, CE) - y(3/2, BE)]

+ e "CE[Mk,+ (2C)'E}

~ e B Mk, + (2B)'E]} (Al)
where
1- M MU,
ST+ Mk, 201 + ME)? (A2)
C=3{Mk,)™ (A3)
in which
€, long-term average rate of potential

evapolranspiralion;
vegetation canopy density;
plant transpiration coefficient;
evaporation parameter;
reciprocal of mean time between storms;
parameter of gamma distribution of storm
depth;
parameter of gamma distribution of storm
depth;

h, surface retention capacity;,
I'( ) gamma function;

x'mmckg

Do

-}=_.1m:omplctc gamma function.
"ﬁta_

_A-zr.Evapotransp:muon:from- nmura.!-surfaccs Js.composcd of i iniﬁgkson expressed-the.expected valuc-of chcml
v o uevaporation -from: ‘barcvsml-andﬁranspnmnon*fmm regeta:iv: ms.ﬁ‘ﬁucm'*htmm period j; By {E£,]), as )
©intion. Eaglesoni [1978d]- -derived:the:: .expected- value: of: sea-

-.:-‘.' - K]

- Ev[E,]= F k, -(A4)
where he assumed that transpiration is always at the poten-
tial rate £, and that k, reflects the effective area of transpir-
ing leaf surface per unit of vegetated land surface, thus using
it as an amplification factor to approximate the surface
retention loss from vegetation.

By weighting (A1} and (Ad) according to the canopy

. density, the expected total .interstorm evapotranspiration
Ev [E7)] is given by

Ev [ET,] =({ - M) Ev [E’:] + M Ev [EUJ} (A5}

If v is the number of interstorm periods in a season, the
seasonal evapotranspiration Er is

, Er =D, Er, (A6)
s=1
of which the expected value is
Ev[Er]=m, Ev[Es} (A7)
where
m, = Ev {v] (AB)
Notation

A shortwave albedo of surface.
€, long-term average rate of evapotranspiration.
E evaporation parameter.
E, soil moisture evaporation from bare soil
fraction.

Er total evapotranspiration.
E; seasonal evapolranspiration.
E, 1ranspiration from vegetated fraction.

ft infiltration capacity.
.G long-term effective seasonal groundwater
runofl (or mountain front recharge).
seasonal groundwater runofl.
h storm depth.
hy surface retention capacity.
h, space- and time-cffective initial abstraction.
h, average storm depth in a season.
H residual sensible heat flux.
i rainfall intensity.
Jj counting variable for events.
k, plant coefficient.
latent heat of vaporization.
mean storm depth.
average scasonal precipitation.
mean number of storms per season.
, mean length of rainy season.
M vegetation canopy density.
equilibrium vegetal canopy density.
fractional cloud cover.
P, seasonal precipitation.
g, net rate of outgoing longwave radiation.
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- . = g;irate ofiinsolalion at surface. Co
o,
... "R+ .region-of integration: = = "
.. R,..seasonal _surface munoff.
- § w[ractiopal ‘rclatwe humidity; L.
r time.
t, time at which initial abstraction is satisfied.
p  time between storms.
t, storm duration.
T, atmospheric temperature.
Z value of storm surface runoff.
a reciprocal of average rainstorm intensity.
B reciprocal of mean time between storms.
& rteciprocal of average storm duration.
y/A atmospheric parameter.
x parameter of gamma distribution of storm
depth.
A parameter of gamma distribution of storm
depth.
v counting variable for number of storms.

p. mass density of evaporating water.
Ev [ ] expected valueof [ ].
I'( ) gamma function.
Yl . 1 incomplete gamma function.
Kgl 1 Bessel function of order zero.
K,[ ] Bessel function of order one.
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The model area also encompasses most of the

Lightning Dock Known Geothermal Resource Area

"(KRGA) which.is.centered. around the. apparcntly
- -localized expression of ‘a: gcothcrmal systcm in the
-1 "€aStemn part. of Lower Animas Valley.-

..... " The.climate is semiarid. with-an avcragc-anm:al

.r;mfall of about 10 inches'(25.4 ¢cm) on the valley
floor and more than twice this amount in parts of
the surrounding mountazin areas. There is no well-
defined surface drainage in the broad, flat lower
portion of the valley, although occasionally surface
runoff reaches playas at the north end of the
valley.

The structural basin which includes Animas
Valley was apparently formed by Basin-and-Range
type normal faulting during the Tertiary Period.
Sediments shed from the rising mountain blocks
were carried by an ancestral fluvial system to a
lake in the north-central portion of the valley.
Sedimentary facies in the unconsolidated portion
of the sequence include fluvial, deltaic, and
lacustrine deposition (Fleischhauer, 1977). Depth
1o well-consolidated bedrock in the basin varies
from less than 85 feet (25.9 m) to more than 1890
feet below land surface.

Ground water occurs under unconfined condi-

tions in most of the valley. A perched aquifer of
poorly defined areal extent is present in the
southernmost part of the model area and, locally,
discontinuous clay layers may define small areas
where there are confined conditions. In general,
ground water flows northward between north-
south trending low-permeable mountain blocks
from a water table divide near the International
Boundary, through Animas Valley, and toward the
Gila River (Reeder, 1957). A large portion of the
southern part of Lower Animas Valiey has been
irrigated with ground water since about 1948.
Subsequentiy, water levels have declined
appreciably over large areas. Recharge directly on
the Lower Aniraas Valley bottom lands prior to
irrigation was probably negligible. Some recharge
from deep percolation of irrigation probably has
occurred after 1948 although based on estimated
rates of consumptive use by crops and water appli-
cations, there is little excess water available for
recharge (Hawkins, 1981). Recharge to the Lower
Animas Valley aquifer presumably occurs along
portions of the mountain fronts having well-
defined drainages and zalluvial fans, and also by
underflow from Upper Animas Valley. Conditions
in the Upper Animas Valley are more favorable for
ground-water recharge than in the Lower Animas
Valley. The upper valley receives more precipita-

tion and has a well-defined surface dramggc system
wzth pcrmcabic strecam courses.

. Zp=% - 'MODEL SELECTION-

- -Our general:objective.in this-investigation-was

—:o develop a-calibrated ground-water flow moddl
~ which would .enable us to-better.understand the

hydrogeology of the principal aquifer near the
KGRA, s a first step in simulating long-term
impacts due to geothermal development. Aftera
review of available aquifer data it was felt thata
three-dimensional treatment was not warranted,
and therefore a two-dimensional finite-difference
method was chosen. Although a number of
computer codes are available to handle this type of
problem, we selected the finite-difference model
formulated by Trescott, Pinder, and Larson (1976).
principally because it is well documented, and
widely used.

PARAMETER ESTIMATION

" To predict water-level changes due to con-
tinued irrigation or geothermal resource develop-
ment, the spatial distribution of transmissivity and
storage coefficients must be determined. In our
approach this distribution was determined from 3
trial-and-error model calibration process. The
number of adjustments can be minimized if aquifcs
characteristics are reasonably well known overa
large part of the model area. However, in the
Animas Valley, estimates of transmissivity arc
limited to results of 21 specific capacity tests
concentrated in the irrigated central part of the
valley and one aquifer pumping test (Figure 2).
Using specific capacity to estimate transmissivity
(Walton, 1970), it became obvious that there were
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Fig. 2. Model grid and location of specific capacity and
transmissivity measurements,
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2 field data with which to estimate transmissivity
‘for grid blotks of the model over a large portion of
- e valley. LenyEES 0
- - Fo-estimate transmissivity:in model grid
cks where there are.no-data;.a linéar interpola-
~gon-rechnique called kriging-was.employed
. (Delhomme, 1979; Gambolati and. Volpi, 197%a, -
1979b; and Binsariti, 1980).

A number of other interpolation schemes
could have been used to estimate the transmissivity
dstribution. However, the kriging algorithm was
diosen because it takes into account the spatial
torrelation structure of the existing data, and
because it produces a map of the kriging error of
the interpolated quantity. In order to use kriging, a
gmivariogram is constructed from field data. The
xmivariogram is a graph of the sample variance
minus the autocovariance, ¥ (h), versus distance
between pairs of data points, h. Differences in
ransmissivity between any two wells may increase
sith increasing separation distance because of the
nature of variability on the geologic materials.

Thus y(h) often increases gradually and reaches a
maximum, constant value with increasing h. The
dstance at which v(h) becomes constant, called

the range, implies for example, that transmissivities
e not correlated with each other over distances
exceeding this value, If this rise is.exponential,

in integral scale is defined for kriging
, 0ses as approximately one-third of the range.

The small number of aquifer test data and
their localized distribution over the area of interest
was considered inadequate to generate the semi-
ariogram for kriging in T values. However, for
wo-dimensional phreatic aquifers, Gelhar (1976)
rlates the variance of the head distribution to the
nriance of the natural log of the transmissivity by
the following equation (as rewritten by Delhomme,
1979),

opb=(2/)- oy -h-1- [ln(i.]:S/r)]V’

(1)

vhere

es = standard deviartion of hydraulic head
(4,219 fr),

oar = standard deviation of natural log of trans-
missivity (0.7145),

I = fA/h,

5 = the slope of the water table at its

midpoint (0.0013),

= mean saturated thickness at aquifer (300
fr assumed), and

]

T Tt 4
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Fig. 3. Contours of In T by kriging.

A = integral scale of InT process (i.e., about
one-third the range of influence assuming

an exponential variogram).

The range for InT is approximately three times the
integral scale, nearly two miles. Thus, our finite-
difference grids of one square mile could reflect
variability at this scale. Using a computer algorithm
for the kriging process, contour maps of InT and
the kriging error were developed as shown in
Figures 3 and 4, respectively. For details of the
application of kriging to this study, refer to
Hawkins (1981).

The kriged estimates of InT in Figure 3 are
independent of any information on transmissivity
which can be inferred from the spacing of water-
level elevation contours, although the kriged esti-
mates of InT are to some extent dcpendent on the
head distribution through the head standard devia-
tion and gradient as described above. To condition
the distribution of [nT on the head distribution
further, a flow net was constructed for steady-state
conditions using data prior to 1948 in the irrigated

0511 - 08635

. 0262 - 0386

0386 ~051

0635-075%

_ Fig. 4. Kriging error in In T.,
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Fag. 5. Water-level elevations predicted by kriging.

areas, along with some subsequent data in areas
which are relatively unaffected by irrigation
pumping. The equipotential lines in the flow net
were constructed by kriging 106 point measure-
ments of steady-state hydraulic heads. In order to
krige the steady-state hydraulic heads (Figure 5),
the regional gradient of the head surface had to be
taken into account because of a drift. The presence
of drift implies that the degree of correlation
between head measurements depends upon the
direction and length of the separation distance
vector. To remove this drift, planar surfaces were
fitted to the dara and then the residual head values
were kriged. This method has been applied else-
where (Sophocleous and others, 1982). Analysis of
the resulting flow net revealed that the kriged
values of hydraulic head were unreasonable in
several peripheral portions of the basin where pre-
irrigation head data were generally sparse. For
example, in the southern area a ground-water
mound is predicted where none should exist on the
basis of hydrogeologic judgement. The same is true
for the ground-water discharge area at the north
end of the modeled area. As a result, the predicted
water-level contour map (Figure 6) had to be
maodified to reflect more realistic conditions near
recharge areas and impermeable boundaries
(Figure 7). :

To obtain the initial input estimates for trans-
missivity for the model grid (Figure 2), the flow
net in Figure 6 was superimposed on the kriging
error map of the InT process in Figure 4. The flow
net interval within each streamtube which had the
smallest kriging error was determined, and the
corresponding average transmissivity from Figure 3
was assigned to this interval of the streamrtube.
Neglecting the effects of vertical recharge, the flow
rate through cach streamtube is constant under the
assumed steady-state condition. Therefore, trans-
missivity for all other blocks in each of the stream-

4135 woler-level conlowr 1 feel
H obove maon 580 level
{Solid whers predictad by
/ kewging, doshed whers odjusted)

Streomtine

Trommussvily 1 thousonds of
gollons per doy per ool

Fig. 6, Steady-state flow net,

tubes could be calculated simply from Darcy’s
Law. Finally, the finite-difference mesh (Figure 2)
was superimposed on this transmissivity distribu-
tion and average values were assigned to each grid
block by inspection (Figure 6).

The flow net analysis also aided in establish-
ing boundary conditions for the model. For
example, a constant flux rate was assigned at the
southern end of the model at a reasonable distance
from pumping influences. The same was done at
the northern boundary, based on flow net calcula:
tions, Because of the difficulty in quantifying
mountain-front recharge, the western and parts of
the eastern boundaries were shifted toward the
center of the basin to correspond with imperme-
able boundaries defined by the outer streamlines
near the mountain fronts in Figure 6. Where the
streamlines indicate mountain-front recharge,
constant head boundaries were assigned; although
if estimates of mountain front recharge were
available, zonstant flux boundaries could have
been assigned.
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Fig. 7. Model predicted steady-state water-level elevations;
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Because of the lack of information on the
- mtial distribution of storage cocefficients, an
nmal estimatc of 0.11 was:assigned over. thc entire -
:dl “This vahse is-based mostly on the estimate
“Recder (1957). who calculatéd:the: storage from

oy -umpmg*volumcs :and-water-level decline - Storage

. pefficients were adjusted during calibration with
ient water-level data.
Average pumping rates in irrigation wells were
imated from well discharge measurements and
ers’ pumping duration records, and electrical
wer consumption (Reeder, 1957, 1960, 1961,
962). Where actual discharge measurements were
ot available, pumpage was estimated from records
dirrigated acreage in conjunction with estimates
sfwater requirements for particular crops (Blancy
"1d Hanson, 1965). The duration of the pumping
!zson is normally from April through September
Reeder, 1957).

CALIBRATION RESULTS

Model calibration for steady-state conditions
jror to irrigation involves adjusting only the trans-
missivities and boundary conditions until an
m:ptablc agreement is reached between model
medicted values and observed water-level eleva-
tons. However, the steady-state flow equation

d in the numerical model is actually the same as

:one governing the rules used to construct the
ow net. Thus, the steady-state hydraulic heads
edicted by the numerical model with these initial
nnsmissivity data should produce nearly the same
kads as in the flow net. Only a few. steady-state
xuns with minor adjustments to transmissivity were
sreded to produce the results shown in Figure 7.
Hcompanson to observed water-level elevations in
f:gure 6, there is very good agreement in most
xeas. Some sources of error reflected in the model
mults are due mostly to small amounts of pump-
g in the valley which occurred prior 10-1948; *:
Iscretization in the flow net and numerical model
sestimate transmissivity, specification of bound-
uy conditions, and neglecting recharge on the
alley floor,
' The model was also calibrated for the irriga-
on period April 1948 to January 1955. The total
numpage estimated by Reeder was held constant
&iring each irrigation season, although rates at
ome of the nodes were adjusted slightly. Bound-
ry conditions were not altered in this step, and
xcharge from irrigation return flow was neglected.
“he transient calibration process was accomplished

unarily by adjusting storage coefficients in each
gid block. Transmissivity had to be adjusted in
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Fig. 8. Results of transient simulation,

only a few blocks. The best results which could be
obtained in this manner, after a minimal number of
trials, are shown in Figure 8. The final maps of
transmissivity and storage coefficients are shown in
Figures ¢ and 10, respectively. The lower values of
transmissivity in the southern and eastern parts of
the model and high values in the central areas are
reasonably consistent with gravity survey interpre-
tations which suggest the variations in trans-
missivity may be due mostly to changes in valley
fill thickness (Smith, 1978; Wynn, 1981).
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Calibratuing the modcl over a seven-year period
left four years, January 1955 to January 1959, for
- .. 1 . ..themodel verification period, because the distribu-
- . tmEﬁpumpagc in the.valicy. could.not be esti--
mtcd with much confidence thereafrer. During
ssrynodel verification, all-aquifer coefficients were
: -"unchangcd from. the-calibration process. Estimates .
of pumping rates input 2t each’node for the four-
year period were computed in the same manneras —
during the calibration process. The predicted water
levels and observed water levels in wells for
January 1959 are shown in Figure 11. The hydro- .
graphs of selected wells showing water levels in the
nonpumping season from 1948 to 1959 are given
in Figures 12-14. These and other results indicated
that reasonably good predictions of future impacts
due to ground-water development couid be
expected from the model, if accurate pumping-rate
data are provided.
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Fig. 11. Comparison of predicted and observed water levels
in wells, 1959,

T CONCLUSIONS
Using a conventional flow net in conjunction
with kriging to predict the spatial distribution of
4150 -

transmissivity led to a minimization of compurer
‘effort to calibrate a two-dimensional, steady-state
numerical model by the trial-and-error method. In
retrospect, it is believed that the flow net analysis
alone would have led to nearly the same results for
this particular problem; however, our success may
be problem-specific, inasmuch as large errors in
estimating the spatial distribution of In T from
flow nets could occur where hydraulic head
gradients are very low. The uncertainty prediction
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Fig. 12. Hydrograph of well in the north-central part of the
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Fig. 13. Hydrograph of a well just south of the heavily
irrigated area (Observed—Solid Line: Predicted—D ashed
Line).

Fig. 14. Water-level elevations in an east-west cross section
through the pumping center in 1959 {Observed—Solid Line;
Predicted—Dashed Line).
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.fforded by kriging could have been estimated
J  qualitatively by. examining the density and

- distr’bution of the data base. Kriging of In'T.values -

‘“nay.well.prove.valuablg in situations where
=nbscnrcd.valucs are-evenly-distributed. over the area
_:dlinterest.-In addition, one. would.have more
confidence.in  the inférred spatial correlation
:gructure of the data if it were much denser, in
.uddition to being more evenly spaced. Of course,
“with a large number of closely-spaced, equidistant
‘data points, the entire question of parameter esti-
‘mation is somewhat moot.
A transient calibration was accomplished by

.trial and error for seven years of irrigation by
wdjusting storage coefficients, with only minor

. djustments in transmissivity and pumping rate
distributions.

Very good agreement was found in using the

" alibrated model to predict water levels during a
four-year period following the calibration period.
- This was in spite of likely errors in total pumpage
and the approximate methods used to assign
pumping rates. !
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‘Computer:Models .in:Ground-Water Exploration

-=* by Jrwin:Remson®; Steven'M::Gorelick?.and. Julianne F. Fliegner*
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ABSTRACT

Four case histories illustrate the various roles that
digital computer ssimulation models can play in ground-water
explorauor. The case histories describe their use in
evaluaung aquifer parameters and characteristics, in
sstimating ground-water recharge, in resolving data

ronsistencies, and in determining the optimal allocation
o exploration funds. The models are especially useful in
identifying da‘a deficiencies and inconsistencies.

INTRODUCTION

Digital computer simulation models are
employed extensively as predictive and management
tools in ground-water investigations. While ulti-
mately an aid te water planning, the computer
simulation apprcach serves equally important
functions in ground-water exploration.

The first advantage of modei development s
that it requires the investigator to determine and
deal with data inadequacics. Second, construction
of a mudel allows the hvdrogeologist to test a -
cenceptualized view of a complex ground-water
system Interaction with the model forces an
accurate representation of system characteristics
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niversity, Stanford, Californ-a 94305,
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and checks assumptions regarding system function-
ing. Third, optimal allocation of exploration funds
may be determined-by incorporating 1the simulation
model into a linear program and performing
sensitivity analysis.

Four case histories are used to illustrate the
various roles that such digital compuier simulauon
models can play in ground-water exploration.

. FOUR CASE HISTORIES

1. Estimating Aquifer Characteristics in the
Palo Alto Baylands, California

The first case history describes the use of
modeling in estimating aquifer parameters and
characteristics in the Palo Alto Baylands, California.
The area modeled is located on the southwestern
margin_>f San Francisco Bay, California (Figure 1).
A porton of this marsh in its natural state was the
subject of a near-surface hydrogeologic investigation
by Hov:and (1976). The study was intended to
provide insight into the functioning ot 4 tidal marsh
ground-water system and to develop a ground-water

" modvel for use in marsh management.

The baylands are characterized by an intricate
network of incised surfacc-water channels 3-5 ft
(0.910 1.5 m)deep and 5 to 15 fr (1 S tu 4.6 m)
wide. Shallow ground water is present in a 20-ft
(6 1-m) thick layer of **bay mud,”” which consists
of silty clay with lenses of sand, gravel, peat and
shell fragments. Hydraulic mformation was
ohivaed by installing a line of 5 to 10 1 (1.5 to
3-mt leep piczometers in the marsh dojosits along

/
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3500 feet

Fig. 1. Surface-water channels in the Palo Alto Baylands,
California. .

a2 30-ft (9.1-m) perpendicular to a main tidal
channel. The piezometers were monitored for two
days during a neap tide cycle. Water leveis in the
piezometers responded to the rise and fall of the
channel stage.

A computer model was prepared in_ an attempt
to simulate the channel-marsh interactions as
observed in the monitored wells. The hydrogeologic

" system was simulated as an unconfined aquifer
discharging to and being recharged from the
channel as the stage varied with the tide. The
one-dimensional finite difference model was based
upon the Boussinesq equation, and was solved using
a predictor-corrector technique. Expressed in
nondimensional form, the model equations included
two unknown parameters. The first parameter
corresponded to ~he ratio of hydraulic conductivity
to storage cuefficient, and the second parameter
corresponded to the thickness of the permeable
sediments.

The hydraulic parameters were varied
systematically in an attempt to simulate observed
watcr levels. Best results were obtained using an
effective thickness of 2.5 ft (0.76 m) for the
permeable layer and 1,350 ft (412 m) per day for
the ratio of hydraulic conductivity to storage
coefficient. Assuming a typical storage cocfficient
range of between 0.1 and 0.3, the above ratio
would indicate a large hydraulic conductivity
(between 135 and 405 ft (41.2 and 123.6 m) per
day) for the sediments in the permeable layer.
Because of this anomalous result, sampling of the

' Z

Vil
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uppermost 3 ft (0.91 m) of the bay mud was N
“ undertaken: It showed-a dense system of root
: chaiingisap-10.0:2.in2 (Smm ):in. diameter. It is
.like-that the-Jarge:hydraulic-Conductivity isa -
_~Tesult of:ground-water-piping:along these root
-.cHahnels. Finally,; the observed water-level
fluctuations were less than the simulated water-level
fluctuations at distances greater than 6 to 8 ft
(1.8 m to 2.4 m) from the channel. This suggested
that the thickness of permeable sediments becomes
less than the assumed 2.5 ft (0.8 m) at those
distances. Field excavations verified that the
permeable layer is indeed wedge-shaped, thinning
away from the channel.

The model results alerted the investigator 10 the
need for recvaluation of certain field characteristics -
of the ground-water system. This led to a realization
of the importance of piping along root chanpelsin .
the channel-marsh hydrogeclogic system. In fact,
it is possible that a rigorous predictive model might
have to consider non-Darcian flow as a result of
ground-water piping. Finally, the hypothesis and
subsequent field validation of the thinning of the
permeable zone with distance from the channe] was
guided by the model results.

- 2, Determining Ground-Water Recharge in the

San Jacinto Valley, California
The second case history describes the use of a

model to estimate ground-water recharge in the
San Jacinto Valley, California. Figure 2 shows the
San Jacinto Valley, California (Fliegner, 1978). It
1s a graben that has been downfaulted along the
San Jacinto fault on the northeast and the Casa
Loma fault on the southwest. Bedrock rises to
over 8,000 ft (2,440 m) above the valley floor in

Fig. 2. Ground-water subbasins in the San Jacinto Valley.
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1"~ the:San"Ja¢into-Mountain:blockte the northeast. _
- =" Bedrock.in.the valley:is as-much:a§ 8,000 ft (2,440 -
sm):belowsthe land surface.:An:excellent ground- o= T
- otwatersupplysis foundiinthe:unconsdlidated - T SRR ¢
-.Quaternary alluvium that fills the graben toa . ' = .

depth of up to 2,000 ft (610 m).
At various times during its Quaternary history,

P"thc valley bottom was covered by a lake, where clay

vsettled and formed a seemingly continuous layer
“over the Lower and Upper Pressure Subbasin

“shown in Figure 2. Fine sediments in the uppermost

“150 to 200 ft (46 to 61 m) create artesian condi-
.tions. It has been the accepted view that stream
~wfiltration and leakage to ground water do not
foccur in the Pressure Subbasin. Instead, all ground-
“water recharge was believed to occur by infiltration
from streams flowing in the Intake Subbasin.

.. A preliminary two-dimensional finite difference

_model was prepared using the Illinois State Water
Survey Code (Prickett and Lonnquist, 1971). It had
no leakage in the Pressure Subbasin. Within a few
years after the start of pumping, the simulated
water levels were hundreds of feet below the
historical water levels. A mass water balance was
then prepared. Because the water deficiency was
great and because the recharge in the Intake

Subbasin was known, the model could be satisfied ,,"j:"’,:,
only if substantial leakage occurred in the Pressure ,1.00’,:,’5’,:: AO’CCIDENTAL -
Subbasin. Therefore, a revised model was prepared R LVl 7 FAULT .- »7 .
incorporating leakage in the Pressure Subbasin, “2‘5220;/'/’ ped T
‘and it successfully reproduced the historical water aa.“)"eo/ Pl -~
levels. o> 4)10" /"
The partial differential equation incorporated 2 R
into the digital computer code used for the San - a o.°‘°°
Jacinto study requires that the conservation of water o" LGN
. mass be satisfied. The assumption of zero ground- o L ’hhao :
-water recharge as leakage in the Pressure Subbasin . © Tooele
left a large deficit in the mass water balance when gl n"@o .
‘compared with the large ground-water discharge. ",‘; X L
. The resulting excessive decline in ground-water . ‘:."',
levels was readily identified when comparisons were 1Mile , e,
made with the historic water levels. Once the

problem was recognized, the leakage in the Pressure
Subbasin was easily determined because all other
values in the water balance were known.

3. Resolving Data Inconsistencies at Tooele, Utah
The third case history discusses the use of
modeling to resolve data inconsistencies at Tooele,
Utah. Figure 3 (Gates, 1965) shows contours based
on water-level measurements in the vicinity of
Tooele, Utah. The aquifer is part of a thick alluvial
fan that is recharged by streams flowing out of the

.

)

adiuc. vt mountains, locared mainly south of Tooele,

U TAMH

- !
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FAULT _ - .
Pl ,/, ,.‘1"20
- W/ - /’ &m
’ O

Fig. 3. Ground-water elevations in feet above mean sea level
in the vicinity of Tooele, Utah (Gates, 1965).
The aquifer thickness is so great in comparison to
drawdown that it could be modeled as a confined \"F
aquifer. The ground water discharges to wells,
springs and Great Salt Lake in the northern part of
the fan.

Preliminary analysis of the available data
showed some inconsistneics Pumping tests

g




-.indicated large transmlsslmlcs thraughout. Values

«--over. 1,000,000 gpd/ft (134,000€t*/d) (12,500 m*/d)

::wereindicated:in.pdrts.of the aquifer! On:the.ather
hand-spemﬁcmpa“crty determinations-suggested -
< transmissivities.in the neighborhood of 100,000
. gpd/ft (13,000 fe2/d) (1,250 m?/day), and these
are out of line with the data from pumping tests.
During the preparation of a two-dimensional
finite-difference ground-water model, using the

Pinder and Bredehoeft Code (1968), transmissivities

were determined by trial and adjustment. Because
the differential equation that is solved incorporates
(" Darcy’s law, excessively low transmissivities
generate ground-water gradients steeper than the
historical gradient. Similarly, the use of excessively
high transmissivities in the model generates
ground-water gradients flatter than the historical
- gradients. In order to generate historical ground-
water gradients, the mode) required transmissivities
in the neighborhood of 700,000 gpd/ft (94,000
ft?/d) (8,750 m/d) in the southern part of the
alluvial fan. This value was verified by a carefully
controlled pumping test.

The Occidental Fault (Figure 3) is said to be a
semipermeable fault where it crosses the alluvial
fan. Yet, the ground-water contour lines in
Figure 3 meet the Occidental Fault at right angles
'implying that the fault is a flow line. If one prepared
a computer model that incorporated leakage across

. the fauit, the model could not generate contours
orthogonal to the fault. Once again, preparation of
a model in an attempt to generate historical water
lcvcls would be 2 safeguard agamst the acceptance
of inconsistent data.

4, Optimizing Use of Exploration Funds in
Taiwan
The fourth case history discusses a management

model that was used to determine the optimal
allocation of exploration funds for a dewatering
project in Taiwan. Aguado et al. (1977) were
concerned with two problems related to the
dewatering of a drydock site in Taiwan (Figure 4).
The water level in the excavation was to be
maintained at a depth of 49 ft (15 m) using the
smallest possible discharge. Therefore, the(first

ro‘bﬁ:\m was to determine the locations and
discharges of wells that would maintain water
levels at the design depth while using the smallest
possible total discharge. The_second problem was
to identify the kinds and locations of data that
affected the management decision most so that
the available exploration funds rould be used most

2

CONSTANT HEAD

- DEWATERED

o WELL LOCATIONS FROM L P SOLUTION

¥ NO PUMPING ALLOWED AT THESE NODES
o OFT. .

munzns
Fig. 4. Optimal pumping locations to dewater a drydock site
in Taiwan using minimum discharge as determined from the

. linear programming model.

effectively. Our concern herein is mainly with the
.second problem.

The approach used by Aguado et al. (1977)
was to incorporate a finite difference ground-water
simulation model into a linear program. A finite
element simulation was used in an alternate

L= aREA TOBE

formulation. The difference equations together with .

the boundary conditions and dewatering require-
ments served as constraints in the management

model. The objective function to be minimized was’

the total pumping needed to meet. the dewatering

constraints while satisfying the boundary Lﬁndmons A
-onstrat

and the ground-water equations in_ numcrlcal form.
The answer to the first problem was obtained by
solving the linear program to find the locations
and discharge rates of pumping wells that would
minimize the objective function while meeting the
constraints. It must be noted that the number
and locations of discharging wells were constrained
by the discretization grid. This constraint has been
removed using an improved formulation that
minimizes the total cost of the variable pumping
charges and the fixed well installation costs
(Aguado ané Remson, 1980).

The solution to the second problem was
obtained by subjecting the management model to
sensitivity analysis to detcrmme whlch system

[

problems were solved using IBM Mathematlcal
Programming System/360 (MPS/360).

The objective function proved most sensitive
to values of hydraulic conductivity along the
constant head boundaries parallel to the long sides
of the excavation (Figure 4). Therefore, the
exploration funds are best spent on pumpin

of the sediments in other parts of the system had
less effect. Hydraulic conductivity values within
the excavation had neeffect on the nunimam cilie

7
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tests along these boundaries. Hydraulic conductmt)l



--.:0f the objective function asimight be expected forf: - .

~:1sready-state. solution: Thus;. ests

mthm the areasto.berexcavated:would.contributé” Y ™ -

=0 useful;information: to:the-management of the
‘. wsystem. ‘The.use of- exploranon funds to improve
.".knowledge of head distributions at the boundaries
was shown by the sensitivity analysis to be less
oroductive than use of the funds to obtain
aydraulic conductivity data.

CONCLUSIONS

In each of the ground-water investigations
liscussed, the results of model manipulation helped
with the system conceptualization. Furthermore,
the site dewatering example showed how sensitivity
walysis of a management 'model could be used to
optimize allocation of exploration funds. After
such experiences, it has become standard procedure
“or us to frame problems in the context of ground-
water models at the inception of a study whether or

101 the models are needed for purposes of prediction

 management. We find that the utilization of
nodels in identifying data inconsistencies and
:onceptualization errors thoroughly justifies -
‘heir use.
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Automated Callbratlon ofa. Cgﬁtammant -
Transport Model for a- Shallm;v Sand. Aqulfer

by K. John Holmes®, Wen-sen Chub, and Denis R. Erickson®

ABSTRACT

This paper presents an application of an automated
calibration technique for the United States Geological
Survey Method of Characteristics (USGS-MOC) code. The
model was applied to a shallow sand aquifcr where con-
tamination due to leakae from a solvent recycling plant
was detected. Using available water-table obscrvations,
transmissivity parameters for the USGS-MOC model were
calibrated by an automated parameter identification (P1)
technique. Dispersivity was dctermined from trial-and-error
simulations. For comparison purposcs, the transmissivity

“paramcters were also indcpendently calibrated by trial-and-
error simulations. The study results show that, although
the Pl-calibrated model can producé watcr-table contours
that are in good agreement with obscrvations and the con-
taminant plumes produced by the USGS-MOC using
paramcters determined from the PI technique and the trial-
and-crror approach are not vastly different, the parameters
determined by this technique are not considered to be
physically plausible in all cases. The best strategy in modcl
calibration would be to use buth methuds conjunctively.

- INTRODUCTION

In the past two decades engineers and scien-
tists have devcloped a number of mathematical
models to simuiate fiuid flow and contaminant
rranspon in the subsurface stratum (Anderson,
1979; Faust and Mercer, 1980; and Javandcl et al.,
1984). In cach application, these modcls require
the input of certain parameters to characterize the
flow and transport processes. To make these
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models effective simulation tools, parameters must
be appropriately calibrated against field observa-
tions. Because the validity of the simulation
depends on how well these parameters are chosen,
modecl calibration is 2 critical step in field applica-
tion. i

There are two basic approaches to model
calibration. One approach is a trial-and-crror
process in which certain model parameter values
are carefully adjusted until the' model output
mimics some observed conditions as closely as
possible. The outcome of this type of calibration is
highly dependent on the user’s experience and can
vary substantially from user to user. The other
approach to modcl calibration involves the use of a
computer search algorithm that computes model
parameter values by minimizing some measures of
the differences between model solutions and avail-
able ficld observations. This procedure is known in
ground-water modcling as parameter identification
(P1) (Ych, 1986). The advantages of this calibra-
tion method are that it helps to reduce the number
of modecl calibration runs and it tends to limit the
variation in calibration results by different users.
Parameter identification is, however, not without
its problems. The formulation for most ground-
water problems has been shown to be ill-posed
(Yeh, 1986), and it works well only with abundant,
high-quality data (Sadeghipour and Yeh, 1984; and
Chu et al., 1987). Ncither the trial-and-error pnor
the P1 approach work very well for cases with
limited data. The accuracy of model simulation is
only as good as that of the data set and of the
model calibration. .

" This paper reports the use of a simulation
model in the investigation of contaminant move-
ment through a shallow sand aquifer. The primary
focus of the study was to examine the effects due
to different calibration approaches on model simu-
lation results. Using the same set of monitoring
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data from the study site, the United States Geo-
- logical Survey's Method of Characteristics (USGSJ
5’ MOC) code (Komkow and Bredehoeft, 1978) was -
*.calibrated-using ‘bothan auromated ‘parameter

i

w5 approach. To compare and:contrastthe calibration .
" results, parameters detcrmmcd by the two
approaches were used in mdcpcndcnt simulation
runs to characterize the probable migration
patterns of the contaminant plume at the site.

The USGS-MOC model was chosen for the
study because of its excellent documentation, its
widespread usage (Konikow, 1977; Warner, 1979;
Bedient ez al.,, 1984; and Freeberg et al., 1987; E}-
Kadi, 1988), and becausc a parameter 1dcnt1f1catlon
algorithm for 6_SGS MOC called PI-MOC has
already been dcveloped (Strecker and Chu, 1986).
With PI-MOC, selected paramerters (transmissivity,
dispersivity, etc.) in USGS-MOC can be found by a
quadratic programming routine which minimizes
the sum of the squared deviations between chosen
observations and model output. Formulation and
applications of PI-MOC have been reported by
Strecker and Chu (1986) and Chu et al. (1987) and,
for brevity, will not be repeated here.

SITE DESCRIPTION
The study site (Figure 1) has been occupied
by a solvent recycling plant from 1981 to the
present. The plant processed up to 1000 gallons of
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Fig. 2, Selected cross sections at the study site.

waste per week until 1984 when contamination of
the aquifer underneath the plant was first detected.
The contaminants, which seeped through the upper

- soil layer due to leakage from a major collection

sump, consist of a variety of organic compounds
including trichloroethene and toluene.

The material underlying the site and adjacent’
area consists of uniform, well-sorted, fine-to-
medium-grained sand (dredged spoils) overlying
native alluvial silt. Below these layers are Quater-
nary alluvium. The dredged spoils, produced from
channel dredging of a nearby river, create an
unconfined aquifer. Three cross sections through
the site are shown in Figure 2. The sand is of fairly
uniform thickness at the site and the lower silt
layer is probably continuous on-site. Nearby soil
borings drilled by the U.S. Army Corps of Engineers
show that the silt layer extends to a depth of about
50 feet. For the model application, it is assumed
that the underlying alluvial silt is comparatively
impermeabie and allows very little vertical move-
ment of water into lower layers. Additional charac-
terization of the silt layer and the underlying sedi-
ments is ongoing including the installation of
monitoring wells in the underlyng aquifer.

MODEL APPLICATION

Modeling of ground-water movement and con-
taminant transport at the study site first required
the determination of some basic parameters.
Parameters such as specific yield, saturated thick-
ness, source location, and effective porosity were
obtained from previous investigations done at the
site, and are shown in Table 1. Except for disper-
sivity, these basic parameters were not adjusted
during model calibration and subsequent simula-
tion runs. The calibration of dispersivity values in
the model will be reported later in this paper.
Previous investigations have also estimated the
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transmlssw:ty of the .sand: aqunfcr to. range from .01

“’"rhamodcl bou‘ndancs are‘-s]'rown 7)1 thurc 1.

e 'Gcnera] ground-water flow-direction.at. the.site has

“.-been determined through ‘extensive monitoring
and, from this earlier work, boundary conditions ~
for modeling were inferred. Fourteen observation
wells were installed in 1985 and monitored for one
year. Locations of these wells are shown in Figure
1. From analysis of this field data, it was con-
cluded that the creek and the marsh, located on
the north and the east edges of the study area
respectively, are hydraulically connected to the
aquifer during most of the year. Monitoring data
suggest that during normal conditions the creck
and the marsh act as constant-head boundaries, and
ground water at the site flows towards these
boundaries. Since such flow pattern does not cross
. the southern boundary, it was treated as a no-flow
boundary. Monitoring well data along the western
boundary suggested that part of the boundary can
be represented by constant-head nodes and the
part toward the creek can be treated as a no-flow
boundary.

Automated Model Calibration by PI-MOC

PI-MOC (Strecker and Chu, 1986) was used in
this study for a steady-state calibration of the
transmissivity values. Although PI-MOC can be
used to calibrate dispersivities from contaminant
concentration data (Strecker and Chu, 1986), this
option was not used because of the lack of good
water quality data. Instead, the dispersivity
parameter was manually adjusted to give a con-
taminant plume shape that was consistent with
field conditions.

Even with the almost homogencous material
(constant hydraulic conductivity) at the site, the
input transmissivity to USGS-MOC is not constant
because of the variable aqu1fcr thickness (see
Figure 2). To refleét this spatial variation, the -

‘Table 1. Input Parameters for the Study‘ Site

Delea X . 50 feet
Delta Y ' 50 fect
Longitudinal dispersivity 1-100  fect
Ratio of transverse to longitudinal

dispersivity 0.30
Ratio of Tyy to Txx 1.00
Saturated thickness 6- 10 feet
Effective porosity 0.25
Specific yield {transient case) 0.20
Specific yicld (steady-state case) 0.00
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Fig. 3. Agquifer thickness {in feet) for the modeled area
(zeros denote no flow region).

aquifer was divided into a number of zones, each
with a copstant transmissivity. The number of
zones used in this study varied from onc to four.
Although the selection of a zonal pattern has been
shown to affect the outcome of P calibration (Chu
et al., 1987), zone selection was relatively straight-
forward for this study site. Since the given aquifer
is composed of fairly homogencous materials,
transmissivity should vary directly with aquifer
thickness. Figure 3 is a map of the aqu1fcr thick-
ness constructed from soil samples and well log
data. Different spatial patterns of transmissivity

-‘-'(g.:.r:'()’,_thr(:c, and four zones) assumed for PIFMOC -
"are shown in Figure 4.

"PI-MOC requires the input of the number of
zones, an initial estimate of zonal transmissivity ~
values, and the numeric upper and lower bounds
on transmissivity values in each zone, These upper
and lower bounds were estimated from soil charac-
teristics and pump and slug tests performed at the
site in previous investigations.

v

Results of PI-MOC Calibration

The results from all the PI-MOC runs are
summarized in Table 2. The various runs listed in
Table 2 were designed to demonstrate the effects
of transmissivity zonal patterns, initial parameter’
estimates, and parameter upper and lower bounds
on the results of PI-MOC., Starting from the initial
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.-.estimates, all PI-MOC runs terminated after four
witerations: The parameters, found.in each-run at the..

-- The use of three transmissivity zones (Eigure
4) in PI-MOC did produce-a solution that was

-end of :the fourth*iteration.and the objective value - - i~ w1thlgﬁmprcscr1bcd upper. and lower bounds (see

w1 sectof the opnmlzanon-(whlch is’the sum.of: ‘squares of \ hRuﬁTﬁrough 8 in"Table 2)..Also shown: by
g Rn"ﬁs#*rhrough*ﬁ “aretherdifferent parameters -

”"'tht’. differences:between-predicted and-observed-.-

- -and:staff gauges) are given in the last two-columns
of Table 2.

- mawater-table elevations-at all-the:monitoring chlls... oL

T
9.

Transmissivity was assumed constant in Run 1.

The observed water-table gradient [Figure 5(a)]
sharpens near the constant-head boundaries of the
marsh and the creek. For an aquifer with relatively
uniform soil property (constant hydraulic conduc-
tivity), this is possible only with a decreasing
aquifer thickness (and therefore transmissivity)
near these boundaries. Available cross sections at
the site (Figure 2) also confirm such decrease in
aquifer thickness. The formulation of PI-MOC
apparently recognized this, and Run 1 could not
find an appropriate parameter value in four itera-
tions. |
In Runs 2 and 3, the aquifer was represented
by two transmissivity zones (Figure 4). With a
physically plausible upper bound of .01 ft¥s,
Run 2 could not reach a convergent solution in
four iterations. Relaxing this upper bound to
.05 ft¥s produced a convergent solution for trans-
missivity, but the values were considered too high.
Earlier investigations of the site have'estimated the
transmissivity of the aquifer to range from .01 to
.0002 ft%/s with the most likely value as .006 ft¥/s.
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Fig. 4. Transmissivity zonal patterns investigated,

aX

-t

=+ £aund-by-PIEMOC from:medium;-low, and high

.' ~initial parameter estimates. Run 4 with medium

initial parameter estimate produced the smallest
objective value (the best fit) by the optimization
procedure.

Runs 7 and 8 were intended to investigate the
cffect of the parameter lower bound on the PI-
MOC solution. Run 7 results show that relaxing the

. parameter lower bound does not affect the final

parameter values determined by PI-MOC. Run 8
results show that tightening the lower parameter
bound does affect the PI-MOC solution. Tightening
the lower parameter bound acts to restrict the
potential solution domain and reduces the good-
ness-of-fit between the predicted and observed
water-table elevations as shown by the objective
values of Runs 4 and 8 in Table 2.

Runs 9 through 12 assumed four zones of
transmissivity for the site. Configuration of these
transmissivity zones is also given in Figure 4. Runs
9 through 11 were used to study the effect of
initial parameter estimates on the solution. As in
the three-zone case, Run 9 with medium initial
parameter estimate again produced the solution
with minimum objective value. Run 12 also shows
the effect of tightening the Jower parameter bound.
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- the most likely value of 0.006 ft*/s based on data .
-from the earlier investigation, model input trans-
. missivity.values were-adjusted.until the calculated
-water-table contours:tompared-favorably with the
‘observedswater-table:contours:: Approximately 15

* . :USGS-MOC runs were required for the calibration.
- Because of the "‘user intervention” during this type

of calibration, the transmissivity values found
follow consistently with the observed aquifer

- thickness data. The water-table contours calculated

using the transmissivities determined from the trial-
and-error calibration are shown in Figure 5(c).

Dispersivity Datermination

Due to the lack of monitoring data, dispersivity
in USGS-MOC could not be calibrated as the trans-
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Fig. 5. {a} Observed water-table contours in 1984; (b) water-
table contours calculated by USGS-MOC using transmissivity
determined from PI-MOC assuming three-zone characteriza-
tion; and {c) using transmissivity determined by trial-and-
error calibration.
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Fig. 6. {(a) Simulated contaminant plume using an input
longitudinal dispersivity of 100; (b} an input longitudinal
dispersivity of 10; and {c} input longitudinal dispersivity
of 1.

missivity was. Instead, the proper dispersivity for
1ae site was chosen by comparing the calculated ¢

_contaminant plume with the general knowledge of

53

the plume from field investigation. Using a con-

-timuous injection well to simulate the source of

contamination (leaky storage sump) and the trans-
missivities determined from the trial-and-error
calibration, steady-state runs of USGS-MOC were
made with longitudinal dispersivity set at 1, 10,
and 100 feet. The resulting contaminant plumes
from these runs are compared with the observed
extent of the plume (in 1984) and shown in Figure
6. The plume due to a dispersivity of 1 foot
[Figure 6(c)) was so narrow that it would escape
detection by most monitoring wells near the marsh
which was contrary to field investigation results.
The plume resulting from a dispersivity of 100 feet



- [Figure 6(a)]. showed :m cxaggcratcd sprcad from:-

<-’the:source which was-again.centrary-to knowlcdgc

‘:-obtamcd ‘from-fieldvinvestigation:“Fhe.dispersivity -
“value'of 10 feet:produced.themostreasonable -« ..

: plume shape-[Figure 6(b)]"and was eventually -
adopted for further simulation.

Modeling Plume Migration

With the chosen dispersivity of 10, USGS-
MOC was used to simulate the migration of plume
at the site from 1981 to 1984 during which leakage
occurred. The specific yield used in these transient
runs of USGS-MOC is shown in Table 1. Simula-
tion runs were made with three-zone Pl-calibrated
transmissivities and with manually calibrated trans-
missivities.

" The results from usmg the manually calibrated
and Pl-calibrated transmissivities are z2lmost identi-
cal. The general shapes of the resulting plume are
similar for all runs. The major differences are in
exact contaminant concentration values. The run
using Pl-calibrated parameters produced slightly
higher contaminant concentrations within the
study-area [see Figures 7(a) and 7(b)}. This is
due to the presence of a low-transmissivity zone
(see Run 4 in Table 2) computed by PI-MOC
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Fig. 7. {a) Simulated contaminant plume in 1984 using
transmissivity determined by trial-and-error method; and
{b) using transmissivity determined by PI-MOC assuming
three-zone characterization {longitudinal dispersivity = 10).

that rctatﬂSfonmmlnant movement in the.aquifer.
I‘E;E&m'{rlauon exercise.once again suggests

s v‘thm@ﬁh imnted.ﬁaldcdamnd-parammm

.-tamj.y. ‘most-of the-current-ground-water:flow.and

- transport models should -be used as tools to charac-

terize approximate extent of the contamination

- (plume shape), rather than to predict exact concen-
tration values at specific locations (Chu, et al.,
1987).

Using the contaminant concentrations at the

end of the four-year simulations to represent the
-background condition in 1984, the model was
further run, using both Pl-calibrated (Runs 4 and
9) and manually calibrated transmissivity, for two
more years (1984 to 1986) to characterize the
behavior of the plume after the source was
removed (lcakage stopped in 1984). For all cases
simulated, virtually all contaminants migrated out
of the area within one year. This was expected
since ground-water velocities across most of the
modeled area were on the order of 300 feet/year.

SUMMARY
The USGS-MOC model was applied to a field

* problem involving aquifer contamination due to -

leakage of a collection sump at a solvent recycling
plant. The transmissivity parameter in the model
was calibrated, with available field data, by a
parameter identification (PI) algorithm and by the
more conventional trial-and-error method. Both
calibration techniques produced calculated water-
table contours that compared favorably with those
observed in the field. Dispersivity was determined
from simulation runs which produced the most
probable shape of the contaminant plume by
essentially a sensitjvity analysis. No other input
paran.cter was calibrated. The effect of the calibra-
“tion téchnique on predicted plume migration was
examined hy extended simulations with the
parameters determined from the two approaches
The parameters found by the PI method in

this study appeaiéd to be sepsitive to the initial
estimate and the lower and upper bounds of the
parametcr. Although the water table calculated by \
USGS-MOC with Pi-calibrated transmissivities com-
pared closely with the observed data, the Pi-cali-
brated parameter values were inconsistent with
observed soil prof ile data,For model calibration in
complex situations, a P1 approach might best be
used to first define certain parameter zoning _. ..’

_patterns. The parameter values in each zone then
could be fine-tuned by the trial-and-error method | ~
according to additional field data and best user

# .
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Model-—- -Lessons from- a ‘Pos'taudlt

by Leonard F. Konikow®

ABSTRACT

Hydrogeologic studies commonly include the
development, calibration, and application of a deterministic
simulation model. To help assess the value of using such
modeis to make predictions, a postaudit was conducted on
apreviously studied area in the Salt River and lower Santa
Cruz River basins in central Arizona. A deterministic, dis-
wibuted-parameter model of the ground-water system in
these alluvial basins was calibrated by Anderson (1968}
using about 40 years of data (1923-64). The calibrated
model was then used to predict future water-level changes
during the next 10 years (1965-74). Examination of actual
watetr-level changes in 77 wells from 1965-74 indicates a
peor correlation between observed and predicied water-
kvel changes. The differences have a mean of =73 ft—that
u, predicted declines consistently exceeded those ob-
scrved—and a standard deviation of 47 ft. Thebias in the
predicted water-level change can be accounted for by the
large error in the assumed tolal pumpage during the pre-
diction period. [lowever, the spatial distribution of cirors in
predicted water-level change does not correlate with the
spatial distribution of errors in p pun_ngc Conscqucntly, Lhc
lack of precision probably is ot related only 1o £rrars in -
assumed pumpage, but may indicate che presence of other
sources of error in the modcl_,such as the two-dimensional
representation of a three-dimensiondl problem or the lack
of consideration of land-subsidence processes. This type of
postaudit is a valuable method of verifying 2 model, and an
cvaluation of predictive errors can provide an increascd
undrstanding of the system and aid in assessing the valuc
of undertaking development of a revised model.

20.8. Geological Survey, Mail Stop 431, National
Center, Reston, Virginia 22092,
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INTRODUCTION

Ilydrogeologic studics commonly include the
use of deterministic, distributed-parameter,
ground-water models to predict responses of an
aquifer system to changes in stresses. The extreme
example of using such models for predictions may
be in the planning of high-level radioactive waste
rcpositories, where regulators desire and require
projcctions of ground-water flow and transport for
1,000 to 10,000 years into the future. Is there any
evidence, either on the basis of a postaudit of the
outcome of past predictive efforts or otherwise,
that deterministic simulation models can indeed
accurately predict futurce responses in ground-water
systems? Is forecasting the only or primary motiva-
tion for applying a deterministic ground-water
modcl, or does the modcling exercise have some
other value?

The underlying philosophy of process-
simulating deterministic-modeling approaches is
that, given a comprehensive understanding of the
processes_by which stresses on a_system produce
subsequent responses in that system, the systein’s
response to any sct of stresses can be defined or
predetermined through that understanding of the
governing (or controlling) processes, even if the
magnitude of the new stresses falls outside of the
range of historically observed stresscs. Predictions
made this way assume an understanding of cause-
and-effect relations. The accuracy of such deter- -
ministic forecasts thus depends, in part, upon how

o A

' closcly our concepts of the governing processcs

reflect the processes that actually contralshe
system's behavior. But more is involved. Even if we
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. +have an’accurate. conceptual model of the
::BOVErning. processes,- ar;d if the processes were

R > qpp,-ommiy'so p:rccnt ( 3.2 m:lhon ac-ft).of the

rcprcscnxcd accurately’in a deterministic-simula- | —;-,
+~-tion'model, we also need (1) a definition of the =

propert:es and bour_:dancs of thc .domain over
which these processes and stresses are acung,
(2) the state of the system at some point in time
(either past or present); and (3) an estimate {or
prediction) of what the furure stresses will be,
whiEﬁ,—tIﬁ)_ﬁgh it is an obvious requirement, is not
necessarily a trivial matter. Thus, the “model” of
an aquifer system incorporates processes, specifica-
tions for parameters, and stresses
~~~ Ground-water hydrologists are becoming in=
crcasmgly aware that inadequate.and insufficient |
datd limit thereliability of traditional deterministic
‘ground-water models. The data may be inadequate
becaus IféF heterogEneities occur on a scale
smalter than can be defined on the basis of avail-
able data, time-dependent variables are monitored
too infrequently, and measurement ¢rrors exist.
~The purpose of this paper is to review the use
and reliability of deterministic models for pre-
dicting future changes in ground water by
examining the dutcome of a past predictive effort.”
A model study of an area in central Arizona was
selected as an example because it represents one of
the first well-documented deterministic, distrib-
uted-parameter, model analyses of a ground-water
system. Consequently, it was also done sufficiently
long ago that a long-term (10-year) forecast period
has passed. Furthermore, there are now available
historical observations of the aquifer for the time
for which the forecast was made. The purposes of
this example are: (1) to iliustrate how accurate (or
inaccurate) a prediction made with a supposedly
well-calibrated model can be, recognizing that only
limited generalizations should be drawn on the
basis of a singfe example; (2) to try | to isolate the
sources of predictive error; and (3) to evaluate the
importance of conducting a postaudit of model
predictions.

DESCRIPTION OF STUDY AREA

The Salt River Vailey and the lower Santa
Cruz River basin are located near Phoenix, Arizona
(see Figure 1) and are the two largest agricultural
arcas in Arizona. According to Anderson (1968),
about 1,250 mi?® {800,000 acres) are under cultiva-
tion. Because of the arid climate (rainfall averages
about 8 inches per year), the agricultural economy
is dependent on a reliable source of irrigation
water. Since the early 1900’s, the ground-water
system had been developed extensively in the area.

4 ,a

. total-annual water supply. Summarizing the dis-
cussion’ of Anderson (1968), such withdrawals
" greatly exceed the rate of ground-water recharge

and resulted in water-level declines of as much as
20 fr per year in some places. Maximum declines
from 1923 to 1964 were about 360 ft. Because of
the economic importance of ground water in this -
area, there was much concern that continued
declines would cause significantly increased
pumping costs and decreased well yiclds. As part
of an analysis of the ground-water resources of the
area, Anderson (1968) constructed and calibrated
an electric-analog model of the aquifer system,
partly “. .. to determine the probable futurc
effects of continued ground-water w1thdrawals in
central Arizona.”

The hydrogeologic setting of this area is de-
scribed in detail by Anderson (1968) and Davidson
(1979). A summary of their descriptions follows.
The central Arizona area lies in the Basin and
Range lowlands water province (Figure 1). The
area is characterized by broad and gently sloping
valleys or basins that surround and separate steep
and rugged mountains. The mountains are com-
posed mainly of low-permeability crystalline rocks,
although some sedimentary rocks are present. The
valleys are underlain by thousands of feet of
unconsolidated to consolidated aliuvial deposits,
including thick permeable sand and gravel units. in
general, coarser material is found near the
mountains, which border the margins of the basins,
and fine-grained material is deposited in the
central, deeper parts of the basins. Most ground
water used in the basin is derived from the upper-
most unit of the alluvium, which is a highly perme-
able sand and gravcl as much as 600 fr in thickncss.
Below this unit is the middle _ile und clay unit,
which is dlscont:nuous. less pcrmcable and as

-much as 2,000 ft in thickness. Belcw that lies the

more consolidated lower sand and gravel unit,
which is intermediate in permeability.

The water-table configuration in 1923, prior
to extensive devclopmcnt of the ground-water
resource, is indicated in Figure 2. At that time,
ground-water flow was predominantly to the west
and northwest, generally paralleling the flow
directions of the Santa Cruz, Gila, and Salt Rivers.
Anderson {1968) considered the ground-water
system to be in an approximate equilibrium condi-
tion prior to 1923. He further states, “*Since the
early 1920's, pumping has exceeded replenishment

in central Arizona. Beginning in the carly 1940's,
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Fig. 2. Altitude of the water takle, spring 1923, in central
Arizona {from Anderson, 1968).

pumping was greatly accelerated and within a few
112*30° 1120 oo' 111°30° years reached a rate many times greater than the
1 . .
rate of recharge. Water levels have declined in the
entire area, and the rate of decline in some places is
as much as 20 feet per year.” '
The annual water use in the study area during
1923-64 is shown in Figure 3. Because all the flow
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Fig. 1. Location of study ares in Arizona {from Anderson, Fig. 3. Annual water use in study area, 1923-64 (from
1968) (A}, and main geographic and physiographic features . Anderson, 1968). Ground-water use is the duﬁarenca
within the study area (B), between total and surface-water use.
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.77 tei= k.Cumulative  gverage
- zq30 -change in water level .. .

Millions acre-feet

1930 1840 1950 1960
Year

Fig. 4. Average water-level change in the Tempe-Mesa-

Chandler area of the Salt River Valley (A), and annual
ground-water withdrawais in the Salt River Valley (B},

1930-64 (modified from Babcock, 1970},

in the Gila and Salt Rivers, except for floodwaters,
is diverted for irrigation, increasing demands for
water have been met primarily by increases in
ground-water withdrawals. The greatest increase in
ground-water use occurred during the 1940's and
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1923-64 water-level change, 100s i

Fig. 5. Water-level declines, spring 1923 to spring 1964
{from Anderson, 1968).
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ca.rly 1950’s. As indicated in Fxgurc 4 by the data _
ferfEmap&Mcsa—Chandlcr arca in the Salt River

L "ba.f:rh- ‘the-onset of:the major.water-level declines’
=/generally-coincides-with the-intreased-ground-water
Zzwithdrawals, althoughrchanges “in-the rate of declinc

appéar to be lagging behind changes in the pump-

~ age. Anderson (1968) reports that the total volume

of ground water withdrawn from this aquifer
system during 1923-64 was 80 million ac-ft, and
that in 1964 the pumpage was about 3.2 miilion
ac-ft, of which approximately 2.2 million ac-ft
were from the Salt River Valley and 1.0 million
ac-ft were from the lower Santa Cruz basin.

By the end of 1964 these large ground-water
withdrawals, far in excess of recharge, had a major
impact on the aquifer system. Anderson (1968)
states, “‘A general regional flow pattern no longer
exists, and the flow is directed radially toward the
center of the large cones of depression.” Figure 5
shows the magnitude of the water-level declines
that occurred from 1923 to 1964; the declines
exceeded 300 ft in places and exceeded 100 ftin
most of the study area. Thus, by 1964 the depthto
the water table exceeded 300 ft in parts of the ares
and exceeded 100 ft in most of the study area (see
Figure 6). The increased pumping lifts increased

112*30° 112°00° 111°30°
T T T

L 20 mi
[[] Crystalline and scdimentary rocks

1964 depth to water, 100s f{ below
land surface

Fig. 6. Observed depth to water, spring 1964, in central
Arizona {from Anderson, 1968).
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" -pumping since 1923 is a reduction in hatural
* -discharge, mcludlng less evapotranspiration losses --

the costs of withdrawing ground water, hcncc was - -
- =of great concern'to: the.users of ground water

~-Jmostly¢agncultural) “Andecrson.(1968) further
- -notes that anorcher; .consequence of the increased

and less discharge to rivers, exemplified by the
observation that *‘the Gila River no longer flows as
wonce did in the reach downstream from its
tonfluence with the Salt.”

MODEL CALIBRATION AND PREDICTION

Anderson (1968) used a two-dimensional
dectric-analog model to simulate the uppermost
1200 ft of the aquifer system. Although the tech-
nology of electric-analog models of ground-water
systems has generally been superseded by numerical
{digital computer) models, the principles are the
ume, and the results of both would be essentially
ijentiral. The analog model constitutes a deter-
ministic, distributed-parameter, simulation model
and hence provides an appropriate example for
malyzing the prcdlctwc accuracy of deterministic

ground-water models.” -

The model was based on the assumption that,
prior to 1923, an equilibrium existed in the aquifer
in which recharge balanced discharge. The analog
model then simulates changes in hydraulic head
that occur in response to changes in stresses since
the assumed steady-state time. The model was
alibrated by adjusting aquifer properties, stresses,
ind boundary conditions to reproduce observed
historical changes in ground-water levels during
1923-64 (as shown in Figure 5). The model was
tonstructed at a scale of 1 inch equals 1 mile, with
nodes (resistor junctions) placed at 1-inch intervals.
Values of the storage coefficient varied spatially in
the model from 0.10 to 0.19. One limitation of the

- model is that it is'a two-dimensional approximation
of 2 three-dimensionai system. Furchermore,
although the transmissivity and storage coefficient
ae proportional to saturated thickness, a limitation
of the model noted by Anderson was that values of
these two aquifer properties were not corrected
with time to transient changes in water levels. Also,
significant land subsidence is known to be occurring
within the modeled area, although this process was
not explicitly represented in the model. Anderson
concluded that the model was a valid representation
of the actual hydrologic system for 1923-64, and
states, ““The close comparison of the field and
model data for these periods is the basis for the

assumption that the electrical-analog system can be

used to predict future ground-water conditions.”

Ahheﬂg]r{hcmodcl is used to predict future
= rcsponses,:flﬂf*ﬁlc-futurc strcsscs must: also be

L prowdt:d'fﬁ_c bas:s'for thcs:mphfymg B:SSUI'RPHD"

.~ that théFoturé amoiint and-areal distribution of
pumping would remain about the same as during
the most recent six-year period (1958-64). Thus,
the future pumpage was assumed to equal 3.2
million ac-ft per year, However, Anderson cautions
that, “The amount of water pumpcd probably will
be less because the ever-increasing pump ing lifts
will make pumping incréasingly expensive, and
economically’ margma[ fands may 5€ withdrawn
from cultivation.” He then states that this assumed

. continuation of the most recent pumpage patterns
* ... will cause the predicted water-level declines
to be greater than are actually probable.”

The model was thereby used to predict
changes in water levels for 10 years into the furure.
The prediction is illustrated in Figure 7 as the
predicted depth to water in 1974, Comparison
with Figure 6 shows that the predicted depth to
water in 1974 is consistently greater than the
depth to water in 1964, in many places by more
than 100 ft.
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1974 predicted depth to water, 100s ft
below land surface
Fig. 7. Predicted depths to water in central Arizona, spring
1974 {modified from Anderson, 1968},
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Fig. 8. Relation batween predicted and observed changes in
water level in the Tempe-Mosa-Chandler area of the §alt
River basin, Arizona, 1964-74. Solid line shows whers
predicted equals observed values.

ASSESSMENT OF PREDICTION

Water-level records are available for 77 welis
in the study area for both 1964 and 1974; the loca-
tions of these wells are shown in Figure 7. These
wells are distributed fairly uniformly throughout
the basins; that is, their locations are not clustered
in any single subarea or environment. A comparison
of the predicted and observed changes in water
level at those 77 points provides a basis for evaluat-
ing the accuracy of the model prediction. For the
entire study area, the predicted water-table decline
averages about 50 ft afrer 10 years. For the 77
available wells, the predicted 10-year decline
averages about 82 ft and ranges from 15 ft 10 215
ft. However, 10 years after the end of the model-
calibration period, measurements of the actual
change in water level in the same wells declined an
average of only 9 ft, and the observed change ranged
from a decline of 92 ft to a rise of 146 ft.

The relationship between the predicted and
observed changes in water levels is illustrated in
Figure 8, If the predictions were relatively
accurate, the data should plot along (or close to)
the 45° line connecting equal values of predicted
and observed changes. Instead, data from all but
‘three wells fall below that line, indicating poor
accuracy and the presence of a bias in the model
predictions. Also, the data show a relatively wide
scatter, indicating that the model prediction is
imprecise. The correlation coefficient is 0.29;
although this is statistically significant at the
a = .05 level for a one-sided test, it is low and
indicates a poor correlation between the predicted
and observed water-level changes. It is further
evidence of the relatively poor accuracy of the

oo é

Fg:;diction of the future water levels in this aquifer
- #dfthere:are.any.:lessons:to.be learned from
_erekmg.back at:this prediction; . we must try.to

.=+ ascertain and differentiate among the many

poss:blc sources of error. The most obvious -
question focuses on how much 6f the error can be
attributed simply to ervors in the assumed future.. .
stresses. In other words, if the future stresses had
been estimated accurately and precisely, would the
water-level changes have been prediczed-more
closely? This question could best be answered by
rerunning the model for the 1965-74 period under
an imposition of the stresses that actually occurred
Unfortunately, the original analog model no longer

exists and the necessary detailed data on the spatisl

distribution of pumpage and recharge in the entire
study area for 1965-74 are not available. So we arc
limited to mfcrrmg and deducing as much as
possibie about the sources of error based on the
nature and distribution of the errors and our
knowledge of the hydrogeologic system.

A frequency distribution of the differences
between the observed and predicted changes (that
is, the residuals or errors) is presented in Figure 9.
The errors are approximately normally distributed
[based on the Kolmogorov D statistic (SAS
Institute, 1982, p. 580); probability level:

p = 0.043] and have a mean of ~73 ft, a standard
deviation of 47 ft, and range from 11 to -226 ft.
Ideally, the central tendency of the error distribu-
tion should be near zero and the standard deviation
should be much smaller than it is. '

From Figure 8 it is clear that declines were
predicted everywhere, but the changes that
occurred turned out to be either much smaller

ok A B e w
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Fig. 9. Histogram showing frequency distribution of erron
for the flow model of the Tempe-Mesa-Chandler area of the
Sait River basin, Arizona, 1964-74
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Fiy. 10. Average water-level changa in the Tempe-Mesa-
Chandler srea (A) and annual ground-water withdrawals in
the Salt River Valley, Arizona (B}, 1830-74 (modified from
Babcock, 1970).
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declines or actual rises, which is a significant devia-
tion from previous long-term trends. This is
illustrated in Figure 10, which shows the cumulative
werage change in water level in wells in the Tempe-
Mcs2-Chandler area of the Salt River Valley and
stimated annual pumpage in the Salt River Valley
for 1930-74, which includes most of the calibration
period and, in contrast to Figure 4, all of the
predictive period. A fairly uniform trend in water-
level change prevailed from the early 1940's

through the early 1960’s, which represented the

last 20 years of the model calibration period. But a
marked break in this trend occurred very soon

ifter the end of the calibration period. This break
corresponds closely with the change to a regime of
lesser withdrawal that prevailed since 1964, after
1nearly constant and high rate of withdrawal that
prevailed from 1953-64. Because the prediction
was based on the assumprion that stresses obscrved
during the latter few years of the calibration period
would continue unchanged, the modeci basically
could do nothing else but extrapolate the water-
level trends observed during the latter part of the
talibration period. .

Estimated actual withdrawals during 1965-74
averaged about 2.5 million ac-ft per year for the
entire model area (T. W. Anderson, U.S. Geological
Survey, written communication, 1984). The differ-
ence between the assumed and actual rates of with-
drawal, 0.7 million ac-ft per year, represents an
error in the predicted future withdrawals of only
about 22 percent of the estimated value. Because

- the analog mﬂ_fftt'ms'bascd on the principle of

“or rsuperposmoa:ﬂ’ soltitions and-assumed a back-
- =+ ground -withdrawal of-0.5+million ac-ft per.year,
- the difference between the observed and predicted

withdrawals actually imposed on the model is
about 26 percent of the predicted value (T. W.
Anderson, U.S. Geological Survey, written com-
munication, 1985). Regardless, over the 10-year
period, the cumulative error then becomes 7.0
million ac-ft. Over the entire modeled area of 1.1
million acres this is equivalent to 6.4 ft of water,
and over the cultivated area of 0.8 million acres
this is equivalent to 8.8 ft of water. Assuming that
the storage cocfficient (or specific yield) might be
between 0710 and 0,19, these amounts of water are
cquivalént to as saturated thickness in the aquifer of
between 34 and 64 ft over the entire modcled arca
and 46 to 88 ft over the cultivated area. In_
assessing the range of effects of the error in,
1965-74 withdrawals, we consider the cultivated
area scparatcly because most of the water-level
observations, as well as withdrawals, are in these’
parts of the basins. Therefore, it is possible that the
£ross error in assumed ed pumpage can account for a
large p rge part o of the average bias in the predicred
water-level changes.

Howev¢r, there still remains a relatively large
spread in the error distribution shown in Figure 9,
which will not be reduced by removing the bias. To
help assess whether this lack of precision is also
related to errors in the assumed pumpage, we_
would like to evaluate whether the spatial distribu-
tion of errors in assumed pumpagc correlates with
the spatial distribution of errors in pregb,ctcd_matcr-
level changc "Didta on actual withdrawals by town-
ship (36 mi? area) during 1965-74 are available
only for the Salt River Valley (T. W. Anderson,
U.S. Geological Survey, written communication,
1984, from data prepared by M. R. Long, Arizona
Department of Water Resources). Figure 11 shows
the relation between the error in pumpage for
1965-74 in cach township in both the upper and
lower basins (that is, the eastern and western parts,
respectively) of the Salt River Valley and the
average error in the predicted water-level change
(or drawdown) for the same township. The very
low corrclation between these two factors
(r = -0.086) indicates that the relatively large
spread in errors in predicted water-level change is
probably not attributable, either solely or in any
large part, to a variance in the accuracy of
pumpage estimates. Hence, it appears that there are
other sources of error in the model that have not
yet been ascertained.
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Fig. 11. Relation between the error in the predicted water-
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oE "Tﬁc error in the predicted water level for™
H?ims -plotted on-a.map of.the area andkon-

...-_:onrcd ‘As-shown:in:Eigure 12, .itappears that:the
sserrorsare:not justmdomly-d:smbutcd in-space,
“Ihut-rather exhibit some-persistent patterns in

which the crrors at nearby data points are usually
close in value. However, the error pattern does not
correspond closely with the pattern for any single
factor for which data are available. In general, the
errors scem greatest near the centers of the basins
and least near their margins, but exceptions exist.
In the southeastern part of the modeled area, the
error appears to correlate somewhat closely with
depth to water and water-level decline, but else-
where does not. For the area as a whole, the
correlation coefficients for the relationships
berween the predicted water-level change and the
observed water level in 1964 and in 1974 are 0.46
and 0.47, respectively, which are both significant
at the 0.05 level for a sample size of 77. However,
the correlation cocfficients between the errors in
predicted water-level change and the two scts
(1964 and 1974) of observed water levels are only
0.14 and 0.04, which are not significant at the 0.05
level. Thus, the errors are not strongly associated
with water-table elevations. Also, the absence of
any important relation between the predictive
error and either predicted pumpage or observed
pumpage is reflected by the relatively low correls-
tion cocfficient of -0.20 for both relationships,
and overlaying the transmissivity distribution map
on the error map indicates no important associa-
tion berween these two factors.

There are 2 number of factors that contributed
to the reduction in the net withdrawals during
1965-74. Perhaps some of these could have been
anticipated and their effects incorporated into the
predictive analysis. As noted previously, Anderson
did recognize the possibility that net withdrawals
would decrease, but he did not account for this in
his prediction.

Reexamining the hnstory of the study area for
the 1965-74 period, it is believed that the follow-
ing factors contributed to lower than anticipated
net withdrawals: (1) Farmers in certain parts of the
area ceased operations because of economic or
other reasons, thereby eliminating their with-
drawals for irrigation; (2) other farmers took
measures, such as leveling their fields, to increase
irrigation efficiency, thereby reducing their warter
requirements; (3) in some areas many wells were
deepened to obtain water from deeper permeable
zones, thereby reducing the drawdown relative to
that resulting from equivalent withdrawals from



- wells that penetrate re-s-s'-q:i' \;livc‘ac]uifqr; .
« “{4) additional surface.water-was-available for -
i 'rirrigation vreducing thedependerice on ground

“~water-for supply {5)in Aptil 1965 an unusualflow -:

' event resulted in-about 20,000 ac: ft of recharge
" from infiltration in the channel of the Salt River,

* which is otherwise normally dry (Briggs and
Werho, 1966); and (6) significantly greater than
average precipitation occurred in the Salt River
watershed in 1972-73, and the subsequent unusually
large runoff resulted in the direct recharge of about
0.5 million ac-ft of water along the river channels
during 1973-74 (Babcock, 1975). Local variations
i these same factors also could have contributed
to the variability in the error distribution.

It is also possible that errors in the observed
data could be contributing to this variability in the
errors. For example, individual water-level measure-
ments may not reflect the local static water level,-
perhaps due either to recent prior pumping in the
observation well or to transient effects from pumps
in nearby wells going on or off. These sources of
error could not be accurately assessed from existing
historical records. Of course, it should not be
expected that long-term predictions based on long-
term average stresses would predict fluctuations or
short-term variations in response to short-cycle
stresses (such as local transient well effects) or to
unusual hydrologic conditions (such as seasonal
techarge from a usually dry river channel).

Because significant land subsidence is known
to be occurring in parts of this study area
{Schumann, 1974; Laney and others, 1978), the
possibility was considered that this process, which
was not explicitly represented in the model, could
account for some of the error in predicted water-
level change. The land subsidence is caused by the
compaction of the unconsolidated or partly
consolidated sediments in the alluvial-fili basins.
The compaction, in turn, is related to the com-
pressibility of the sediments and to the decline in
head in the aquifer, the latter of which is gbviously
induced by the major ground-water withdrawals in
the area. Schumann (1974) shows the land
subsidence that occurred within the study area
from 1948-67; Laney and others (1978) present
maps of the study area showing the extent of
observed land subsidence in the lower Santa Cruz
River basin from 1905 to 1977. Their data indicate
that the greatest subsidence within the study arca
occurred in the lower Santa Cruz basin, where as
much as 12.5 ft of subsidence were observed,
whereas less than 5 ft of subsidence are reported

for the Salt River Vailey. Within the lower Santa
o

-.Cruz basiniEaney and others show that most

(morc thfnLN_pcrccnt) of the-subsidence occurred

“since 1948 as seen in Tlgurc 10; withdrawals since
fI94f!~wcre~consnstently greater.than:those prior to

" 1948, ¥xcept for'a few years during the 1965-74
- predictive period. Furthermore, they show that the -

greatest subsidence (between 7.0 and 12.5 ft)
occurred in two areas that total about 120 mi?.
The largest of these two arcas is about 110 mi? and
is located in the southwestern part of the basin
near Eloy.

lydrologically, the compaction that causes
land subsidence also in effect acts as a source of
watcr to the aquifer system. If this fluid source
were not accounted for in the model, then the
water produced by compaction might causc the
actual drawdowns to be less than would occur
otherwise, which is indeed the nature of the
predictive error observed here, However, if this
hypothesis were correct, we would expect to see
some spatial correlation between the amount of
subsidence (as shown by Shumann, 1974, and
Laney and others, 1978} and the magnitude of the
error (as shown in Figure 12). Comparison of these
two factors shows that the maximum subsidence
zone ncar Eloy. corresponds closely with a high
error (> 100 ftY zone in that same area, but that
elscwherc there is no obvious association between
patterns of errors and subsidence. As much as 4 ft
of subsidence were observed in the Eloy area
during 1965-74. As a first approximation, if we
assume that 4 ft of subsidence generate 4 ft of
water and if the specific yield of the aquifer in that
area averages 0.15, then the subsidence may cause
the water level to be 27 ft higher than it would
have been otherwise. In.the remainder of the study
area the subsidence during 1965-74 avcraged about
1 ft, which may similarly be equivalent to about
7 ft of head. Thesc estimates are equivalent to
about 20 percent of the error around Eloy and less
eisewhere. Furthermore; if 1he compacting sedi-
ments are disseminated and distributed fairly
uniformly with depth, then bath land subsidence
and the storage coefficient are linear functions of
aquifer compressibility. Because much of the total
subsidence through 1974 occurred during the
model calibration period, much of its impact
would have been implicitly incorporated into the
model parameters during the calibration process,
most likely through compensating errors in
estimated aquifer properties and stresses. Then if
the rate of subsidence (or ratio of rate of subsidence
to rate of water-level decline) were essentially the
same during the calibration period as during the



- :predictive pcnod thc predictive errors resulting - -

~'rfrom ‘not.explicitly- consldcrmg the subsidence - .-
¢ szuprocess.in-the:model would probably:be megligible, -

»-baney-and-others(1978)-present: subsxdcncc

- . .data at various-times from 1905 through 1977~
along 4 northwest-southeast cross section that
passes through Eloy. These data indicate that
subsidence during the 10-year predictive peried on
the average represented about 33 percent of the
total subsidence that occurred through 1974,
although the percentage ranged from 12 to 71
percent. However, although ground-water levels
declined fairly steadily during 1948-64, on the -
average the water level did not decline during
1965-74, yet subsidence continued at a significant
or even accelerated rate, at least near Eloy. This
could be explained if the compacting low-
permeability sediments were restricted to just.a
few discrete but perhaps relatively thick layers
within the total vertical profile of the alluvium. In
such a case, the compaction and subsidence would
be related to the compressibility of just these low-
permeability sediments, rather than to an effective
compressibility for the entire aquifer thickness,
and the sediments within the low-permeability
beds could continue to compact for years after
ground-water levels had stabilized. The water
produced by the compaction process would act as
a delayed-yield or transient-leakage phenomena,
which would cause long-term water-level declines
to unit stresses to be {ess than they would other-
wise if there were no leakage. It thus appears that,
for the Eloy area, the lack of consideration of the
land-subsidence process in the model contribured
to the error in predicted water-level changes during
1965-74. For the rest of the modeled area, there is
no evidence to indicate that this could have been a
significant factor.

It also follows that such a significant lack of
uniformity with depth in the properties of the
sediments would imply the existence of significant
variations in hydraulic conductivity and specific
storage with depth. This could i.duce significant
vertical components of flow in places, which
obviously could not be represented in the two-
dimensional modcl of Anderson, and might thus be
a contributor to the predictive error. In fact, Laney
(R. L. Laney, U.S. Geological Survey, written com-
munication, 1985) states that in much of this area
at least three layers of differing transmissivity
would be required to adequately describe the
system, For example, the uppermost and highest
transmissivity layer has gradually been dewatered
since the 1940°s and now is saturated only in paris

/0

tif]ﬁht-'basm (R. L. Laney, U.S: Geological Survey,

dﬂ!&gﬂ!-commumcztlon :1985)..This implies-that
Tiagreictfective.transmissivity may-have changed-

: v-s:gmﬁtant!rwhcnandwhcrc-dcwatm:ng has

“occurred: A’ rigorous test of this hypothesis would

- require the construction of alternative two- and

three-dimensional models, which is beyond the
scope of this study.

This example from central Arizona illustrates
the weakness of basing a prediction of aquifer
responses on a single set of assumed future stresses
Because the uncertainty of the 1965-74 stresses

.was not assessed, we do not know whether the
actual 1965-74 responses fall within some associate
confidence interval; hence, we cannot make a
judgment based solely on these predictive errors a5
to whether the model is “*good”’ or “'bad."’ In cascs
like this, it would be preferable 1o assess the
uncertainty in estimated (or assumed) future
stresses and then present the forecasts as a range of
responses with associated probabilities of occur-
rence or confidence intervals. Because Anderson
had indicated (correctly) that the assumed stresses
were probably greater than would occur, the
predictions can be viewed as a “‘worst-casc”
estimate. From that perspective, the model
predictions are reasonably accurate.

CONCLUSIONS

There is no sure way to reliably predict the
furure, but, because management decisions must be
made, predictions of future conditions are needed
and will be made in one manner or another. To
make the most reliable prediction for a given
ground-water problem, all relevant information
should be considered and evaluated in order to
arrive at the best estimate of the future behavior of
the system. Deterministic simulation models can
help accomplish this quantitatively by providing a
format to integrate and synthesize all available
information in a manner consistent with theorics
describing the governing processes. Our present
understanding of the many..processes affecting
ground water is sufficiently adequate to allow us,
in theory, to forecast the behavior of a ground-
water system. In practice, we are severely limited
by the inadequacy of available data to describe
aquifer properties and historical stresses and
responses, and by an inability to predict future
stresses.

Overall, extreme caution is required in making.
presenting, and accepting predictions of future
ground-water behavior. Partly because the
confidence in estimates of future stresses decreases
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..with [ength of predictive tifite; and partly because .
h:stoncajly observed system behayior may:not-

.\rcﬂcct therelative:dominance or:strengths of
~~dilferent governing processes under.a new set of .
- rstresses, forecasts will have greater uncertainty

. with increasing predictive time, The example
discussed in this paper showed that calibrating a
model with more than 40 years of data, in itself,

- did not provide a reliable basis for predicting

changes in ground-water levels for a 10-year period.
This example, zlthough certainly neither exhaustive
in scope nor firmly conclusive in implication, at
least tends to raise serious questions concerning

our ability to forecast the furure state of ground-
water systems. At a2 minimum it can be called on to
question the credibility and validity of predictions-
of waste transport in ground water for perhaps
thousands of years in areas where there may be no
historical observations of flow or transport
phenomena. Regardless, all ground-water predic-
tions should be accompanied by some indication of
their uncertainty; confidence intervals and explicit
statements of probabilities of occurrence should be
estimated.

In light of the predictive accuracy demon-
strated by the model in the example presented in
this paper, one might legitimately question the
value of deterministic ground-water models.
Although, in general, deterministic ground-water
simulation models represent a valuable tool for
aalyzing aquifer systems and for predicting
tesponses to specific stresses, the predictive
awccuracy of these models does not necessarily
represent their primary value. Rather, they provide
ameans to quantitatively assess and assure the

" tonsistency within and between (1) concepts of

the governing processes, and (2) data describing the
relevant coefficients. In this manner, a model helps
the investigators improve their understanding of
the factors controlling ground-water flow.

Axn acaifer-simulation model is no more than
an approximation of a complex field situation.
improvements in the approximation are always
possible; thus, models should be considered as
dynamic represcntations of nature, subject to
further refinement and 1mprovcmcnt As new
information becomes available, previous forecasts
tould and should be modified. Feedback from

+ preliminary models not only helps an investigator

to set improved priorities for the collection of
additional data, but zlso helps test _y_porhcses
foncerning governing processes in order to develop
an improved conceptual model of the system and
problem of concern. In summary, the primary

- value of decéisinistic ground-water models in

-many maig‘s‘éﬁm providing a disciplined. format

- 1o 1mprow:§631c *s.understanding of the aquifer

~system.. THis, in turnshould.allow better-manage-

. ment oFground-water resources of an area, regard- -

less of the predictive accuracy of the model.

It is fairly common now for comprehensive
and intensive hydrogeologic investigations to
include the development, application, and calibra-
tion of a simulation model, 2s well as to use that
model to make predictions. It is also not unusual
for data collection and monitoring efforts in the
study area to be_curtailed after the project has
cnded. This will inevitably result in a future
deficiency in data on actual stresses and responses
during the forecast period. The uncertainty in the
natural and man-xmposr:d stresses may be so large
(as in this example from Arizona) that it appears
impossible to separate out the other sources of _
error in a postaudit. Although in the Arizona case
it is possible that errors in assumed stresses can
account for all predictive errors, it is more likely
that errors in conceptualization and in estimated
values of hydraulic parameters have also
contributed. But the significance of these factors
remains largely elusive. It seems reasonable to infer
that the use of a more finely discretized two-
dimensional model would not have improved the
predictive capabilities for that aquifer system, but.
that a three-dimensional model or the inclusion of
the land subsidence process might have helped.

It should be recognized that when model
parameters have been adjusted during calibration
to obtain a “best fit"” to historical data, there is a
bias towards extrapolating existing trends when
predicting future conditions, in part because
predictions of future stresses are often based on
existing trends. Thus, although one advantage of
deterministic models is that they represent
processes and thus have cause-and-effect relation-
ships built into them, eareful attention must be
paid to the accuracy with which future “causes”
(stresses) can be prcdzctcd (or estimated), because
that can be the major source of error in the
predictions of future “cffects” (system responses).
Furthermore, concepts inherent in a given model
(for example, two-dimensional flow and vertically-
averaged parameter values, or assumed geometry
and boundary conditions) may be adequate over
the observed range of stresses, but may prove to
be oversimplified or invalid approximations under
a new and previously inexperienced type or

/ magnitude of stresses.

The example also clearly demonstrates that if



e model is.to. be.used. for prcdlcnon it should be -
* v i periodically postaudltcd or recalibrated,.to

R .incorporate new informatign,such.aschangesin -. .

- '-'imposcd'srrcsscs-ar'rcv'rsibns-in-thc—assumcd

° = conceptual model..In thc..cxamplc in spite of the . .
“inconclusivencss in pinpointing the exact sources . -’

of error, the postaUdlt pointed out the large
predictive error and the major change in withdrawal
trends that fortuitously occurred immediately after
the end of the calibration period. The original
forecasts had been extended to 1984, and
subsequent to this type of postaudit, the extended
prediction could have been revised to more
accurately account for the change in pumping
patterns and the occurrence of occasional but
significant recharge events.

Thus, in general, predictions should not be
made and accepted but then forgotten; plans
should next focus on conducting a postaudit.
Sufficient data should continue to be collected
after a prediction is made so that the model can
continue to be tested and evaluated as the stress
history in the area continues to evolve. A postaudit
offers the only true way to “verify'’ a model, in
the sense of demonstrating its predictive accuracy
for a particular field application. But more
important, the evaluation of the nature and,
magnitude of predictive errors may itself lead to a
large increase in the understanding of the system
and in the value of a subsequently revised model.
Revised predictions can then be made with greater
reliability.
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- How Good Are Estlmates (_)E’Ifansmlsswny from
Slug Tests in Fracta |

':t by Allen M. Shapire® and-‘I%—z;{ll'A. Hsich®

Abstract
Slug tests in fractured rock usually are interpreted with models that assume homogencous formation properties, even though
hydraulic properties of fractures can vary by many orders of magnitude over the length of boreholes. To investigate the impact of
heterogeneity on the interpretation of slug tests in fractured rock, slug tests were conducted over large intervals of boreholes in crys-
talline rock in central New Hampshire, and interpreted using a homogeneous model. The results of the slug tests were then com-
pared with estimates of transmissivity from fluid-injection tests conducted over shorter intervals in the same boreholes. The Muid-
injection tests showed transmissivity to vary more than six orders of magnitude over the length of the boreholes; however, the sum
of the transmissivities from the fluid-injection tests were within an order of magnitude of the transmissivity estimated from the slug
tests. Although the two estimates of transmissivity were within an order of magnitude of each other, the water level responses dur-
ing the slug tests did not exactly match the responses predicted by the homogeneous model. To investigate the effect of heterogeneity
on water level responses during slug tests, a Laplace-transform solution was developed for slug tests conducted in boreholes con-
taining multiple fractures with hydraulic properties that vary over the length of the borehole. A comparison of this solution with
the homogeneous model shows no difference between the shape of water level responses in a homogeneous formation and a (lay-
ered)} heterogeneous formation. Furthermore, the transmissivity estimated using a homogeneous meodel is within an order of mag-
itude of the prescribed transmissivity in the heterogencous model. Thus, differences between responses predicted from a homo-
geneous model and measured water levels during slug tests can be attributed to phenomena such as nonradial flow in the vicinity
of the borehole, and not heterogeneous hydraulic properties over the length of the borehole. The experimental results of this inves-
ugatuon show that even when conditions such as nonradial flow are present in the vicinity of the borehole, interpretations of slug

tests using a homogeneous model provided order-of-magnitude estimates of transmissivity in the erystalline rock terrane under con-
sideration.

Introduction characterization, because they involve limited contact with contam-

Slug tests are single-hole hydraulic tests used to estimate for-
mation transmissivity, T, and storativity, S. Usually, slug tests are
conducted by perturbing the water level in a well and monitoring
the subsequent water-level response. Because the volume of water
used to perturb hydraulic conditions in the well is small relative to
the volume of fluid in the formation, slug tests stress only a small
volume of the formation about a given well. Thus, slug tests can-
not be used to determine large-scale formation properties or to

; 1dcnufy hctcrogcncnty in formation propertics, which are important

factors when considering fluid movement and contaminant migra-
lion in subsurface environments. Nevertheless, slug tests are
regarded as a simple and efficient means of estimating T and S in
the vicinity of a given well. In many formations with contaminated
waters, slug tests are regarded as the only means of hydraulic
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inated formation waters and thus, limited costs associated-with
cleaning equipment and disposal of contaminated waters extracted
from the formation. Consequently, slug tests have been applied
widely in characterizing a variety of geologic settings, including
unconsolidated sediments and fractured rock.

Solutions to mathematical modcls of slug tests in fractured rock
have been developed by several investigators. Barker and Flack
(1983) considered slug tests in a formation where horizontal frac-
tures intersect a borchole and interact with regularly spaced slab-
shaped rock matrices between the fractures, Dougherty and Babu
(1984, 1985) solved the cquations for slug tests conducted in a
homogenecous dual-porosity medium, including the effects of a
borehole that partially penetrates the formation, Karasaki et al.
{1988) developed a range of shug test solutions that consider dif-
ferent combinations of flow geometries in fractures intersecting the
borehole,

For the most part, the solutions discussed above have relied
upen the assumption of homogeneity in formation properties, even
though it is widely recognized that hydraulic properties of fractures
can vary significantly over the length of boreholes. Furthermore, in
many cases, the water-level responses from the slug test solutions



- - discussed above are nonuniguc, meanng that diflferent combinations

-of parameter -values. and f16% geometries mayslead to similar .-

It -‘.-:hydraulic responses’in the' borchole ¢(Barker and.Bluck “1983;. .=
: Karasaki et al. 1988)..Thus. itis ditficult'tr apply the solutions dis-

+uzcussed above to differentiate:among concupludl models and umqudy
. “identify formation propertics, . -~

Consequently, slag-test’ solutions developed specifically. f0r~'

" fractured formations are not commonly applied when estimating T
.- and S from slug tests conducted in fractured rock. Instead, models
- of slug tests developed for homogeneous porous media have been

used, for example, the models of Hvorslev (1951), Cooper et al.

(1967) and Bouwer and Rice (1976), even though the measured

water levels from slug tests in fractured rock may show only a qual-

itative similarity to these models. Therefore, when characterizing
fractured rock terranes using slug tests, where heterogeneity in
fracture properties is anticipated, we must ask if estimates of T and

5 are reasonable if they are based on conceptual models of homo-

geneous porous media.

Barker and Black (1983) performed a comparison between their
slug-test solution and the slug-test solution of Cooper et al. (1967).
Barker and Black (1983) showed that estimates of T made using a
homogeneous model were within an order of magnitude of the trans-
missivity of the fractures. However, their comparison was based
on their conceptual model of fractured rock, which assumed homo-

geneous fracture properties over the length of the borehole. Harvey -

(1992) investigated the estimation of formation properties from slug
tests simulated in three-dimensional, random hydraulic conductivity
fields; however, the distribution of heterogeneity was not repre-

" sentative of fractures in rock terranes.

The purpose of this paper is to examine experimentally the
robustness of interpreting slug tests in fractured rock with a con-
ceptual model that assumes homogenecus porous-medium prop-
erties, Boreholes completed in crystalline rock in the Mirror Lake
watershed in central New Hampshire were tested hydraulically
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Figure 1. Map of Mirror Lake area in New Hampshire and location
of bedrock boreholes.
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using two methods, slug tests and faid- iniutimf'ﬁ%i\ using
stradiiesgacker apparatus. The straddle-packer apparatus pr ovid
dq;ﬁ}:@eﬁumlum transmissivity over 5 mntesyadsoof the b ’
hd@dnm in-the slug tests werc:conducted over omervals i

-_sume borehales (hat rariged from B 10 166 m in length. The tran
‘-—-uﬁ'g.‘sw:ly estimated [rom the slug tests, using the solution of Coop

Zetal. (1967).is compared with the sum of the transmissivities est

mated from the fluid-injection tests over comparable sections of
borehole to investigate the effect of assuming homogeneity whe
interpreting slug tests conducted in borcholes with heterogencot
fracture properties.

This paper also examines the role of heterogeneous fractu
properties on slug-test responses. A Laplace-transform sofution
developed to investigate slug tests conducted in boreholes havin
fractures with variable T and § over the length of the borehole. B
prescribing distributions for T and S, the slug-test response in a he
erogeneous formation is compared with the solution of Cooper «
al. (1967) to investigate the effect of assuming homogeneous fo
mation properties when interpreting slug tests.

Mirror Lake Site

The Mirror Lake watershed is at the lower end of the Hubbar
Brook Valley in the southern part of the White Mountains in cer
tral New Harmnpshire (Figure 1). The Mirror Lake watershed lic
partly within the Hubbard Brook Experimental Forest, which is a
ecosystem research site operated by the U.S. Forest Service. Startin
in 1990, the U.S. Geological Survey installed an array of borehole
in the bedrock and piezometers in the glacial drift in the Mirror Lak
area and Hubbard Brook Valley as part of investigations to develo
and evaluate field techniques and interpretive methods of char;w
terizing fluid movement and chemical transport in fractured ré
over distances from meters to kilometers (Shapiro and Hsieh 1991i
1996; Shapiro et al. 1995). The hydraulic tests and interpretation
discussed in this paper are a part of the research initiative in frac
tured-rock hydrogeology at the Mirror Lake site.

In the Mirror Lake area, pelitic schist, which was folded an
metamorphosed to a sillimanite grade, has been extensively intrudex
by dikes, anastomosing fingers and pods of granite (Barton 1996;
Small amounts of pegmatite and lamprophyre in the form of dike
also are present in the bedrock. The distribution of rock types an
fractures in road cuts and outcrops in the Mirror Lake area indicate
that granite and schist are not spatially persistent over distance:
greater than approximately ‘15 m, and the spatial configuration o
these rock types is highly irregular. Furthermore, the granite appear:
to be more densely fractured than the schist, and the fractures in the
granite appear to be shorter and more nearly planar than those in the
schist {Barton 1996).

Boreholes in the Mirror Lake area are cased through glacial drif
and completed as open holes in the bedrock. The borcholes arc
approximately 15 cm in diameter and generally are completed tc
depths ranging from 60 to 300 m. Figure 1 shows the location o
boreholes in the Mirror Lake area at the end of 1996, The hydraulic
tests described in this article were conducted in boreholes CO2, FS2
FS83, R1 and TR1.

Standard geophysical logging tools, an acoustxc-telcwcwe:
log and a submersible borchole television camera were used in eam‘
borehole to determine the location and orientation of fracture’
borehole characteristics and rock type (Johnson 1996; Paillet 1996),
Figure 2 is an interpretation of the acoustic-televiewer log conducted
in a portion of borchole R1. The figure shows an opened and ori-
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Figure 2. Distribution of fractures interpreted from acoustic-tcle-
viewer log of borehole R1 from 20 to 35 m below top of casing.

<nted view of the inside of the borehole wall and the location of frac-
tures intersecting the borehole. The fracturing in most boreholes in
the Mirror Lake area is similar to that shown in Figure 2. In gen-
eral, a large number of fractures intersect the borcholes, however,
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Figure 3. Distribution of transmissivity interprcied from fluid-injec-
tion tests, rock type and fractures in borehole R1.

boreholes are not uniformly fractured, and the degree of fracturing
depends on the rock type (Figure 3).

Slug Tests

Slug tests were conducted in intervals of boreholes CO2, FS2,
FS3, R1 and TR1. Inflatable packers were installed in these bore-
holes to isolate large intervals for the long-term monitoring of
hydraulic heads in the bedrock (Hsieh et al. 1996). In boreholes FS2,
FS3, R1 and TR}, two packers were installed in each well to iso-
late three intervals, while in borehole CO2, one packer was installed
to isolate two intervals. The intervals ranged from 8 to more than
160 m in length (Table 1), The intervals were instrumented so that
fluid pressure in cach interval could be monitored from land sur-
face by directly measuring a water level open to the atmosphere
(Figure 4). The water level in the middle interval of each borehole
was accessed using continuous tubing that extended through the
upper packer. The water level in the lower interval in each bore-
hole was accessed through the core pipe through the center of the
packers.

Stug tests were conducted in each interval of the boreholes by
adding water to the 5,08 cm diameter pipes at iand surface (Figure
4). The water levels in the pipes were monitored over time using
pressure transducers connected to a data logger. Manual measure-
ments using an electric water-level sounder were made periodically
as a check on the transducer readings. Water-level responses from



e Table | s )
S .Transmlsmlt} and Storativity Estimated from Slug Tests i "“mlutmn of Cooper ct al: [1967)) =7
voslaonein lmervale of Boreholes'CO2, FS2.FS3, Rl;and TRI, at the Mi akv-Site and-the-Sum of Transmissivitics T
e oo Elaid- Injection “Tests Conducted in &umllar-hﬁmls of the Same Boreholes
< “Interval Top: ¢ . dInterval Botlom: - . érNumbcrol‘FluId-' ) - UTFiid Injection™Fest: Slug Test: . Stug Test:
Depthibelow . .- < Diepth below » Injection Tests- - Transmissivity Summed -+ Transmissivily Storafivity

LT “Topof Casing” ©* . - lop of Casing over Intervat ~ over Inferval - of Lnterval of Interval
Well Name ‘m ‘n m/s : mils
co2 8.2 326 4 9.4 x 1077 27 x 10 1.0 % 10°°
co2 332 61.6 5 1.0 x 10°¢ L5 x 107* 1.1 x o710
FS2 10.5 327 2 1.7 x 107 b b
Fs2 333 66.2 9 23 x 107 7.6 x 107% L1 107
Fs2 66.8 1089 8 33 x 107 4.1 x 107 1.1 x 104
Fs3 122 26.2 3 82 % 1076 3.4 x 1078 1.0 x 1072
Fs3 26.8 59.7 3 25 x 1078 5.0 x 1078 1.1 x 102
FS3* 60.3 226.1 1 6.2 X 107 24 x 10™ box 108
R] 20.6 k3] 1 23 % 10°% 1.7 x 10-% 1.0 x 1072
R1 319 64.8 9 50x 105 1.5 x 107% LI x 1070
R1** 65.4 i94.3 15 3.2 x 107 59 x g7 1.1 x 104
TRI 52.8 61.1 ) 19 x 1077 2.8 x 106 1.0 x 1072
TRI 61.7 918 4 32 % 104 3.0 x 107¢ 1.1 x 10710
TRI 92.7 191.2 1 L5 % 10% - 1.1 x 1076 L1 x i0?

* Borehole F53 restricted at 196.6 m. Fluid-injections tcst not conducted below 196 6 m.
** Borchole R1 restricted at 165.5 m. Fluid-injection tests not conducted below 165.5 m.
*** Response 100 slow to measure. :

5.08-cm-DIAMETER

PVYC PIPE
15.24-cm-DIAMETER
WELL CASING
5.08-cm-DIAMETER NYLON TUBING
STEEL PIPE
UPPER PACKER
QPEN HOLE ‘

3.12-cm-DIAMETER
STEEL PIPE

LOWER PACKER

Figure 4. Instrumentation for multilevel monitoring of hydraulic
head in a bedrock well.
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the slug tests conducted in intervals of borehole R] are shown in
Figure 5. In Figure 5, the dimensionless water-level response in the
well, AH/AH,, is plotted as a function of time, where AH is the time-
varying change in the water level from the initial static water level
and AHj is the initial change in the water level at the onset of the
slug test. The oscillatory water level recorded in the upper interval
of the well is the result of water moving between the 5.08 cm
diameter PVC pipe and the larger (15.24-cm) diameter well casing;
in the upper interval, water was poured into the 5.08 cm diameter
PVC pipe to initiate the slug test.

Transmissivity and storativity were estimated from the results
of each slug test by using the solution of Cooper et al. (1967), which
is based on the assumption of radially symmetric flow in a confined,
homogeneous and isotropic formation, where the wel! fully pene-
trates the formation. Estimates of T and S from each slug test were
made by minimizing the sum of the squared residuals between
the measured dimensionless water level and the solution of Cooper
et al. (1967). The minimization procedure is based on the follow-
ing expression, .

_ o (AH(L)  AH'(Br.o)Y
p(a.B) E;,I( AH., Al )

(1)

where p is the sum of the squared residuals, AH' is the change in
water level as predicted by the solution of Cooper et al. (1967), AH
is the measured change in water level from the slug test, o is the
dimenstonless constant defining the ratio of storage in the forma-
tion to storage in the borehole, a=r2 S/2, r, is the radius of the bore-
hole, r_ is the radius of the casing, {; corresponds to times at which
equivalent values of AH and AH' are achieved, N is the number of
points of comparison between the slug-test data and the solution of
Cooper et al. (1967), and B scales the time in the solution of
Cooper et al. (1967) for comparison with the measured water lev-
els. In this analysis, values of t; correspond to AH/AH, and AHYAH,
equal to (1.95, 0.90, 0.85, 0.80 . . ., 0.05. In cases where the slug test
was terminated prior to reaching the ambient water level in the inter-
val, a truncated series of values for t; was used in performing the
minimization procedure. The values of o and 3, which minimize
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Figure 5. Water level responses for slug tests conducted in borehole R1
and the slug-test solution of Cooper ct al. (1967).

the sum of the squared residuals in Equation |, are used to estimate
Tand S; {3 is used to estimate T and e is used to estimate S (Cooper
et al. 1967). In this analysis, only values of a equal to 10-', 102,
1073,.. ,10-9 were considered in the minimization procedure.

Values of T and S estimated from the slug tests using the min-
imization procedure discussed above are given in Table 1. Figure
5 shows the fit between the slug test data and the solution of
Cooper et al. (1967) for the slug tests conducted in intervals of bore-
hole R1. In general, the results of the slug tests shown in Figure 5
resemble the shape of curves predicted by the solution of Cooper
et al. (1967). However, the match between the data and the type
curves is not an exact one; the differences are most pronounced at
the early and late times during the tests. The solution of Cooper et
al. (1967) assumes homogencous formation propertics, whereas the
boreholes at the Mirror Lake site have numerous fractures with dif-
ferent hydraulic properties over the length of the tested intervals.
In addition, fracture connectivity and individual fracture properties
may create flow conditions that are not radially symmetric about the
well. :

The transmissivity of the tested intervals ranges over three
orders of magnitude, 10-% to 10-3 m%/s, which is reasonable in

T~ WATER LINE
- DATA LOGGER

Figure 6. Instrumentation for conducting fluid-injection tests in a
bedrock well. ’

light of the heterogencous distribution of fractures in the granite and
schist at the Mirror Lake site. The storativity estimated from the slug
tests ranges from 10" to 102, where most of the values of S are
at the extremes of this range. This range of storativity probably is
not physically realistic in granite and schist; however, estimates of
S usually are regarded as being unreliable’ from single-hole tests such
as slug tests. The range in the estimates of S also may indicate the
assumptions implicit in the solution of Cooper et al. (1967}, for
example, radially symmetric flow, are not being encountered in the
tested intervals

Fluid-Injection Tests

Fluid-injection tests were conducted in all boreholes at the
Mirror Lake site to provide a detailed description of the hydraulic
properties in the bed ock. Fluid-injection tests were conducted
using a straddie-packer apparatus, which hydraulically isolates a
short interva} of the borehole Figure 6); usually, a 5 m interval was
used for the fluid-injection iests. For each test, fluid was injected
between the packers using a pressurized tank at land surface, while
the flow rate and fluid pressure in the isolated interval were mon-
itored. Fluid pressures above and below the isolated interval also
were measured as a means of checking for fluid leaking around
packers or the “short-circuiting” of fluid to the borehole through frac-
ture connections in the rack. Fluid pressures were measured using
pressure transducers, and an in-line flowmeter was used to measure
the flow rate, A valve was used to switch between two flowmeters
depending on the permeability of the packed-off interval, One
flowmeter was calibrated between 6.75X 10~ and 5.09 % 10-3
liters per second (L/s), while the second flowmeter was calibrated
between 2.93 X 1073 and 1.33 X 107! Lfs. An air-actuated, down-hole
valve in the packed-off interval was used to start and stop the flow

- of water during the test. :
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Figure 7. Typical results for fluid pressure and flow rate measured in
the packed-off interval during fluid-injection tests,

Intervals for fluid-injection tests were chosen on the basis of
the acoustic-televiewer survey of the borchole wall, Only those sec-
tions of the borehole that penetrated fractures were tested. Intervals
that penetrated no fractures were assumed to be below the detec-
tion limit of the flowmeters in the apparatus, which is approximately
5% 1075 Lfs.

Typical responses for the fluid pressure in the packed-off '

interval and the flow rate during an injection test are shown in Figure
7. At the start of the test there is an increase in both the fluid pres-
sure and the flow rate as water pressurizes the borehole between the
packers. Gradually the flow rate declines and begins to stabilize as
the formation accepts fluid. The test is continued until a quasi-steady
flow rate and fluid pressure are achieved (usually within 10 min-
utes). A second fluid injection test is conducted at a higher injec-
tion pressure (Figure 7) to test if fracture properties are a function
" of the injection pressure. For tests conducted in the crystalline
rock of the Mirror Lake area, there was no detectable change in frac-
ture properties over the range of injection pressures used.

Using the flow rate, Q, and the change in hydraulic head, Ah,
measured in the packed-off interval at the end of the injection test,
the transmissivity of the packed-off interval can be estimated using
the Thiem equation (Bear 1979),

__Q (E)
T ZwAhln r,

where R is the radius of influence at which there is assumed to be
no change in the hydraulic head, and r, is the radius of the borehole.
For tests conducted at the Mirror Lake site, the borehole radius is
0.075 m and the radius of influence was assumed to be 3 m.

The Thiem equation is based on the assumption of steady-state,
radial flow in a homogencous, isotropic and confined formation with
no measured drawdown at a given radial distance (R) from the well.
However, transient responses are exhibited in the fluid-injection tests,
even at the end of the test period; thus, interpreting fluid-injection
tests using a steady-state assumption is an approximation. Although
transient pressure responses from the fluid-injection tests can be
interpreted to estimate T, analyses that consider the variabie flow
rate and the compressibility of the straddle-packer apparatus usu-
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ata distance from the well, R. Also, the radius of influence is not

- known; however, only order-of-magnitude changes in the radius of

influence will affect estimates of T.
Estimates of T from fluid-injection tests conducted in borehole
R1 are shown in Figure 3. The transmissivity of the tested (fractured)

intervals range from the detection fimit, which is about 10-0, 10 10+

mZ/s. Flow in the untested (unfractured) intervals is assumed to be

- -below the detection jimit. The results shown in Figure 3 are typi-

cal of most boreholes in the Mirror Lake area. The transmissivity
over the length of the borehole varies more than six orders of

“ magnitude and there are only two or three highly transmissive

intervals over the entire length of the borehole, Estimates of T for
most intervals are two or more orders of magnitude beiow those for
the most permeable intervals. Furthermore, estimates of T do not
vary smoothly over the length of the borehole. The most permeable
intervals may be adjacent to unfractured intervals or intervals with
transmissivity at the detection limit. '

The lower parts of boreholes FS3 and R1 were inaccessibie to
the straddle-packer apparatus due to restrictions in the borehole
diameter. However, slug tests conducted in FS3 and R1 probably
tested the entire lower interval of these boreholes, because it is
unlikely that the restrictions hydraulically isolated the lower section
of the borehole.

Comparison of Estimates of Transmissivity
In Table 1, the transmissivity estimated from the slug tests using
the model of Cooper et al. (1967) is compared to the sum of the
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Figure 8. Transmissivity estimated from slug tests (using solution of
Cooper et al. (1967) in intervals of boreholes CO2, FS2, FS3, R1, and
TR1, and the sum of transmissivities from fluid-injection tests con-
ducted in similar intervals of the boreholes.
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ramsmissivities estimated from fluid-ingection tests comducied m the
same borcholes. Figure 8 shows- plot of the resubis given in Table
. 1, where the fogarithm ufll:c two estimates of Fate compared, In
sencral, the-twa estimates of T fora & grven merail are wilian an
"mdu’ ol magnitude of cach other,-and {-lﬂmc 8 showsethere s me
- apparent bias between-the two estimates of T. Howeve, for tests con-
‘ducted in-the lower mtérvals of.boréholes FS53 and RI, the anter-
pretation of the slug tests provided a larger estimate of T than the
*sum of the transmissivities from the fluid-injection tests (Table 1).
This may be the resuli of being unable to access a portion of these
intervals with the straddle-packer apparatus because of restric-
tions in these boreholes; thus, the sum of the transmissivitics from
the fluid-injection tests does not account for the transmissivity of
the intervals that were inaccessible.

The fluid-injection tests provide details of the variable trans-
missivity over the length of the boreholes. However, the sum of the
transmissivities from the fluid-injection tests is within an order of
magnitude of the estimates of T interpreted from slug tests using a
homogeneous porous medium model. Although the slug tests and
fluid-injection tests most likely are testing a similar volume of
rock about the borehole, it is unlikely that a better correlation can
be achieved between the estimates of T from the two types of
tests. The interpretation of the fluid-injection tests assumes a radius
of influence and a steady-state flow regime, whereas a transient fluid
response is assumed in the interpretation of the slug tests.
Furthermore, because of the likelihood of complex {racture con-
nectivity in the vicinity of the borehole, both tests probably are sub-
ject to nonradial flow. However, both tests may not be affected sim-
ilarly by a nonradial flow regime, because the slug tests and
fluid-injection tests are conducted over different lengths of the
same borehole. Therefore, the difference between the estimates of
T from the slug tests and fluid-injection tests should be considered
within the error of the analyses. Finally, because a steady-state inter-
pretation of the fluid-injection tests was considered, estimates of
storativity from the fluid-injection test were not made: Thus, infor-
mation on the variability of S over the length of the borchole is not
available for comparison with the estimate of S from the interpre-
tation of the slug tests.

Heterogeneous Fracture Properties

and Slug Test Responses

Although the two estimates of T discussed above are within an
order of magnitude of each other, the measured water levels during
the slug test do not exactly match the type curves predicied by the
model of Cooper et al. (1967). It remains to be seen whether this
is an artifact of the heterogeneous fracture propertics over the
length of the borehole, or other processes, such as nonradial flow
in the vicinity of the borehole (Karasaki et al. 1988) or the hydraulic
interaction between fractures and a porous rock matrix (Barker and
Black 1983). In this section, we investigate the effect of conduct-
ing slug tests in boreholes having heterogeneous fracture proper-
ties. The equations defining the water-fevel response during a slug
test arc solved for conditions where the boreholc is intersecied by
numerous fractures, each with unigue hydraulic properties. The frac-
tures intersecting the borehole are assumed to respond analogously
to a layered formation in which there is no hydraulic communica-
tion between fractures (Figure 9). Furthermore, each fracture is
assurned to be homogeneous and isotropic, and thus, flow is radi-
ally symmetric about the borehole in each fracture.

Fracture

(v\‘é’

:;v B

M j

m&m
/’ ‘

Fracture LiflEis
Rock Matrixj

Figure 9. Conccptual model of multiple fractures intersecting a bore-
hole as a laycred aquifer where T, and §; are the transmissivity and
storativity of individual fractures.

The conceptual model discussed above is analogous to layered
formations considered in other aquifer-test interpretations
{Wikramaratna 1984). Karasaki et al. (1988) also considered slug
tests in borcholes that intersected two layers; here, that solution is
extended to consider multiple fractures intersecting the borehole.
Obviously, this conceptual model is a simplification of complex frac-
tured rock formations; mevertheless, the results of this analysis
will allow us to illustrate the effect that heterogeneous fracture prop-
erties have on water levels during slug tests, and the estimation of
T and S in such formations using models that-assume homogeneous,
porous-medium properties.

The Laplace-transform solution for the water-level response dur-
ing a slug test conducted in a borehole that intersects multipte frac-
tures is given in the Appendix. In this solution, we assume that there
are a discrete number of fractures, where T,and §;, i=1,2, . . .M, are
the transmissivity and storativity of the individual fractures inter-
secting the borehole, and M is the number of fractures intersecting
the borehole. The effective formation transmissivity of the hetero-
geneous moded, Ty, is assumed to be the sum of the transmissivities
of the individual fractures. or

M
=T, (3)

=l

The formation storativity, however, is not readily defined from
the storativities of the individual fractures. The formation storativity
depends on the hydraulic diffusivity, T\/S,, of the individual frac-
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Figure 10. Four cases of slug tests in boreholes having two fractures with different transmissivity and storativity; the solution from the heterogeneous
model (given in the Appendix) is compared with the slug test solution of Cooper ¢t al. (1967).

Table 2 . )
Transmissivity, Ty, from the Heterogeneous Model and Estitnate of T from the solution’sf Coopet et al, (1967)
for the Cases Shown in Figures 10 and 11
i T» 4 Si
M, Te=< T from Solution of from Solution nf
Number of i=1 Cooper et al. (1967) Cooperet al.
Example Fractures (m¥s} (m¥s) (1967}
Figure 10a 2 1.01 x 105 1.01 x 10-5 13-+
Figure 10b 2 200 x 104 129 x 10-5 10-2
Figure 10c 2 1.01 x 105 0.70 x 10-3 10-3
Figure 10d 2 1.01 x 10-3 101 x 103 10-2
Figure I1a 20 9.40 X 10-3 9.18 x 102 10-¢
Figure L1b 20 9.40 x 103 9.62'% 102 1¢-¢
Figure Ilc 20 940 X 102 6.65 x 10-3 10-4 .
Figure 11d 20 940 x 103 8.00 x 107 10-7
44
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Figure 11. Four cases of slug tests in boreholes having muttiple fractures with diﬂ'e;rent transmissivity and storativity; the solution from the het-

erogeneous model (given in the Appendix) is compared with the slug test solution of Cooper et al. (1967).

tures. Only for the case in which the storativity of each fracture is
the same will the formation storativity be equal to the sum of the
storativities of the individual fractures.

The slug-test solution inia‘héterogeneous formation will be
compared with the solution of Cooper et al. (1967) to illustrate the
effect of heterogeneity on slug-test responses. Estimates of formation
transmissivity from the solution of Cooper et al. (1967) will be
denoted by T and will be made by minimizing the sum of the
squared residuals between the two solutions in a manner similar to
that discussed following Equation 1.

To illustrate the effect of heterogeneous fracture properties on
slug-test responses, we first simulate several simple examples of a
borehole intersected by two fractures only. This will be followed by
more complex examples, where distributions for T; and S, are
assumed for a number of fractures. Figure 10 shows four cases of
slug tests simulated in boreholes intersected by two fractures,
where the fractures have different hydraulic propertics, In figure 10,
extreme values of S, are examined, for example, variability in the
storativity of fractures may be dependent on the presence of frac-
ture-fill material. In each case, the water-level response of the slug
test simulated in the heterogeneous mode! is compared to the solu-

tion of Cooper et al. (1967). The formation transmissivity as defined
by Equation 3 is compared to estimates of T using the solution of
Cooper et al. (1967). The results of this comparison are given in

“Table 2.

From the results shown in Figure 10 and Tabie 2, the follow-
ing conclusions are drawn. If the storativities of the fractures are
equal, while the transmissivities are different, T; is estimated cor-
rectly by the homogeneous modc: (Figurc 10a). If, however, the
transmissivities of the fractures are equal, while the storativities are
different, there may be errors in estimating T; using a homogeneous
model (Figure 10b). However, the error in estimating T; from the
homogencous model is within an order of magnitude of the calcu-
lated transmissivity from Equation 3. In cases whete bath the
transmissivity and the storativity of the layers vary (Figures 10c and
10d), the robustness of estimating T, using a homogeneous model
depends on the storativity of the fracture with the largest trans-
missivity. In Figure 10c, the fracture having the largest transmissivity
has the smallest storativity (i.e., a negative correlation between T
and S}. In this case, there is in an error in estimating T ; however,
again, the error in estimating T, using a homogerieous model is less
than an order of magnitude. In Figure 10d, the fracture with the



4o

laru,sl transmissivity also has the lrgest storativity, In this case..

- there is no-error in esllmallng,ﬂ-,- susing a homogencous model.

¢

- Furthermore; in all of these cx.lmplc\ the-shajpe ut the water-level
Tesponses:as predicted by the: hctuuuu:um\ madel s simikar o the

v

shape of:the response-for the homoocncoux model. -

In Figure 11, slugtest responses;in horcholes intersected by

- mu]up[e fractures with varying hydraulic properties arc considered.

In the examples shown'in Figure 11, 20 fractures are assumed to
intersect the borehole. The transmissivity of the fractures is assumed
to be log-normally distributed with a geometric-mean transmissivity
(Ty) equal to 10~ m%s and a variance of log,, T (¢2;) equal to 1.9.
In reahzanons of the transmissivity, these parameters produce val-
ues of T; that vary over six orders of magnitude or more. For the
slug-test responses shown in Figure ila and 11b, the storativity of
the fractures also is assumed to be log-normally distributed with a
geometric mean (S,) equal to 107 and a variance of log,oS (o?)
equal to 1.9. In Figure 11a, the transmissivity and storativity are
assumed 10 be uncorrelated, prs=02rg/(02; 0%)? =0, where pyg
is the correlation coefficient of log,,T; and logS;, and o2 is the
covariance of log,T; and log,S,. In Figure 11b, the transmissivity
and storativity are assumed to be negatively correlated with
prs = — I; thus, larger values of transmissivity are associated with
smaller values of storativity. Negative correlation between T and S
for fractures may naturally arise if fractures contain fill material; frac-
tures with fill material may have lower permeability than unfilled
fractures while also having a Iargcr storativity than unfilled fractures.
In Figures 11aand 11b, there is only a slight error in estimating the
formation transmissivity when using the model of Cooper et al.
(1967) (see Table 2).

In Figures 11c and 11d, 20 fraciures also are assumed to inter-
sect the borehole. The transmissivity of the fractures again is
assumed to be log-normally distributed where T, = 10-5 m¥s and
o = 1.9. However, in these cases the fractures are assumed to have
a bimodal distribution for log,,S, which is assumed to be the sum
of two normal distributions, where equal probability is given to each
distribution. For the results shown in Figures 11c and 11d, the
variance of the modes of the distributions are assumed o be zero;
thus, the storativity assigned to the fractures is either 10-3 or 109,
Bimodal values of storativity rather than a continuous distribution
of storativity could arise if some fractures are filled with the same
type of geologic material while other fractures are unfilled. In
Figure 11c, log,oT; and log,,S; have only a slight negative corre-
lation, while in Figure 11d, T; and S, are assumed to be more neg-
atively corelaied than the case shown in Figure 11c. The cases
where §; has discrete bimodal values produces more pronounced dif-
ferences between T; as prescribed in the heterogeneous model and
the transmissivity estimated from the homogeneous model than cases
Wwhere the storativity continuously varies over the range of a dis-
tribution, However, again, in Figures 1lc and 11d, the error in
estimating the transmissivity with the homogencous mode! is less
than an order of magnitude (Table 2).

As was the case for the heterogeneous model with two fractures,
the cases where 20 fractures are assumed to intersect the borehole
did not alter the shape of the water-level response in comparison to
the homogeneous model. Thus, differences between the shape of
measured water-level responses and the homogencous model of
Cooper et al. (1967) must be attributed to phenomena other than het-
erogencous fracture properties. Phenomena such as nonradial flow
or changing flow geometries in the vicinity of the borehole (Karasaki
et al. 1988), or the hydraulic interaction between fractures and a

N hnm(ruﬁlwmdcl of Cooper elal. (1967

porous tock matrix (Barker and Black 19831 we the s bkl

- causey, ol _dl_lfcrcn(,cs between measured slug-test tesponses and thy

g 'Summary and €0nc{usmns N
‘Sluglcstﬂ are u\ed commenly (o estinate 1 amnuwvm T: and

storativity, S, in the vicinity.of boreholcs in Tractured rock ter-
ranes, However, solutions that have been derived specifically io
interpret slug tests in conceptual models of fractured rock have too
many paramelers o obtain unique fits between predicted and mea-
sured water-level responses. Therefore, slug tests in fractured rock

usually are interpreted with models that assume honogeneous for-.

mation properties, even though fracture properties may vary over
the length of the boreholc or measured watcr level responses may
only qualitatively resemble the predicted responses of the homo-
geneous model. This paper investigaied the impact of heterogeneous

fracture properties on slug test responses and the estimation of T-

using an interpretive model that assumnes homogeneous formation
properties.

Slug tests were conducted in five boreholes in crystalline rock
in central New Hampshire in intervals that ranged from 8 to more
than 160 m. The slug tests were interpreted using the solution of
Cooper et al. (1967), which assumes homogeneous T and S over the
tested interval. Fluid-injection tests conducted over 5 m intervals
in the same boreholes showed the transmissivity 10 vary over six
orders of magnitude in the boreholes. However, the sum of the trans-
missivities from the fluid-injection tests were within an order of mag-
nitude of the estimated T from the slug tests. The water-level
responses of the slug tests, however, did not exactly match the pre-
dicted responses from the solution of Cooper et al. (1967).

To investigate the effect of heterogencous fracture properties
on shig-test responses, a Laplace transform solution was developed
for slug tesis conducted in boreholes containing multiple fractures
with varying hydraulic propertics over the length of the borehole.
Using a homogeneous model to estimate T in borcholes having frac-
tures with varying hydraulic properties results in errors of less
than an order of magnitude. The variability in the storativity of the
fractures influences the magnitude of this crror. For cases where the
storativities of fractures varies continuously over the range of a dis-
tribution, errors in estimating T using a homogeneous model are less
than 5 percent. However, for cases where the storativities of the frac-
tures have discrete bimodal values, efrors in estimating T using a
homogeneous model were shown to be as great as 30 percent for
the cases considered in this paper.

Furthermore, water-level responses in slug tests conduclcd in
boreholes with heterogeneous fracture properties over the length of
the borchole have the same shape as slug-test responses in homeo-
geneous formations. Thus, differences between measured water-level
responses during slug tests and the responses predicted by the
homogeneous model cannot be attributed to fracture properties
that vary over the length of the borchole. Differences between the
homogeneous model and measured water-level responses during
slug tests are most likely the result of phenomena such as nonradial
flow or the varying geometry of flow in the vicinity of the borehole,
or the interaction between fractures and a porous rock matrix.

The 1e experimental results of this investigation showed that
estimates tes of T interpreted using a homogencous model of slug- lcsl
responscs_ﬁc;wded order—of-magmtude estimates of T in compar~
ison 1o fluid-ir m_|ccuon tests ur;mg a straddle packer apparatus in crys-
talline rock in central New Hampshire. All fractured rock terranes



.. anay not yicld similar results 10 those given here, However, the con-
.- ditions in the crystalline rock.censidered in this investigation are
. extreme bhecause the transmissivity of.fTaciures varies over six
‘ders.of magnitude in most boreholes and“phenomena such as non-
Jial flow-in the-vicinity:of-thc-boreholes is detected. Thus,inter-
- :spreting slug tests in fractured rock using a homogeneous model of

- . formation propcmcs m.xy . be adequatc in prov:dmg order-of-mag- 1

nitude estimates of transmissivity in the vicinity of the borehole in

'} most fractured rock terranes, However, caution should be used in

_{ applying the estimates of T from slug tests, because slug tests

hydraulically stress only a small volume of the formation and thus

cannot be used to interpret formation heterogeneity or large-scale
formation properties.

Appendix

The conceptual model of fractures intersecting a borehole
given in Figure 9 is considered. There is assumed to be no cross flow
between the fractures, and each fracture is assumed to be homo-
geneous and isotropic. Furthermore, under ambient hydraulic con-
ditions, the hydrautic heads in the fractures are assumed to be
equal and spatially uniform. Also, frictional forces along the bore-
hole wall are assumed to be negligible. Thus, throughout the dura-
ti.on of the slug test, the hydraulic head in each fracture at the
borehole radius is equal to the water level in the borehole. This is
expressed as

w(t)=h(r=r,1t) i=12,...M (A.1)
where w(t) is the time-varying water level in the borehole, h; is the

‘raulic head in an individual fracture denoted by the subscript i,

.he radial coordinate measured from the center of the well, r, is

tne radius of the open interval of the borchole, t is time and M is the
total number of fractures intersecting the borehole.

The slug test is conducted by perturbing the water level in the
borehole at t = 0 and then measuring the subsequent water-level
response. The equation governing the conservation of fluid volume
in the borehole is

. 0w ah
g -——+21rr2T__

ET I =0

(A.2)

— where r, is the radius of the well casing and T, is the transmissiv-
ity of an individual fracturc denoted by the subscript i. Equation A.2
. is subject to the initial condition

w{t=0)=H,=hfr=r,t=0) i=12...M (A.3)
where H, is the water level in the well at the onset of the slug test,
The solution to Equations A.2 and A.3 requires a knowledge
of the hydraulic responses in the individual fractures. The equation

of fluid volume conservation in each fracture is written

™) _g

i=12,...M
or !

S. o Tl 9 ( (A4)

I it oar

.icre S, the storativity of an individual fracture denoted by the sub-
script i. Equation A4 is subject to the initial condition

hir,t=0)=H i=12,...M (A.5)

where H is the spatially untiorm hydraulic head i cach fracine
. the onsewf_lbc,slug test. Equation A.l. written for cach tmuuu
. serves .L*;Ji:&lﬁmclary condition at the borehole for Equation A4

- The bomnfxl?'wndmnn for.each fracture at a-distance far trom the
bort:huk'_l.s ;
h('r'—-oo h=H - Li=12,10M A

.- For the purpose of solving the previous equations and com-
“paring the results with the model of Cooper et al. (1967), the fol-
lowing dimensionless variables are considered

W' = H-w (A7)
T H-H ‘
oo H-oh
H - H, (A.8)
Tt
=+ (A9)
rc
L (A.10)
T

where w', h’, t" and r’ are the dimensionless forms of w, h, tand r.
respectively, and Ty is the formation transmissivity for the system
of fractures,

(A1)

Introducing the dimensionless variables into (A.1)-(A.6) yields

.(A.l2)

wt)=h'('=1t) i=12...M

——+2§)l "a'|"='=0 (A.13)
wt'=0)=1=h/('=1t'=0) 1=12,...M  (A.l4)
adh’, 1@ (0N . S
W o (r ﬂl") =0i=12,..M ™ -:(A.15)
W (', t'=0)=0 i=12,...M (A.16)
h'( = oo, t)=0 i=12,...M (A.17)

where the dimensionless parameters, o; and «; arc defined as

T

ci=T'r i=12,...M (A.18)
2

@ = r'r,S‘ i=12,...M (A.19)

Taking the Laplace transform of (A.12)-(A.17) yields

w=h'(r'=1) i=12,...M (A.20)



pPa, — ] ah . ' ’
T h_ L9 =0.i=12,...M ..(A21) .

a, rc'ir(r ar) 0 l‘,- (A )
h (r'—bm) 0 ]=_l'2, ,‘. -M (AAZZ)
M ahf - ;_,- e T

1 —pw' +22 ,._,—q - (A23)

where W’ and b;' are the Laplace transforms of w' and h;’, respec-
tively, and p is the Laplace transform variable.

The solution to Equation A.21, using Equations A.20 and
A.22 as boundary conditions, is

i=1,2,... M, (A249)

where K is the Bessel function of the second kind of order zero.

The solution for w' is obtamcd by introducing Equation A.24
into Equation A.23.

v =

p+23 vpas

i=1

where K, is the Bessel function of the second kind of order one.

The Laplace transform solution for the distribution of the
hydraulic head in each fracture is obtained by introducing Equation
A.25 into Equation A.24,

(A.26)

The real-time solution for w' and b is obtained by numerically
inverting Equations A.25 and A.26, respectively ( Stehfest 1970).
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- .. Scale:Dependency. ofHydraulic
Conductwnty Measurements

by Charles W. Rovejr II* and Douglas S. Cherkauer®

Abstract

The hydraulic conductwny of five strat:graph)c units in a carbonate aqulfer has been measured with slug, pressure, and
pumping tests, arid with two calibrated digital models. The effective test radii range from less than one to greater than 10,000
meters. On log-log plots hydrauhc conductivity increases approximately linearly with test radius to a range between 20 and

220 meters, but thereafter, it is constant with scale.

The increase in magnitude of hydrau!ic conductmty is similar to scaling effects reporied at seven additional sites in a
variety of geologic media. Moreover, the increase in magnitude correlates with an mcrease in variance of log-hydraulic
conductivity measured at successively greater separation distances.

The rate of increase in both parameters, and particularly the range, have characteristic values for different pore systems.
The larger ranges are consistently present in units with greater secondary porosity. Therefore, scaling effects provide a
qualitative measure of the relative importance of secondary and primary permeablllty, and they can potentially be used to

distinguish the dominant type of pore system.

Introduction .

~ Considering the effort devoted to studying scale effects
on dispersivity, it seems strange that hydraulic conductivity,
a more fundamental parameter, has not been similarly
investigated.. The lack of attention is even more puzzling,
given the numerous anecdotal reports, amounting to com-
mon knowledge, that lab tests consistently give hydraulic
conductivities iess than field tests. A compilation by Herzog
and Morse (1984) remains one of the few sources where the
scale of measurement was specifically recognized as a factor
for these differences.

- The relanonshlp between hydraulic conduclmty and
scale, however; is more complex than a simple correction
factor between lab and field measurements. Bredehoeft et al.
(1983) compared hydraulic conductivities of a shale as mea-
sured by lab, slug, and pumping tests with that from a
calibrated digital model. The long-term pumping test in an
underlying sandstone had a radius of influence of approxi-
mately 10, 000 m, and gave a similat value for the overlying
shale as the cahbralcd model value. The lab tests had values
apprommately one thousandth that of the regional value,
while smali-scale field measurements, slug tests, had values
approximately one tenth of the regional value. Therefore,
hydrautic conductivity appears to increase with scale regard-
less of the method of measurement. Based on field mea-
surements at different scales, we first quantify how hydraulic
conductivity varies with test radius for five hydrostrati-
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Spnngﬁcld Missouri 65804,
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graphic units within a dolomite aquifer in southeast Wis-
consin (Figure 1). These results are then compared with
published data of hydraulic conductivity from additional
sites in a variety of geologic media and with variograms of
log-hydraulic conductivity distribution. The increase in
hydraulic conductivity with measurement scale appears to
be a general phenomenon which is correlated to an increase
in the vanance of its distribution.

Previous Work )
The most complete report on the scale dependency of

_hydraulic conductivity measurements is by Bradbury and

Muldoon (1990). They measured hydraulic conductivity at
scales from approximately 107 to 10" meters in both glacial
outwash and mixed outwash-diamicton (fine-grained glaci-
genic) sediment. In both media regional estimation methods
(pumping tests, digital models) gave hydraulic conductivi-
ties approximately three to five times greater than small-

scale field measurements (slug tests) and nearly 10 times

greater than lab tests (Figure 2a, b). They also noticed that
scale effects vary with the nature of heterogeneity. Hydraullc
conductivity of outwash sands increases with test radius at a
log-log slope 0f 0.38, whereas the mixed outwash-diamicton
increases at a greater slope, 0.92,

Bruner and Lutenegger {(in press) and Keller et al.
(1986) measured hydraulic conductivity in jointed, ¢clay-rich
glacial tills with lab, stug, and pumping tests (Figure 2c, d).
The measurement scale is not as accurate in these cases, but
using the best estimates, hydraulic conductivity increases
with a slope of approximately 1.0 to a range between two
and five meters on log-log graphs.

Sauter (1991) investigated a mature karstic limestone
(Figure 2¢). The rate of increase in hydraulic conductivity
(0.66) is intermediate between the jointed tills and the po-
rous outwash, but the most notable difference is the range in
scale effect. Hydraulic conductivity increases with mea-
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:surement-scale to°at Tcast 3200 nieters, a .much greater
dlstancc ‘thanthe -joirted “or- ggranu!ar media.-Thus, an-

+ -increase -in~hydraulic-conductivity “over-many -orders of :
»: =-.magnitude in-test radius-appears typical of karst: aquifcrs in '~

’ contrast with shorter ranges in other ‘media.

‘In summaty, data available to date suggest that differ- -

" ent geologic media have characteristic measures of scale
effects (siope and range). Further, these measures may be
useful in distinguishing different types of flow (i.e. granular,
fracture, or conduit) in cases where it is unknown. In the
remainder of this paper we test this hypothesis, first with
data from a carbonate aquifer comprised of numerous strati-
graphic units (Figure 3a), and then with values gathered
from previously published reports.

Data Base
Hydrostratigraphy

Rovey (1990) and Rovey and Cherkaver (1994a, b)
divided the carbonate aquifer of southeastern Wisconsin
into nine major hydrostratigraphic units by correlating
hydraulic conductivity from pressure-injection tests with
stratigraphic intervals {Figure 3b). Each hydrostratigraphic
unit has a regionally consistent hydraulic conductivity
related to depositional environment, lithology, and mode of
secondary porosity. Fine-grained (mudstone) lithologies
have little macroporosity, and ground-water flow in these
units is predominantly through joints. Coarse-grained units
contain both intergranular porosity in grainstone facies and
moldic porosity in packstone facies, produced by selective
dissolution of fossil grains.
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i

1]1&@_6 mt:tcrs of rock (weathered zone on Figure |
3b) ane:.ehm'actcnzcd as incipient.epikarst and constitute a
SaL scpamiéﬁydmsuahgmphlc..laycr “The weathered zone cuts
= ‘acrossJormation:boundariesybut is developed almostexchu-
chTSr:“m 1he- ﬁnc—gramcd joint-dominated strata which
‘comprise the majority of the aquifer. It is the only unit with
abundant nonselective dissolution features, including
abundant vugs and nominal (< .5 cm) solutional widening
along joints and hairline fractures. However, it has no geo-
morphic expression of karst such as dolines, karren, or
conduits, and it also lacks hydrologic characteristics of karst
such as rapid recharge, spring discharge, and crratic fluctua-
tions in potentiometric surface and carbonate saturation.

MMSD Data )

The Milwaukee Metropolitan Sewerage District
(MMSD) performed numerous slug, pressure-injection,
single-well, and multiwell pumping tests to develop a geo-
technical databasc for an extensive tunneling project
(MMSD, 1981; 1984a, b; 1988; Table 1). The geometric
mean of hydraulic conductivity increases steadily with the
scale of testing. For example, the Thiensville value increases
from 2.5X 10~ to 107 to about 107 cm/sec as measured by
slug, pressure, and pumping tests. The same general pattern
holds for the other units, although pressure-injection values
are not consistently greater than slug test values. Two expla-
nations account for this minor inconsistency. The small
number of slug and pressure tests within some units intro-
duces some inaccuracy. Also, as shown later, the two test
methods have overlapping ranges in test radii.

Miscellaneous Data

Rovey (1990) analyzed four additional fully penetrating
multiwell pumping tests tapping the entire Silurian portion
of the aquifer. Files of the Wisconsin Geological and Natu-
ral History Survey (WGNHS) also contain unpublished
drawdown data from 29 single-well, fully penetrating tests
throughout the study area (within the digital model-2 bound-
aries, Figure 1). We have collected these data and analyzed
the single-well tests with the Bradbury and Rothschild
(1985) specific capacity conversion program using an aver-
age storage coefficientof 5X 107 from the multiwell pump-
ing tests (Rovey, 1990). Use of a single average value is
justified, because itiis largely determined by the degree of
confinement by the overlying glacial sediments which are
fairly uniform throughout the area, Moreover, the final
value is relatively insensitive to the storage coefficient value,
so even large errors have little effect on calculated hydraulic
conductivity, '

When hydraulic conductivities calculated with this
procedure can be compared to values calculated using type-
curve matching or semilog analysis on observation wells
monitored during the same test, the results are encouraging.
The average difference in value is approximately a factor of
two with no apparent bias toward an over or underestima-
tion {Rovey, 1990). Moreover, the average bulk Silurian
value from the single-well tests is virtually identical with that
from multiwell tests (Table 1), Therefore, hydraulic conduc-
tivities converted from specific capacities are accepted as
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BF = base flow recession analysis
GS = grain size estimate

P = permeameter measurement
S =slugtest

Pi = pressure injection test

SC = specific capacity test

Pl = pumping test

M = digital model estimate

a. Qutwash sand

b. Mixed outwash - dismicton
c. Jointed till '
d. Jointed till

e. Karstic limestone

Fig. 2. Increase in hydraulic conductivity with test radius. Solid lines are linear regressions between 3 or more points; dashed lines are fit
by hand. The measured range listed is the test radius beyond which hydraulic conductivity is approximately constant. a: Outwash sand.
Modified from Bradbury and Muldoon (1990). Test radius is calculated using thicknesses and test intervals from Bradbury (1993).
b: Mixed cutwash-diamicton. Modified from Bradbury and Muldoon {1990). ¢: Jointed till. Modified from Bruner and Luteneggar (in
press). Test radius estimate is from Bruner (1993). d: Jointed till. Calculated from data in Keller et al. (1986). The pumping test value is
calculated from diffusivity and storage coefficient values measured during pumping test of an underlying sand. Test radius for the
pumping test is calculated assuming hydraulic conductivity in the sand is .1 em/sec. See text for discussion of radius of slug tests.
e: Karstic limestone. Modified from Sauter (1991) using field test values only. The hydraulic conductivities shown are the midpoints of the

“common range” in the original.

valid, and the term “pumping test” will hereinafter refer to
both multiwell and single-well tests unless a distinction is

specifically made.
Pearson (1993) also collected specific capacity values

from the Wisconsin Department of Natural Resources for
wells near the Omega Hills Landfill (Figure 1). Many of
these wells are open to multiple strata. However, he was able
to calculate hydraulic conductivities for individual strati-
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Table 1. Geometric Mean Hydraulic Conductivity Grouped by Test Method and Stratigraphic Unit '
for the Dolomite Aqguifer of Southeast Wisconsin

Pressure- Short-Term Long-Term Multiwell
* Injection Single-Well Single- Well Pumping
Stratigraphic Slug Tesis* Tests® Tests* Tests” Tests* Dtgum’
Unit {Hvorlsev Method) 5 Min.} (53 Min Ave) (5 Hrs) (12-24 Hrs) Models'
Weathered Zone 4.7 (16) -4.3 (37 -3.4 (6} -19 (78) -2.0(1)
Lindwurm -58 (2 -6.2 (5 :
Berthelet T 517 () 44 (8).
Thiensville -3.6 (8) 3.0 (49) =21 (3) -1.7 (2" -2.0(1)
Waubakec 6.1 (1) ~-5.6 (50) -4.8 (5) -4.4 (1)
Racine _-51 (D 5.8(129) 48 (5) 43(17) 44 (1)
Romeo -3.8 (17) -4.1(1) =27()
Waukesha-Byron -58 (4 -5.9 (23) 4.7 (1)
Mayville S0 (D) 239 (I -38(3) -3.3 (18) 233 (1)
Bulk Silurian ' -3.6 (21 -3.7(6) =341
Approximate
Ri (meters)* 1 1-10 5-20 100 100-500 30,000

(Values are the logio in cm/sec. Numbers in parentheses are the number of tests in a respective unit for a given test methed.)

*Unpublished field data from MMSD.

"MMSD (1981, 1984a, b). Additional values for the weathered zone are taken from MMSD (1988), changing the mean value presented in
Rovey and Cherkauer (1994a) who also discuss the pressure test methods and limitations.

*MMSD (1984a). Specific capacity values are converted to hydraulic conductivitics using the Bradbury and Rothschild (1985)
conversion. Tests from the Racine and Waubakee are averaged together, because test intervals intercepted both formations,

‘Individua! unit values are from Pearson (1993). Bulk Silurian valuc is calculated from WGNHS well records. Both are converted to
hydraulic conductivity using Bradbury and Rothschild (1985).

'MMSD (1984a) and Rovey (1990).
"Individual unit values are from Mueller (1992). Bulk Siturian value is from Rovey (1983),

¥ Actual values are given in Table 2.
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lele 2. Calculated Radius: of lnﬂuence-Grouped by Test Method.and Smﬁgh_plﬁc Unit, Dolomite Aquifer, Southeast Wisconsin

.- te .20 Pressure- - Shori-Term Long-Term - Muliiwell ’
. ‘.;‘Stratigmphic . S]ug Clilnjetion - . - «Singlé-Well: ﬁ‘-'?:,.w.h&ngle- Well . .‘.::rP,umpjné ' ‘..Digf&al
- Unit _ Tests - Tests Tests .~ . vTests Tests *Models
" Weathered Zone. = "7 - 003~ "7 -0.08 TR ¥ .- 48
‘Lindwurm ~ © 7. 005 0 -L2 '
Berthelet 0.02 0.58
Thiensville : 0.i5 1.0 1.9 30 4.6
Waubakee -0.07 -0.32 0.73 43
Racine -0.04 -0.40 0.73 1.6 ' 48
Romeo 0.56 0.9 48
Waukesha-Byron -0.03 -0.48 : ' 4.8
Mayville -0.02 0.52 13 T 20 4.8
Bulk Silurian i3

(Values arce base 10 logs in meters. For example, the value —0.03 is the exponent in |

with a fully three-dimensional model using six layers corre-
sponding closely to the major hydrostratigraphic units de-
lineated by Rovey and Cherkauer (1994a, b),

Radius of influence Calculations

Based on Table ! and the preceding discussion, mea-
sured hydraulic conductivity depends on the scale of mea-
surement. To quantify that dependency some length
parameter must be associated with each test. Bradbury and
Muldoon (1990) and Bruner and Lutenegger (in press) used
test volume as the measure of scale. However, in the more
numerous reports on dispersivity, travel distance, a one-
dimensional measure, is routinely used. Also, established
geostatistical methods of quantifying spatial variability use a
one-dimensional separation distance (lag) term. Therefore,
to facilitate comparison with results from mass transport
studies and measures of aquifer heterogeneity, a radius of
influence (Ry) is used here.

Calculating a meaningful R; is problematic. For digital
model values R; is taken as the square root of the modeled
area, or the area of the layer, if it is smaller. For consistency,
the R, for all other field tests is estimated using a form of the
Cooper-Jacob distance-drawdown equation:

; pio 2BT .
R . S

n

where T = lransmissivity [measured hydraulic conductivity
{m’/day) multiplied by thickness of tested interval]; t = time
duration of test (days); and S = storage coefficient [mean
value = 5 X 10™ (dimensionless) measured from multiwell
pumping tests; Rovey, 1990]. Thus, the assumption is made
that any variation of storage coefficient with location or
scale is negligible compared to hydraulic conductivity.

- The use of the Cooper-Jacob equation is well-
established for pumping tests, but the assumptions of a
constant injection/withdrawal rate and local homogeneity
may not be reasonable for every small-scale test. For exam-
ple, the rate of inflow or outflow during a slug test decreases
with time, Therefore, the effective time duration of the slug
tests is taken as the basic time lag (measured from the field
plots), the length of time at which recovery would be com-
plete if the initial rate of inflow/outflow remained constant.

07 which is a radius of influence of 0.93 meters.)

The use of the Cooper-Jacob equation is also not
entirely consistent with the assumption of a steady state
employed in calculating hydraulic conductivities during
pressure testing (Cedergren, 1977). In practice, however, the
necessary conditions are less restrictive and only a quasi-
steady state is reached during the test, where there is no
significant change in gradient or injection rate during the
short (5 minute) test duration.

Where comparison is possible, calculated values of R
are similar to those based on other methods. Bliss and
Rushton (1984) simulated pressure tests for an aquifer with
hydraulic conductivity averaging approximately 10~ cm/sec,
similar to the Thiensville pressure-injection mean (Table 1).
At the midpoint of the test interval the modeled R; was
approximately 12 meters which is very close to the 10 meter
R estimated for the Thiensville (Table 2).

The calculated values of R for the slug tests are approx-
imately one meter (Table 2). Bruner (1993) estimated a slug
test R; between 0.5 and 1.0 meters by directly monitoring
responses in adjacent wells during tests. Guyonnet et al.
(1993) generated a series of theoretical type curves and
related regression equations showing effective R; of slug
tests for combinations of dimensionless wellbore storage
and dimensionless head. In a 5 cm diameter well, the dimen-
sionless head decreases to 0.1, the typical value at the end of
astugtest, by the time a measurable disturbance has propa-
gated a distance approximately 25 times the wellbore radius.
The wellbore radius is approximately 10 cm in this case,
giving an approximate R, of 2.5 m.

Therefore, based on comparisons with field measure-
ments, models, and theory, the calculated values of R; based
on the Cooper-Jacob equation, are accurate to within a
factor of two to three. This magnitude of possible error is
much smaller than the range of values that were investigated
(approximately five orders of magnitude, Table 2). There-
fore, any errors in calculated R, should have little effect on
the overall comparison of resuits.

Results from Southeastern Wisconsin . -
Hydraulic Conductivity Magnitude ... . ryAapw s

The relationship between hydraulic conductivity. nndru’&a
scale of measurement (R;) is plotted on log—log coordmalcs ;m_

topve I
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" (Figure 4) for units which have ‘at least four: :independent

";.methods of measurement.”All: piots-have an- initial linear -

. -increase+ in ~hydraulic.-conductivity,™ ~with* .slopes .varying

-~ between (.86 aﬂd 1. 0 bcfor&hydrauhcmnducnwly reaches . .

a constant va.lue

* The range 6vér Wthh hydrauhc conducuvny increases - :

varies considerably among units. Hydraulic conductivity in
the Waubakee and Racine Formations is joint-controlled
and increases with R, to approximately 20 meters. The
Thiensville and Mayville Farmations both contain complex’
pore systems. The Mayville contains both intergranutar and
secondary porosity as solution-enlarged molds of fossil
grains. The Thiensville also contains intergranular porosity,
but has horizons of nonselective dissolution beneath several
minor paleo-weathering surfaces. Hydraulic conductivity
increases with scale to 50 and 125 meters in the Mayville and
Thiensviile, respectively, coinciding with the greater degree
of dissolution. The weathered zone, with the greatest degree
of secondary effects, has the greatest range of hydraulic
conductivity increase, 220 meters. Summarizing, the range
of scale increase correlates with the degree, and possibly the
type, of secondary porosity.

Expianations for Measured Scale Effects

Inspection of Table 1 and Figure 4 reveals that the
measured hydraulic conductivity of a given unit increases
with the scale of measurement. The increase is too uniform
and too large to be coincidence. The increase also cannot be
attributed to systematic differences orinaccuracy among the
different measurement techniques. The ratio of values as
measured by different methods varies considerably from
one formation to another.

Measured hydraulic conductivity does increase with
the scale of measurement. However, the factor(s) causing
the correlation is not yet clear. In principle, several factors
besides scale dependency could cause or contribute to the
observed relationships, such as limitation of test methods,
skin effects, and borehole storage effects.

The first possibility is that the small-scale tests may be
incapable of measuring extremely high values. Thus the
calculated means would be biased toward low values. For
example, two slug tests in the Weathered Zone and one in
the Thiensville recovered fully within the time required to
make the first measurement. Therefore, they are averaged
with the remaining slug tests as “greater than® values, and
the true means would be somewhat greater than those in
Table 1. However, all slug tests within the remaining units
had finite values. Thus, a test bias could not cause slug test
means in these units to be lower than those of pumping tests.

Similarly, the upper measurable limit of the pressure-
injection tests was somewhere in the range 10° to 107
cm/sec (MMSD, 1984a). Therefore, the means of some of
the high conductivity units may have been underestimated,
particularly the Thiensville which has numerous values
within that range (MMSD, 1984a). However, this explana-
tion is again inconsistent with results in other units. The
lowcr measurable limit of the pressure-injection tests was
10”7 cm/sec, and the low conductivity units (Waubakee,
Racine, Waukesha-Byron) occasionally tested at this bound-

TR

* ary, causmg-t}mr calciiiated means to be too high. Conse-

--:qucnlly_,:ﬁdenfaey'-hmnatmns in the pressure-injection tésts. ..

«-:cannol-aﬁoum.fomhc low:conductivity units lower.values
-Telativewor the. pumping tests. Jo.summarize, a bias against
- large*ﬁ?lucs amongthe small-scale tests cannot be a- rnajor
* factor contributing 16 the observed scale increase. .

A second possibility also relates to test methodology. If
the wellbore is damaged during drilling, skin effects dampen
the borehole response, particularly during shorter times and
at small radial distance, lowering calculated hydraulic con-
ductivities (Streltsova, 1988). Such an effect could systemat-
ically bias the measured hydraulic conductivities of the
small-scale, shorter duration tests toward lower values.

Based on available information, however, the skin
effect in the wells considered here is negligible. First, none of
the wells considered here were drilled with mud; hence, a
significant invaded zone around the well bore would be
unlikely. Second, the Silurian bulk value measured by the
shorter duration single-well tests is actually slightly larger
than the value from the longer duration, multiwell tests
(Table 1}). Third, early drawdown measurements were taken
within the pumped well during two of the multiwell tests.
These measurements allow calculation of the skin factor
using type curve analysis (Earlougher, 1977), and in these
two wells at least, the skin factor is zero. Finally, similar
increases in hydraulic conductivity with measurement scale
have been simulated with digital models of heterogeneous
media where skin effects are absent {Rayne, 1993). There-
fore, it is reasonable to conclude that skin effects are not an
important factor contributing to the increase of hydraulic
conductivity.

For pumping tests, borehole storage effects can lower
the calcuiated hydraulic conductivity at early times and
small radial distance, much like a positive skin factor
(Tongpenyai and Raghavan, 1981). However, neither the
Hvorslev method of slug test analysis nor the pressure-
injection tests assume a line source/sink when calculating
hydraulic conductivity. Instead these methods account for
the initial volume of water in the borehole. Therefore, bore-
hole storage effects would lower only the pumping test
values, but this is inconsistent with the pumping test values,
exceeding the slug and pressure test values in all casos—

As listed in Table 1, the values of the short-term sinjie-
well tests are less than values fromthelonger pumpmg tests.

_To determine if the difference in values could be c.’{uscd by

storage effects, the short-term tests were analyzed using the
following equation {Driscoll, 1986):

017 (d - dgd)
Qfs

where t = time in minutes, after which borehole storage is
negligible; d. = diameter of borehole (cm); d, = diameter of
discharge pipe (cm); and Q/s = specific capacity of the well
at time t in liters/minute/cm of drawdown. The short-term
single-well tests were conducted in 10 cmn diameter boreholes
with an average duration of 53 minutes. Conservatively
assuming a discharge pipe of 2.5 cm, the minimum specific
capacity for negligible storage effects at 53 minutes is calcu-
lated to be .02 liters/minute/cm. This value is below the
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Fig. 4. Relation between measured hydraulic conductivity and effective test radius, dolomite aquifer. Hydraulic conductivities are l’rom
Table 1; test radii from Table 2. Solid lines are linear regressions between 3 or more points; dashed lines are fit by hand. The measured

range listed is the test radius beyond which hydraulic conductivity is approximately constant.

J

measured specific capacity for the majority of tests, except
those of the Waubakee/ Racine, Therefore, borehole storage
effects may have lowered the Racine/ Waubakee value of the
short-term single-well tests. However, this value of 1.6 X 107
cm/sec, which is admittedly low, is still much larger than the
slug and pressure test values of approximately 2 X 107
cm/sec.

In summary, the various alternatives can be used to
explain the observed variability in measured hydraulic con-
ductivity in some instances. However, for every case in
which an alternative could be valid, there is at lcast one
contradictory relationship. The one explanation which is
universally consistent with the measured increase is that
hydraulic conductivity increases with the scale of measure-



1 - - ) a
C ~Sil;'me.sa
= = T
=R e
0 : ; [
Lag
1 c
%.5 -
0 : - | |
¢ . B 30 75 100
Lag

0 1 2 3
Log Lag
d
1
=
= 5
07
0 T T n
0 25 30 75 100
Scale Lag
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ment, much like dispersivity. At small scales hydraulic con-
ductivity and ground-water flow tend to be uninfluenced by
rare heterogeneities which raise conductivity and flow rates
over a regional scale. Stated otherwise, the chances of a
small-scaie test encountering an extremely rare high-
conductivity heterogencity are disproportionately smalt rel-
ative to the degree with which that heterogeneity raises
regional hydraulic conductivity.

Comparison to Scale Increase in Dispersivity

_ In the previous section the hypothesis was introduced
that the increase in hydraulic conductivity with scale is
somehow rélated to heterogene ty. Ia this section we expand
this hypothesis by showing similarities with scale increases
in dispeisivity and variance of hydraalic conductivity. :

Like hydraulic conductivity, dispersivity increases lin-
early on log-log plots, generally to distances between 10 and
100 meters, Thereafter, the spread in values is nearly con-
stant and a best-fit-line is approximately horizontal. The
same general pattern is apparent from data or plots of
dispersivity from single sites (Freyberg, 1986; Garabedian et
al., 1991) and on piots with values combined from multipie
sites (Gelhar et al., 1992; Neuman, 1990).

Stochastic theories dealing with dispersivity generally
relate scaling effects to increases in spatial variability of
hydraulic conductivity with distance (Dagan, 1982, 1984;
Gelhar and Axness, 1983). They also predict that dispersiv-
ity should approach a constant value as the hydraulic con-
ductivity becomes statistically uncorrelated at increased dis-
tances, that is, as the scale of an equivalent homogeneous

medium is reached, These conclusions are reasonably con-
sistent with results of intensive field investigations employ-
ing geostatistical methods to describe spatial variability in
hydraulic conductivity (Sudicky, 1986; Freyberg, 1986; Hess
et al., 1992; LeBlanc et al., 1991; Garabedian et al., 1991).
Therefore, we further hypothesize that a (or the) common
factor between the scale effects in dispersivity and hydraulic
conductivity is variability in the hydraulic conductivity field.

Three commeon graphical measures of spatial variabil-
ity are the semivariogram (or simply variogram), the covari-
ance (autocovariance) function, and the correfation function
(Figure 5, Isaaks and Srivastava, 1989). The functions for
cach respective measure are given by:

T(hy= 1/2E[K{z+ h) — K@)] (3)
(equals semivariance between points at various lags)
C(h) =E[K(z + h) * K(@)] — E'[K(2)] @)
{equals covariance between points at various lags)
_ Ch
p)= "< ov © (5)

(equals covariance function divided by variance)

where: E[ ] denotes an average value over all paired samples
al a given lag; z is a spatial coordinate location; h is a
distance or lag from z; and K{z) = hydraulic conductivity
measured at z. The three measures are interrelated, and the
covariance function is converted to the variogram by:

I'(h) = C(0)— C(h). (6)
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.-+ Of these, the covariance and correlation functions are

... the-most-widely-used :in-mas$-transport- studies, and the - -

- nr-.usualzcorrelation:scale is .defined ‘for-convenience .as.the
- :distance orlag at-which:p(h)-declines to e or 0.37.(Figure
'5) Note, however,-that this distance is shorter than that at

" which the covariance declines to zero (complete uncorrela-
tion) or alternatively, the distance (range) at which the

variogram reaches a constant variance (sill). This latter mea- -

sure is used here because it facilitates direct comparison with
the plots of hydraulic conductivity presented earlier.

L 'Addﬁiﬁ@f_‘g‘t_e Data - LT

.+ -e.2t Gepitatistical: parameters and . hydraulic conductivity
.rimeasurements sat: different. scales:are.available,:or :can_be-
== caleufated;-for:several-additional systems (Figure 6). Perti-
.- - nenfresults fror dn outwash sand at the Borden Site in

- Ontario, Canada were presented by Sudicky (1986) and
-Mackay et al. (1986). Variance in log hydraulic conductivity
"increases with scale at a low (0.24) log-log slope with a range
of 10 meters {Figure 6a). Any scale increase in the magnitude

of hydraulic conductivity cannot be accurately determined,
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Fig. 6. Scaling effects in mean and variance of log hydraulic conductivity at other study sites. a: Glacial outwash, Borden Site. Generated
from modeled correlation function, line A-A’ in Sudicky (1986). b, ¢: Glacial outwash, Cape Cod, Massachusetts. The variogram (b} is
from the modeled isotropic variogram with nugget effect using flowmeter data in Hess et al. (1992). Hydraulic conductivity plot (c) Is
generated from values in LeBlanc et al, (1991) and Wolf et al. (1991), assuming test durations of 1 and 12 hours for the borehole flowmeter
and pumping tests. d, e: Karstic limestone, Weldon Springs, Missouri. Variogram (d) is nondirectional, genersted from s!ug test values
calculated from raw field data and surveyed locations supplied by MK-Ferguson Company, St. Charles, Missouri. Lag tolérance is Slog
units; annotated values are number of data pairs. Hydraulic conductivity plot (¢) is generated using daia from MK-Ferguson and "“:f',""
(1990) and Durham (1991). The model conductivity is the area-weighted average of values from three separate modelecF zones, -7



="Cod Massachuscfis (LeBlanc et 4l/1991; Garabedian et al.,

.:but is minimal, closé to zero.-Mcan hydraulic conductivities

""" -from:grain-size analyses permcamcters and slug tests are -
-.::t&ssenually equal. - -

-“Anotherzglacial outwash sand‘wamnvangatcd at Capc -

1991; ‘Hess ef al., 1992).°As a qualification, there is less
control onthe R, f or some of these tests, but both hydraulic
conductivity and its variance again have small slopes and
ranges (Figures 6b and c; appmxlmately 0.2 and 16 meters,
respectively).

Data from an additional karstic limestone aquifer are
also available from Weldon Spring, Missouri (Prioe,‘l991;
Carman, 1991; Durham, 1991; MK-Ferguson and Jacobs,
1990). Hydraulic conductivity was measured with slug tests,
pumping tests, and a calibrated digital model. Both hydrau-
lic conductivity and variance increase with measurement
scale (Figures 6d, ¢); however, the slopes (0.27 and 0.19,
respectively) are significantly less than the 1.0 slope typical
of fractured media {Figures 2c, d). However, the most strik-
mg contrast is not the slope, but the range of the scale
increase. In a second karstic carbonate aquifer the range in
both hydraulic conductivity and variance exceeds the max-
imum scale of investigation, in this case, approximately
2000 meters. '

The indefinite range in karstic aquifers contrasts
sharply with finite ranges in nonkarstic carbonates and
unconsolidated media (Table 3). In nonkarstic carbonates
the maximum range of hydraulic conductivity is approxi-
mately 200 meters, with distances less than 50 meters typical
for units with the smallest degree of dissolution. The range
in variance also is finite for the nonkarstic carbonates (Fig-
ure 7). Although the variogram shape is questionable at
small lags, the nonkarstic carbonates all have distinct sills,
and their maximum range is approximately 200 m, simiiar

- to lhc*:mnﬂttum range in hydraulic conductivity.
E'sum‘maxy ‘the-variograms are strikingly: similar to

i thc.ﬁﬁalﬂlc:canducuwty plots of the:same geologic unit.
e*:rAs hTemgenmvymcmas&-so does mean hydraulic conduc-
- - tivity;'and as statistical homogeneity is reached, hydraulic

conductivity becomes constant.

Summary

The hydraulic conductivities of five carbonate hydro-
stratigraphic units were measured over radial distances
ranging from less than one to greater than 10,000 m, The
observed increase in hydraulic conductivity with scale is
consistent with results from a variety of geologic media,
including glacial cutwash, jointed clay-rich tills, and karstic
limestones. The results reinforce Bradbury and Muldoon's
(1990) conclusion that hydraulic conductivities based on
small-scale field measurcments will generally be less than
regional values, even if they are based on 100 or more
individual tests. '

Scaling effects vary consistently with the type of geo-
logic medium and degree of secondary porosity (Table 3).
Gilacial outwash, with primary porosity only, generally has
the smallest rate and range of scale increase. Thus, small-
scale field measurements such as shug tests will be closest to
regional values, generally within a factor of three (Figures
2a, 6a, 6¢). The rate of scale increase is much greater in
consolidated/joint-dominated media. Slug tests in these
media may underestimate regional values by factors ranging
from 2 to 500, depending on the range in effects (Figures 2¢,
d; 6) which correlate to the degree of secondary dissolution.
In mature karst aquifers hydraulic conductivity increases
without apparent bound, so it may not even be possible to
speak of a unique regional hydraulic conductivity.

Finally, the increase of hydraulic conductivity with

Table 3. Characteristic Values of Slope and Range for Various Geologic Media

Carbonaies Carbonates
Carbonates Secondary Incipient Carbonates
Glacial Jointed Joint- Moldic Dissolution Mature
Outwash® i Dominated® Porosity* Along Joints® Karst'
Range, 713 35 19 - 50 170 -
YK (0-16) (2-5) (18-20) — {120-220) (>>1000, >>3200)
3] (2 (2] (1 {21 (2]
Range, 13.0 >1800
Variance (10-16) - <100 m — <200 m —
(2 — {2 — (21 (n
Slope, 0.19 1.0 0.92 0.92 093 0.46
K (0-0.38) (1.0) (0.88-0.97) — {0.86-1.0} (0.27-0.66)
(3] 2] (2 {1 (2] 2]
Slope, 0.20 — — — — 0.19
Variance (0.15-0.24) — — — - —
(2 (1]

(Range and slopc are taken from Figures 2, 4, and 6. Thefirst number is the arithmetic mean, that in parentheses is range of all values, that

in brackets is the number of different gcologxc units summarized.)

*From Figures 2a, 6a, 6b, 6c.

*From Figures 2¢,d. °
*Racine and Waubakee Formations, Flgum 4c, d; 7c, d.
“Mayville Formation, Figure 4e.
*Thiensville Formation and Weathered Zone, Figures 4a, b; 7a, b.
'Flgures 2¢, 6d, Ge.
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tolerance is 0.5 log units. .

radius of influence in the test method is related to an increase
in variance of log-hydraulic conductivity at greater lag dis-
tances between measurement points. This correlation sug-
gests that increases in hydraulic conductivity and dispersiv-
ity are related through a common dependency on variance.
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Abstract

Effective evaluation of ground-water flow and transport problems requires consideration of the range of possible
interpretations of the subsurface given the available, disparate types of data. Geostatistical simulation (using a modified
version of ISIM3D) of hydrofacies units produces many realizations that honor the available geologic dala and represent the
range of subsurface interpretations of unit geometry. Hydraulic observations are utilized to accept or reject the geometric
configurations of hydrofacies units and to estimate ground-water flow parameters for the units (using MODFLOWP). These
realizations are employed to evaluate the uncertainty of the resulting value of the response function (ground-water flow
velocity and contaminant concentration) using MT3D. The process is illustrated with a synthetic data set for which the
“truth”™ is known, and produces a striking reduction in the distribution of predicted contaminant concentrations. The same
system is evaluated three times: first with only hard data, then with both hard and soft data, and finally with only the

realizations that honor the hydraulic data (i.e., those accepted afier pmme!er estimation via inverse flow modeling). Using

only hard data, the mean concentration predlcted {or all realizations at the point of interest is nearly(w?) orders of magnitude !

lower than the true value and the standard deviation of the log of concentration is two. The addition of soft data brings the
mean concentration within one order of magnitude of the true value and reduces the standard deviation of the log of
concentration to one, Affer eliminating realizations using inverse flow modeling, the mean concentration is one-third of the

Introduction

A fundamental problem with interpreting the carth’s
subsurface is that we only sample a small fraction (typically
less than one millionth) of the matenial we are characteriz-
ing. The challenge is to determine the character of the
material between boreholes and the contmuny ‘of high (or
low) hydrauhc conductwny units. For example, consider a
site where there are three boreholes that intersect two
hydrofacies (black and white) as shown in Figure 1. If no
other information is available, all six interpretations shown
(and many more that are not shown) are reasonable inter-
pretations of the subsurface. Knowing that heterogencity is
critical to the movement of contaminants (Poeter and
Gaylord, 1990}, each interpretation will affect ground-water
flow and contaminant transport prediction in different
ways. Decisions regarding remedial actions at such a site will
differ depending on the actual configuration of units in the
subsurface.

Usually we know more about a site than just the loca-
tion of hydrofacies in boreholes, and this information can be
used to rule out some, but not all, of the alternative interpre-
tations. “Fusion™ of these data (Olhoeft, 1992) reduces
uncertainty associated with the interpretation. If each circle
in Figure 2 represents the range of possible interpretations,
then using al! of the information together can significantly
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true vnlue and the standard devmtmn of the log of concentratlon less than 0.5. -

/

reduce the range of possible interpretations, thus reducing
the uncertainty of the nature of ground-water flow and
contaminant transport. In short, the sum of the parts is less
than the whole! If the data circles do not overlap, the project
team should strive Lo identify the shortcomings/errors in the
data or determine what assumptions have been made that
falsely constrain the interpretation.

It is important to work with a range of subsurface
interpretations because consideration of these alternative
interpretations of the subsurface will yield a range of the

response function (ground-water flow and advection- -

dispersion equation) values (head, flow rate, and concentra-
tion), For example, assume there is a contaminated site with
two alternative remediation schemes. If thereis only one
deterministic picture of the subsurface, and the predicted
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of the occurrence of hydrofacies in bonngs, through g: a few
glternative interpretations of interwetl connections.
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Fig. 2. Integrated interpretation constrains predictions.

concentration at the point and time of interest is 5 X 107
ppm for remedial alternative 1 and 5 X 10™ ppm for reme-
dial alternative 2, than alternative 2 appears to be the better
choice. However, when the range of possible subsurface
conditions is considered, it may be found that remedial
alternative 2 actually has a higher probability of poor per-
formance and the opposite selection would be made (Figure
3).

A current approach to this problem is geostatistical
simulation using hard data, soft data, and spatial statistics to
describe the character of the subsurface (McKenna and
Pocter, 1994). Hard data are data with negligible uncer-
tainty, such as direct measurements of hydraulic conductiv-
ity or observations of lithology. Soft data are information
with nonnegligible uncertainty, such as indirect measure-
ments gathered in a geophysical survey and expert opinion
regarding geologic fabric or structure. Hard and soft data
are used to develop indicator semivariograms for the
hydrofacies (represented by integer indicators) and to simu-
late numerous realizations [using multiple indicator condi-
tional stochastic simulations, MICSS (Gomez-Hernandez

REMEDIAL ALTERNATIVE 1

Result for deterministic

>
Q subsurface model of the
g Site with remedial
o siternative 1 simulated
w
E 9.005 ppm

.0001 001 01

CONCENTRATION {ppm)
REMEDIAL ALTERNATIVE 2

Corresponding result for
the same deterministic
subsurface model of the
Site with remedial
alternative 2 simulated

0.0005 ppm

0001 .001 .01
CONCENTRATION (ppm)

Fig. 3. Evaluation of alternative remedial actions using a range of
interpretations (indicated by the frequency distribution) as
opposed to one deterministic interpretaion (indicated by the
arrow) of the geology may result in selection of a different
remedial action.
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- and Srivasjava, 1990)] of the. hydrofacxcs conﬁgumtxon _‘
G whlch lmaqf ‘the-data and the statistical .character arthe." .
: “Substlﬁa@“-"rhﬁ “hydrofacies wn.hm—aaLh rt..mzauon .are
i fwrpopﬁted:mth ‘hydiulicparameters and.adorward. flow
md-Mnsport modcl 1s:FuUn: to yu:ld 1he. ﬁlslnbuuon of .

«.~fora penod -of time. Thls proccss is extended lhrOUgh lhe’:‘“ ,

use of inverse flow modeling which can be used to: (1)
improve geologic interpretation, somewhat narrowing the ' -
distribution of predicted concentrations; and (2) eliminate
realizations that do not fit the hydrologic data, significantly
reducing uncertainty.

- Hypothetical Problem

To facilitate demonstration of the process, a scenario
requiring a decision concerning establishment of a water-
supply well near a stream (Figure 4) is construcied. Alterna-
tively, but at much greater cost, water could be supplied by
pipeline. Use of water from the nearby stream is not an
option due to poor water quality, which improves by infil-
tration through the aquifer and dilution with ground water.
Knowledge of the probability distribution of concentration .
at the proposed well location resulting from contaminanis
entering the ground water from a nearby landfill will aid in .
the decision.

This study explores the uncertainty associated with
predicted contaminant concentration calculated using three
approaches and compares those uncertainties with the
known concentration. Uncertainty of the geometric config-
uration and hydraulic conductivity of five hydrofacies are

medium-grained channel
splay/chuie

Stream 7 Gage
Proposed Well
Domestic Wells
Landfill

[+]

a

Fig. 4. Synthetic model used to illustrate uncertainty reduction
procedure.

2.



-.-:considered. The approaches include: (1) using hard geologic :.:
<1, - data from the domestic wells in MICSS to.produce geologic .-
;. realizations.which-are popu‘.ated thhhydrauhc conductivi- .

*ies based on hydrofacies type.and used in fprward flow and

raasportmedeling to-predict the probability.distribution of. -
-=contamnant-concentration-at :the: ~propgsed :well -Jocation; -

-2 -.(2):repetition  of. the: ﬁrst approach with addition of soft .

information regarding continuity of alluvial fan hydrofacies -
gained through inverse ground-water flow modeling; and (3) - .

repetition of the second approach incorporating hydraulic
data through application of inverse flow modeling. The
MICSS code used is ISIM3ID (Gomez-Hernandez and
Srivastava, 1990) as modified by McKenna (1994).

Synthetic Setting .

A synthetic data set is used to demonstrate the process
because, with a synthetic data set, the true conditions are
known, Reduction of uncertainty is only useful if the distri-
bution of predicted concentration narrows on the truth. The
synthetic data set represents a simplified system of fluvial

hydrofacies, with a north to south hydraulic head gradient, -

no-flow conditions at the eastern, western, and underlying
boundaries, recharge on the surface, and discharge to a
stream. The mode! domain is 6000 m long, 2000 m wide, 60
to 80 m thick (depending on the elevation of the water table
in the uppermost block), and is represented by a grid of 30 X
20 X 6 cells. A landfill and stream are located as shown in
Figure 4(a).
A synthetic “true stratigraphy” is constructed consist-
ing of six layers of geologic materials designed to mimic a
‘neric fluvial geology. Five hydrofacies are used in the
,nthetic data set: (1) medium-grained alluvial fan material,
(2) fine-grained overbank deposits, (3} fine to medium-
grained splay/chute deposits, (4) medium-grained channel
deposits, and (5) coarse-grained channel deposits [Figure
4(a)). All of the hydrofacies have a constant value of effec-
tive porosity and lognormally distributed (but not spatially
correlated) hydraulic conductivities with a standard devia-
tion of 1/6 in natural log space (thus K varies by a factor of
three within any one facies and there is no significant overlap
of K's between facies). These simplified hydrofacies proper-
ties are not representative of a field situation; however, a
complez: hypothetical distribution is not necessary to illus-
trate the process presented herein, The percentage that each
hydrofacics represents in the synthetic system and their
hydraulic preperties are presented in Table 1.
The alluvial fan hydrofacies are limited to the western
edge of the alluvial valley, and are discontinuous. The main

Table 1. Facies Statistics for Synthetic Model

. Volume Mean K* Effective

Facies percent {m/d) porosity
Alluvial fan 6 50.00 0.25
Overbank 61 0.0s 0.08
Splay/chute 11 5.00 0.15
‘edium channel i5 50.00 0.25
.oarse channel 11 500.00 .30

*All K distributions have oi.x = 1/6.

:..channel . hydrofacies - are -oriented .north-south and are="

..further east:in.sgquentially younger layers. Coarse-grained. . -
- schannel h}ﬂ:ﬂfacps are discontinuous.and occur.en. the. o
-afzieanders. The:medium-grained -channel- - - --

e ] hydmfau:ﬁ-ﬁ]‘c:mom continuous, Fine to. medium-grained

. »channgﬁ;qdmfammlomted along themaimchannelsto:- 7
: rtprmcntsplaydcposns Some medlum—grmned hydmfac:ﬁ-' ERC

- are located within the floodplain area to represent chute
cutoff oxbow lakes. Fine to medium-grained hydrofacies of
similar distribution represent neck cutoff oxbow lakes. This
definition and spatial distribution of hydrofacies is a gross
simplification of fluvial hydrofacies as presented by Allen
(1965), Bridge and Leeder (1979), and Walker and Cant
(1984).

-A-“true™ steady-state flow system is obtained with
heads fixed at 100 m on the northern and 90 m on the
southern boundary. An avcrage recharge of 2 X 10~ m/d is
applied to the top of the domain with three times that rate
applied at the margin of the valley (where overland flow
from surrounding uplands infiltrates the system), and a zero
rate pear the stream which is a discharge area. The 31
domestic wells [Figure 4(a)] penetrate to various depths and
pump at low rates (thcu- discharges are normally distributed
+with a mean of 1 m*/d and a standard deviation of /6 m’/d).
A head dependent flux boundary represents the stream
[Figure 4{a)]. The USGS code MODFLOWP (Hill, 1992) is
utilized for the forward and inverse ground-water flow
modeling. The forward simulation of the synthetic system
using MODFLOW yields heads at 37 wells (31 domestic and
6 monitoring wells near the landfill) and ground-water dis-
charge to the stream between gaging stations. Multilayer
heads from MODFLOW were composited by averaging
head of each layer weighted by transmissivity of the layer.
A “true” event of a breached landfill with recharge
through the landfill at a dimensionless concentration C, =
1.0 is simulated for a conservative contaminant with con-
stant dispersivities of 5 m, 1.5 m, and 0.25 m in the longitu-
dinal, transverse horizontal and vertical directions, respec-
tively, for all hydrofacies. These dispersivitics reflect
advective variation at small scale within each hydrofacies,
while larger scale dispersion is attained through the use of
heterogeneity in the flow model. The simplification of sim-
ilar small-scale dispersivity for each facies does not interfere
with the illustration of the analysis process presented herein.
The MT3D code is used with the MOC (Method of (;harac-
teristics) option and the fourth-order Runge-Kutta algo-
rithm for particle tracking to simulate transport (Zheng,
1991), Time steps on the order of 10 days yield mass balances
on the order of 1%. Forward transport modeling yields the
“true” dimensionless concentration of 1.2 X 107 (i.e. C/C,
= (.0012) at the proposed well location 50 years after the
landfill began leaking. For the purpose of discussion we
assume tt;e regulatory level for this contaminant is C/C, =
10X 107

Inverse Modeling

Performance of inverse modeling on the true straUg-
raphy is evaluated before exploringthe possibility of using
inverse modeling to eliminate some of the stratigraphic



-« -»-realizations. Because we have a synthetic truth to work with, --estimating K of hydrofacies 2. The parameter estimation is
"ot v “perfect”input can be pfovided (i), exact zonations, heads; -

© i flows;.and initial- valucs for the> pafameters) to the inverse -
st umodel,.in which caserthe-nrodel: -quickly converges without -

- substantia! change of parametefvatizes:‘However; stochastic’ -~

r.‘xtedftmwfr&umauon process. This situation is-also com-
e ’mqmgrouadrwater modeling but typically goes unnonced_
hecaﬁs: sensitivities-aresmotacalcutated for:all-estimated

msens:twnto the streambed conductivity; hence, it is omlt- . _'

- ¥ ssimulation of  paramctervalueswithinthe hjdrofacies isnot °
- < -considered- here because it is :not’ neocssary in order 10"

illustrate the uncertainty reduction process, thus the inverse
" model estimates only one value of K for each hydrofacies
* (the mean of the lognormal distribution of K is used as the
starting value for the inverse run). In addition, because use
data are not typically available for domestic wells, each is
assigned a discharge of 1 m*/d. Consequently, the inverse
model undertakes a number of iterations attempting to

match the head distribution that resulted from a system of - - -

heterogeneous K within hydrofacies to heads produced by a
system in which each hydrofacies is represented as internally
homogeneous. If desired, MODFLOWP can accommodate
stochastic variation of K within zones.

Variance of field observations must be defined for an
inverse modeling procedure. The specified variance must
reflect not only measurement error but “also error related to
the fact that the grid block represents average head over-an
area while the head measured in the well represents the head
over the open interval at one location. Interpolation of head
between grid blocks is used to determine the head that will
be compared with the measurement; however, such interpo-
lation does not consider the flow equations, thus a variance
greater than that associated with measurement error-must
be specified for observations. In short, the selection of accu-
racy and confidence interval is somewhat arbitrary in both
field and synthetlc studies. How reasonably the user assesses
this uncertainty is ‘reflected by the code output. For this
study, true head observations are specified : wnth 9% confi-
dence that the measured hcmg_gqihxnll 2 m of the head it
water seepage into the stream between gage stations) is
deﬁncd with 30% confidence that the mcasurcment 1s within
400 m’/day of the true flows which are 10 SOand lS 300

" m’/d at the up and downstream stations, respectively.

Parameter Estimation

Initially, hydraulic conductivities of alt five hydrofacies
were independently estimated by the inverse model along
with vertical anisotropy, recharge, and streambed conduc-
tance. The number of estimated parameters was eventualy
reduced to five for reasons given below. The data do_not
provide a basis for estimating K of all hydrofacnes indepen-
dently (perhaps due to the minimal number of wells in the
alluvial fan facies); therefore, the alluvial fan and medium-
grained channel deposits (hydrofacies 1 and 4) are repre-
sented by one estimate because of their hydraulic similarity.
The K of overbank deposits (hydrofacies 2) and the recharge
rate are correlated with a coefficient of 1.0. This is a typical
situation encountered in many ground-water models but
often goes unrecognized because calibration is undertaken
by trial-and-error procedures; thus, correlation coefficients
are not calculated. In this model, the correlation was
addressed by fixing the recharge rate at the “true” value and

sparameters. Given theseadjnstments the parameter estima-

T tion mperformedon 5 parameters: the vertical amm‘lmpynf S
.. K and the K of the five hydrofacies with hydrofacies 1 and 4

grouped together. Prior information on the estimated

parameters is defined as the mean of the true distribution

with a standard deviation of 0.5 of the in of K to constrain

the estimates of K to reasonable values and a standard

deviation of 0.2 to constrain estimates of the vertical anisot-

ropy factor. Standard deviations on prior information can

occasionally be obtained from statistical analysis of many

field tests (e.g., based on numerous specific capacity tests

conducted within an area); however, often the valucis based
on qualitative judgment and is employed as a tool to prevent

the code from estimating parameters substantially different

from those measured in aquifer tests or from what is deemed -
reasonable for a given lithology. Such decisions are typically

made, but not quantified, when trial-and-¢rror parameter

estimation is undertaken.

Geostatistical Simulation and Concentration
Distributions

Semivariograms are developed with hydrofacies data
from the 37 wells and stochastic simulations are conducted
with the semivariograms and hard data using a modified
version (McKenna, 1994) of ISIM3D (Gomez-Hernandez
and Srivastava, 1990) in the public domain software
UNCERT (Wingle et al., 1994), resulting in 100 realizations.
Flow is simulated in these configurations using “field esti-
mates” of K equal to the “true”™ mean In of K for each
hydrofacies. Using MT3D, the range of concentrations at
the proposed well location after 50 years of contaminant
leakage is broad and the “truth” {(indicated by the arrow)
falls within the distribution (Figure 5A). The vertical line at
the center of the gray bars indicates the mean of the concen-
tration distribution for all of the realizations and the gray
bars represent one, two, and three standard deviations, The
distribution straddles the assumed regulatory level (log
0.00! =—13). There is no clear case of the range of possibili-
ties talling entirely above or below the regulatory level and
the decision of whether to use a well or a pipeline is not
obvious. One can only conclude that the uncertainty must

_be reduced. Either additional analyses or data collection
must be undertaken to narrow the distribution. Given that
analysis is less expensive than data collection, it is desirable

‘to use the available data to reduce the uncertainty as much as
possible. Once this is achieved, the results can be used to
design further data collection if the distribution is still not
narrow enough.

When inverse flow modeling (MODFLOWP}) is used
to estimate the hydraulic parameters of the system in each of
these initial 100 realizations, the results do not produce the
proper relative order of hydraulic conductivity for the
hydrofacies. The relative order of hydraulic conductivity is
determined from hydraulic testing of the hydrofacies in the

3
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-jicld. and observations of:the nrdterial character:.coarse-.- -~ -
: ;grained channel deposits have the highest-hyd raulic conduc-

‘vity; followed by mcdium—grajnedachaqpql .deposits_and
aluvial fan deposits; fine-grained splay/chate deposits, and
.vz-overbank: deposits. Parameter estimations:from this iniitial

- inverse modeling consistently indicate.that the hydraulic ~

conductivity of the afluvial fan hydrofacies is lower than that
of the overbank hydrofacies,

It is concluded that the simulated alluvial fan hydrofa-
cies are too well-connected in these initial 100 realizations.
As a consequence, the inverse modeling procedure is esti-
mating alow K for the alluvial fan hydrofacies in order tofit
the “measured” heads which exhibit higher gradients pro-
duced by the “true” discontinuous zones of high K. Inspec-
tion of the realizations reveals the alluvial fan hydrofaciesto
be either completely continuous along the left boundary of
the domain or connected to the high hydraulic conductivity
hydrofacies of the continuous channel hydrofacies near the
centerline of the domain in all of these first 100 realizations

[Figure 4(b)].

Incorporation of Expert Opinion as Soft Data
Based on this observation, soft data are added to the
simulation process in the form of a decreasing probability of
occurrence of alluvial fan material with distance from the
surface manifestation of each alluvial fan. For each 10 feet
of depth directly below the alluvial fan, probability of occur-
rence of alluvial fan hydrofacies is specified as 95%, 80%,
50%, 10%, and 0%. On the periphery of the fan a 959
'bability of occurrence 100 feet to the east and 200 feet to
-« north or south is specified {distances are limited by grid
spacing in the model) with a zero probability at greater
distances. A 10% probability of occurrence is specified at
locations underlying these peripheral zones. The same semi-
variograms are used with both the hard and soft data 1o
simulate 400 realizations, Again, using MT3D, the concen-
tration at the proposed well location after 50 years of con-
taminant leakage is calculated for each realization. Uncer-
tainty is slightly reduced (Figure 5B); that is, precision is
improved (note the narrower gray bars}. The distribution
still includes the “truth,” so accuracy is maintained. How-
ever, the distribution of predicted concentrations is still -*

broad, straddles the regulatory level, and does not providea™

definitive basis for a decision.
Elimination of Realizations Using Inverse Flow
Modeling
Many of the 400 realizations are eliminated using
inverse flow modeling based on four criteria. The realization
is eliminated if the flow model does not converge to a fairly
loose tolerance (0.1 m) on heads at any point during the
parameter estimation procedure (309 are eliminated by this
criterion). The realization is eliminated if the flow model
does not converge to a fairly loose toterance (1% change in
parameter valuc) on changes in parameters between itera-
'ns within the specified maximum number of 20 iterations
.0 iterations is large for estimating 5 parameters) (20%
eliminated). Exarmination indicates that realizations elimi-
nated for lack of convergence were progressing in a direction
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Fig. 5. Histograms of predicted concentrations at the proposed
well location 50 yrs after breach of the landfill. A: based on hard
data and field estimated hydraulic parameters; B: based on hard
and soft geologic data and field estimated hydreulic parameters;
and C: after eliminating configurations from B and estimating
parameters using inverse modeling.

-of unreasonable parameter values, The realization is also
eliminated if the relative order of hydraulic conductivities is
not as expected (7% eliminated). Examination suggests that

* these realizations have hydrofacies connections that are not

similar to the true connectivity of hydrofacies. Finally, the
realization is eliminated if the converged parameter estima-
tion is a relatively poor fit to the field measurements (heads
and stream flow) based on the value of the sum of squares of
weighted residuals (40% eliminated). Sum of squares values
range from approximately 180 to about 1200 for this prob-
lem. Realizations yielding values greater than 600 (half the
maximum value) are eliminated; this is an arbitrary cutoff,
Only 2.59% of the realizations remain after these elimina-
tions. Contaminant transport is simulated in these realiza-
tions with MT3D using the hydraulic parameters estimated
with MODFLOWP. The uncertainty is substantially reduced
{Figure 5C) and the distribution mean is near the truth,



qmdlcaung thatinverse ﬂdw moﬂclmg is apromising approach -

s 40 tncorporating hydrologlc datainto'thcsimulation process« < -
“rrtoreduce uncertamiys AIlhoubh‘thcvchrnmauon criteria arc
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o ‘““many acceptab}c;malizatlons inorder{o avoid-retaining any * -
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should be stringent.

Summary

The problem presented herein illustrates a situation in
which the use of hard data and multiple indicator condi-
tional stochastic simulation leads to a large uncertainty.
Inverse flow modeling identifies 100 much continuity in
hydrofacies based on inappropriate estimates of relative
hydraulic conductivity values for the hydrofacies. This
observation is used to incorporate expert opinion on the
probability of the extent of the alluvial fan hydrofacies as
soft data in the simulations, resulting in some reduction of
the uncertainty in contaminant concentrations. Finally,
inverse modeling climinates geologic realizations that do
not yield a close fit to the hydrologic data, substantially
reducing uncertainty.

Given that hydrogeologists must make decisions based
on incompiete information, it is necessary that these deci-
sions incorporate a recognition of uncertainty. Stochastic
modeling of geologic uncertainty provides a means of quan-
titatively addressing uncertainty in the response function
(advection and dispersion). As shown in Figure 2, this paper
presents incarporation of disparate types of information for
reduction of uncertainty. This “data fusion” forces the
resultm__g_ predxcuons of flow and transport to be consmtent
sirates two lcchmques for mcorporatmg disparate types of
data into site assessment: use of soft data in stochastic
simulation of geologic units and inverse flow modeling. In
this case soft data are in the form of expert opinion on
geologic conditions (which is identified through inconsistent
results of inverse flow modeling). The same approach can be
used to incorporate geophysical data (McKenna, 1994;
McKenna and Pocter, 1994) and other types of expert
knowledge about the site. Jnvcrsc modcling_allows the
incorporation of hydrologic data into uncei'tmnty assess-
ment through automated flow model callbrauon

The first step in the demonstration of data fusion in this

" paper illustrates the danger of ignoring some of the available
data. Using only hard data to generate stochastic geostatis-

tical simulation yields realizations of the subsurface which-

are implausible. These implausible realizations are most
likely the result of biased sample data and violations of the

: -undcrlpag_-geostatlsucal assumptions of stanonam}L and

ergosi@f%!houl the.incorporation. of hydrologic data
lmﬁﬁﬂodclmg iprovess -theseimplausibiliticsimight not
- “havesbeen Gidénfified -and-theresulting=response function

'wbh}d have rcmamed imprecise,- Analysesand-data collec-

¢ fion must focus on reducing unccrtamly(mcrcasmg ‘preci-

sion) while capturing the truth in the distribution of pre-
dicted concentration (maintaining accuracy).
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Abstract

Nonlinear regression was introduced to ground water modeling in the 19705, but has been used very l:ule to calibrate numer-
ical models of complicated ground water systems. Apparently, nonlinear regression is thought by many to be incapable of address-
ing such complex problems. With what we believe to be the most complicated synthetic test case used for such a study, this work
investigates using nonlinear regression in ground water model calibration. Results of the study fall into two categories, First, the
study demonstrates how systematic use of a well designed nonlinear regression method can indicate the importance of different types
of data and can lead to successive improvement of models and their parameterizations. Qur method differs from previous meth-
ods presented in the ground water literature in that (1) weighting is more closely related to expected data errors than is usually the
case; (2) defined diagnostic statistics allow for more effective evaluation of the available data, the madel, and their interaction; and
(3) prior information is used more cautiously, Second, our results challenge some commonly held beliefs about model calibration.
For the test case considered, we show that (1) field measured values of hydraulic conductivity are not as directly applicable to mod-
els as their use in some geostaustlcal methods lmply, (2) a unique model does not necessarily ‘need (o be identified (o obfain accu-
rate predictions; and (3) in the absence of obvious model bias, model error was normally distributed. The complexity of the test case

involved implies that the methods used and conclusions drawn are likely to be powerful in practice.

Introduction .
Regression has been a powerful tool for using data lo test
hypothesized physical relations and to calibrate models 1n many
fields (Draper and Smith 1981; Seber and Wild 1989). Despite its
introduction into the ground water literature in the 1970s (reviewed
by McLaughlin and Townley 1996), regression has been used very
littie with numerical models of complicated ground water sys-
tems. The sparsity of data, noalinearity of the regression, and com-
plexity of the physical systems produce substantial difficulties.
Obtaining tractable models that are sufficiently representative of the
true system to yield useful results is arguably the most important
problem in the field. The only options are improving the data,
ignoring the nonlinearity, and{or) carefully igniring some of the sys-
tem complexity. Sparsity of data is a perpetual problem not llkely
to be alleviated at most field sites despite recent impressive advances
in geophysical data collection and analysis (e.g., Hyndman and
Gorelick 1996; Eppstein and Dougherty 1996). Methods that ignore
nonlinearity are presented by, for example, Hoeksema and Kitanidis
(1984) and Sun (1994, p. 182). The large changes in parameter val-

"U.S. Geological Survey, P.O. Box 26034, MS 413, Lakewood, CO
. E-mail: mchill@usgs.gov (first author)
“U.5. Geological Survey, 12201 Sunrise Valley Dr., M5 411, Reston,
VA 22092.
Received March 1997, acccptcd October 1997.

ues that occur it most nonlinear regressions of ground water prob-
tems after the first iteration, however, indicate that linearized meth-
ods are unlikely to produce satisfactory results in imany circum-
stances. Thus, simplification related 1o parameterization appears (o
be the only Iy potentiafly useful option, and is the mechanism con-
S|dered in this work.

Dcﬁmﬁg a tractable but vseful lcvcl of parameterization for
ground waler inverse problems has been an intensely sought goal,
focused mostly on the representation of hydraulic conductivity or
transmissivity. Suggested approaches vary considerably in com-
plexity. The most complex parameterizations are cell- or pixel-based
methods in which hydraulic conductivity or transmissivity varies
from one finite-difference cell or other basic model entity to
another, using prior infermation or regularization to stabilize the
solution (for example, McLaughlin and Townley 1996; Clifton
and Neuman 1982; Tikhonov and Arsenin 1977). Prior information
and regularization produce similar penalty function terms in the
objective function, but prior information needs to satisfy either clas-
sical or Bayesian assumptions, while regularization does not. Grid-
scale parameterizations minimize user-imposed simplifications,
but have the following problems: (1} heterogeneities smaller than
the grid scale often are important, so use of grid-scale parameter-
ization generally does not eliminate the scale problem; (2) more
hydraulic-conductivity or transrnissivity data than are available in
most circumstances or often unrealistic assumptions about smooth-
ness generally are needed; and (3) as presently developed, it is not
straightforward to include knowledge about geologic structure into
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press). Stochastic methods (for example, Gelhar 1993; Yeh et al.

-+ 1995; Kitanidis 1995) also generally fall into this category, although -

they share some of the characteristics of the grid-scale methods. These
simpler parameterizations produce a more tractable problem, but it
is not clear at what point the simplicity diminishes utility. The prin-
ciple of parsimony (Box and Jenkins 1976; Parker 1994) suggests
that simple models should be considered, but the perception retnains
that complex systems cannot be adequately represented using par-
simonious models. For example, Gelhar (1993, p. 341) claims that
“there is no clear evidence that [nonlinear regression] methods
[using simple parameterizations) actually work under field condi-
tions.” Indeed, Beven and Binley (1992) even suggest that for some
problems it may be best to abandon the concept of parameterizations
stmple encugh to produce an optimal set of parameter values. A con-
cept as_ useful as parsimony should not be given up lightly, yet
there has been no conclusive evaluation of how complex parame-

This study originally had two purposes (1) to present an
approach that makes nonlinear regression methods more useful for
the types of problems typical in ground water; and (2) 10 use a syn-
thetic test case to evaluate the method and some general issues of
model calibration. Because several articles describing and apply-
ing the approach have recently been published or are in review
(Anderman et al. 1996; Barlebo et al, 1996; Poeter and Hill 1996,
1997; Hill 1998; D" Agnese et al. 1998, in press; Barlebo et al. in
press), this paper will focus less on presentation of the approach and
more on its evaluation using the synthetic test case. Issues of con-
cern are whether the approach can be used as a scientific hypoth-
esis-testing and data analysis tool that is likely 1o yield substantial
insight into, and accurate models of, complex ground water systems,
and whether problems simple enough to produce a well-posed
nonlinear regression are useful in terms of modei calibration and
accurate predictions.

Methods and Previous Works

The synthetic test case is set in the framework of numerical
ground water flow model calibration and prediction. In this work,
model calibration is divided into model construction and parame-
ter evaluation and estimation (as in, for example, Gupta and
Sorcoshian 1985; Sun 1994). Model construction includes: (1)
Choosing a physical equation and numerical methods and devel-
oping or ¢choosing a computer program; (2) defining system dis-
cretization, representation of boundary conditions, and so on; and
{3) selecting what aspects of the physical sysiem to represent with
parameters. Using this terminology, the same system characteris-
tics may be classified differently in different applications. For
example, when using zonation, defining the zones generally is
classified under model construction as defined above. If the loca-
tions of the zone boundaries are represented by parameters, these
would become part of the parameter evaluation and estimation
(for example, Hyndman and Gorelick 1996). Given a model struc-
ture, model parameters can be evaluated for their importance under
calibration and prediction conditions, and are estimated to achieve

- za model that in some way reproduces measured values, Thtiresult-

ing match.ifused to.reevaluate: model structure. Commdnda. cali-

i+ bration mcfﬁmd using only trial.and error: Problems widrusing
::—1rmLJmﬁE)mlone have beenhsaussed by manv.authors.includ-
L dng, Caﬁmmd Nc.um.m.(JQSGJ Coolcy and NafT ( I990l ‘md ‘Hill
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“Model cahbmlton can be addrcssed more cﬁ"ecu\ cry b} e plac—
ing trial and error with inverse modeling as much as possible.

- ‘where inverse modeling refers to using formal optimization and sio-
- - chastic methods to evaluate and estimate parameter values. In this

work, inverse modeling is accomplished using nonlinear regression
(Bard 1974; Cooley 1977, 1979, 1982; Sun 1994); associated
advantages are discussed by, for example, Poeter and Hill (1997)
and Hiil (1998).

In this work, nonlinear regression is accomplished using the
inverse ground water flow model MODFLOWP (Hill 1992). This
model allows a wide variety of system characteristics to be calcu-
lated with defined parameters and allows for general definition of
parameters so that spatially distributed guantities such as hydraulic
conductivity and areal recharge can be defined using zones of con-
stant value, interpolation methods, and some stochastic methods.

To conduct a definitive study of regression methods, it is nec-
essary to use a complex synthetic test case in which all aspects are
known. This is only possible if the synthetic test case is a numer-
ical model. The true system in this work is a steady-state, three-
dimensional numerical ground water flow model with five layers
and five times smaller grid spacing than the calibrated model. The
test case is characterized by aquifer heterogeneity, a confining
unit, areal recharge, and ground water interaction with a lake and
a stream. The turning bands stochastic method {(Mantogiou and
Wilson 1982), as implemented by Wilson (1989), was used to pro-
duce hydraulic-conductivity and areal-recharge distributions, and
the areal extent of a confining unit. Some aspects of this test case
were used by Eppstein and Dougherty (1996). Calibration is accom-
plished using nonlinear regression to estimate parameter values that
represent aquifer and confining unit hydraulic conductivities,
lakebed and streambed conductances, and areal recharge. This
work is distinguished by the wide range of parameter types estimated
in the regression; most studies only estimate parameters related to
the hydraulic-conductivity distribution (for example, RamaRao et
al. 1995). Model calibration was conducted by two of the authors
of this report who knew only the information presented in the sec-
tion “The Synthetic Test Case, except that they did not know the’
true head distribution,

As implemented, this is believed to be the most compllcated
test case that has been used in the evaluation of ground water
inverse modeling. Other complex test cases include the following:
Chu et al. (1987) estimated transmisstvity and dispersivity of a two-
dimensional synthetic test case. Gomez-Hemandez and Gorelick
(1989) used a two-dimensional synthetic test case to investigate
effective hydraulic-conductivity values, but did not investigate
many of the model calibration issues studied in the present work.
Poeter and McKenna (1995) present an innovative method of eval-
vating the hydraulic-conductivity distribution in detail using a
three-dimensicnal test case, but do not consider other aspects of
model construction or data availability.

In this repert, the nonlinear regression method is presented
briefly, data on the true system available for model calibration is pre-
sented, model construction and calibration using nonlinear regres-
sion are described, and the calibrated models are compared with the



- .. true system characteristics. Predictions' from the tue and cali-

'+ Ubrated'models arc-presented and coffipared with management cri- -
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: Nonlmear Regressron T T T
This section briefly describes the rcgressnon methods uscd
Aspects of the approach are discussed further by Hill (1992),
Anderman et al. (1996), Poeter and Hill (1997), D’ Agnese et al.
(1998, in press), and Barlebo et al. {in press); the most complete
description is by Hill (1998). Nonlinear regression was used to find
pararneter values that minimize the weighted sum of squares objec-
tive function, S (b ), calculated as (Seber and Wild 1989, p. 27):

S = -yey-y ()
where
b = an np X | vector containing values of the estimated param-

eters

np = the number of estimated parameters
y = an nX 1 vector of observed hydraulic heads, flows, and
- prior information
n = the number of observations of hydraulic head, flows, and
. items of prior information used in the regression
y =an n X vector of simulated (using b) hydraulic heads,

flows, and prior information
(y —y)=an nX | vector of residuals (observed minus simulated
T 7 values)
w0 = an n X n weight matrix.

~eighted residuals are important indicators of model fit, and are cal-
culatedas w” (y — y ). The objective function is minimized with
respect to the parameter values using a modified Gauss-Newton
method. ]

It is desirable to estimate parameters with the smallest possi-
ble variance to achieve estimated values that are most likely to be
close to the true values. To do this using Equation 1, iinear theory
indicates that three conditions need to be satisfied (Bard 1974;
Tarantola 1987):

1. The model needs to be correct.

2. The weight matrix needs to be proportional to the inverse of the
variance-covariance matrix.of the measurement errors of the
observed hydraulic heads, flows, and prior parameter infor-
mation. I

3. The measurement errors need to be random.

In addition, if Equation 1 is derived by classical Gauss-Markov argu-
ments, the errors need not be normally distributed (Helsel and
Hirsch 1992); if it is derived using maximum-likelihood: argu-
ments, normality is needed (Carrera and Neuman 1986),

Two aspects of nonlinear regression as implemented in the pre-
sent work are discussed in more detail — weighting and diagnos-
tic statistics.

Weighting

To assign the weighting needed in Equation 1, it was assumed
that measurement errors were uncorrelated, producing a diagonal
weight matrix with nonzero elements proportional to one divided
by the variance of the measurement errors. The actual lack of mea-
surement error in the synthetically produced observation was

3
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maltically updated as part of the regression (Huber [981; Barlebo

.- et al. in press). Although useful for problems with large data sets (as

in Neele et al. 1993), automatic updating can obscure the use of
model fit in discovering erroneous data and model error when
data sets are sparse, as is typical in ground water problems. In the
approach presented in this work, weighting is not automatically
adjusted. It is sometimes adjusted based on regression results after
careful consideration.

The weighting procedure used in this work is a variation of
common methods described by Theil (1963}, Carrera and Neuman
(1986), Cooley and Naff (1990) and Hill (1992), but eliminates use
of the common error variance. Here, the weight matrix is assumed
10 equal (instead of being proportional to}) the inverse of the mea-
surement-erTor variance-covariance matrix and the flexibility pre-
viously assigned to the common error variance is now used to
allow the calculated error variance to differ from its expected value
of 1.0. The change reduces confusion for problems with more than
one kind of observation — so-called coupled (Sun and Yeh 1990;
Sun 1994), multiresponse (Seber and Wild 1989), or joint (Neele
et al. 1993) problems. The convenience of the method results from
(1) added clarity about the meaning of the weights and, therefore,
the ability to compare any weighting used against expected values,
and (2) the ability to use the standard error of the regression to infer
possible dominance of measurement error versus model error.

Conditions | and 3 above are satisfied only if the weighted
residuals from all types of observations and prior information
appear (o be statistically consistent with each other or if any statistical
inconsistency can be explained by the correlation of the weighted
residuals expected through the regression (Cooley and Naff 1990,
p- 167-172; Hill 1992, p. 66-69). With this requitement, the method
described here is consistent with methods using the common error
variance,

With the weight matrix defined as bemg equal to the inverse
of the variance-covariance matrix of the measurement errors, the
objective function (Equation 1) is dimensionless. The regression
standard error is commonly. used to evaluate model fit, and is cal-

culated as:
) 1/2
- (_S(h) ) @

n — np

and also is dimensionless. Using s directly as a measure of mode)
fit is sometimes unsatisfactory because it cannot be used to com-
parc models with different weighting and because it has little into-
itive appeal. To obtain values that more effectively reflect model fit
in this work, s is multiplied by the standard deviations or coefficients
of variation used to calculate the weights for the head observations.
The resulting statistic is defined here as the fitted standard devia-
tion or the fitted coefficient of variation.

Diagnostic Statistics
During calibration, many statistics can be used to diagnose
problems with the calibration and the regression in addition to the



* .standard error-and fitted statistics described above. The t.tausucs

L dcﬁcnbed here have'proved fo be extremely effective. - QR I

>+ Composite scaled: sensitivitiés-and paraineter correlation coef-

7+ ficients are used tomeasure the-mformation avaitable from the data :
i~.Z “to estimate parameters or, equivalently, todetermine-which-param- .-
- 1\eters cotld:dikely-be:estimated-uniquely with the:available data. .; T
* .+ Composite scaled sensitivities are dimensionless quammcs calcu-- R

lated as: \.
‘.»/ 12 - i
iss, = [(1/n)§‘,w ( )2] )
: "3b, o
-

These guantitiés.were derived from similar sﬁtlistics used by
Cooley et al. (1986), and weTe first presented by Hill (1992). They
resemble the CTB statistics derived independently by Sun and
Yeh (1990). Each composite scaled sensitivity is the square root of
a diagonal element of the Fisher information matrix (Roa 1973, p.
33; Carrera and Neuman 1986) scaled by the parameter value and
n. The authors’ experience indicates that if composite scaled sen-
sitivities range over more than aboul tw, ordcrs of magmludc, the
rcgrcssmn is commonly u unstable

“Correlation coefficients are calculated from thé elements of the
variance-covariance matrix on the parameters, which are calcu-

lated as:
vy = sz[(—"’! w2} @
4 ab —ab ij ,
The correlation between parameters i and j is calculated as v, (v; v,)i4.

In general, correlations exceeding 0.95 indicate that all the parameter

values may not be esumatcd uniquely.

is that, for the well-posed problems developed in this work, opti-
mal parameter values are obtained. These values and their individual
95% linear confidence intervals (Seber and Wild 1989; Hill 1994,
p. 26-38) are used diagnostically in two ways. First, they are used
to indicate whether unrealistic optimal parameter estimates suggest
the presence of model error or not. If the mede! is correct and suf-
ficient data are used and are being simulated correctly, optimized
parameter values are expected to be reasonable. Unreasonable
opUmal parameter values often indicate problems with the model,
the data, or the way the data are being related to the model Linear
coniidénce intervals on unrealistic optimized paramcter values
that include or nearly include realistic values suggest that the data
are insufficient for conclusive evaluation, and the problem is less
llkely to be model error.

Co_'ﬁaﬁEETEL—ervals on optimal parameter values are also

intervals of two Agptlmlzcd rechargc paramelers 5, for example.

laggely overlaB it is likely that they could be represented as one
recharge parameter.

The Synthetic Test Case

Synthetic Valley is an undeveloped alluvial valley surrounded
by low permeability bedrock (Figure 1a). Surface water features are
Blue Lake and the Straight River.
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Figure la. (left) The 6096-m by 3810-m areal extent of the true and cal-
ibrated models used to represent Synthetic Valley, the true areal
extent of Blue Lake and the confining unit, the location of stream
gauges G1 and G2, the proposed locations of production wells P1, P2,
and P3 (Development scenario A includes pumpage at P1 and P3; sce-
nario B at P2 and PJ), the true hydraulic heads for the water table (solid
contours) and the basal part of the ground water system (dotted con-
tours).

Figure Ib. (right) 152.4-m finite-difference grid spacing used in the cal-
ibrated models, finite-difference oclls used to simulate the Straight River
and Blue Lake, well numbers and locations, and, following the well
numbers, hydraulic conductivities (in meters per day) measured using
slug tests and, for well 27, an aquifer test. Figure 1b shows the location
of wells available from the beginning of the study (®), wells drilled in
ficld season 1 (o), wells drilled in field season 2 ( x ), and the well drilted
in field season 3 (+).

Development Scenarios and Management Criteria
The design of the model and data collection efforts depend on
the proposed development, so it is described first. Proposed devel-

* opment includes: (1) a 7600 m3/d (cubic meters per day) well in the

southern part of the valley at either well location P1 or P2 (Figure
la), and (2) a 1900 m3/d wetl at location P3 (Figure la).
Development scenario A includes the pumpage at P1 and P3;
development scenario B includes the pumpage at P2 and P3.
Management criteria are: (1) Drawdown of the water table cannot
exceed (.6 m anywhere in the northern half of the valley; and (2)
streamflow at gauge site G2 (Figure 1a) cannot be decreased by
more than 20%. Because the development is characterized by con-
stant rates of pumpage and the management criteria involve long-
term effects of pumpage, predictive simulations are steady state.

Model Discretization and Boundary Conditions

The finite-difference cells used to represent Blue Lake and the
Straight River in the wrue model are outlined in Figure 1a. The
Straight River is a head-dependent boundary; Blue Lake is repre-
sented as a volume of very high hydraulic conductivity. The top of
the model is simulated as a water table free-surface boundary sub-
jected 1o areal recharge, which is represented as a defined flux. The
four sides and the bottom of the model are no-flow boundaries, & -

- model layers were used in the true model.



A

Data

= calculated umng the true: sy\[unm duwcd:lrum true system char-

L istics;they were got currupted by+ ldl.'Ld random noise.Thus,

. &ahbmuons “This-lack ol - whamvcommonly cidled mcasurcmenl N
:+ error allows for a dcﬁmn've cvalualion of model error, which’
plagucs all mode] calibrations; but which generally cannot be char-

acterized.

Data were collected at 17 existing wells and 10 additional
wells drilled in subsequent field seasons (Figure 1b), and included
drillers’ logs, water table levels, and water levels at the screened
intervals for ali wells, and, for three wells, depth to bedrock. The
valley sediments are mostly medium to coarse sands, some grav-
els, and a thin layer of lake clay in the north (confining unit of Figure
1a). Data from similar valleys indicate that horizontal hydraulic con-
ductivity of the non-clay deposits ranges between 3 and 150 m/d
(meters per day), which spans one and a half orders of magmtude
Remarkable vertical homogeneity displayed in the well logs was
used in model calibration to justify using aquifer horizontal hydraulic
conductivities that do not vary with depth, and are the same for all
model layers representing aquifer material. In this way, the test case
is simpler than most field sites, in which vertical inhomogeneity
dominates, but the overalt complexity of the test case is substantial
despite this simplification.

Contour maps constructed using measured water lable levels
and hydraulic heads at the screened intervals are not shown in this
report, but are similar to the true hydraulic-head maps shown in
Figure la except that contours in the northeastern corner are

" smoother than the true contours. The true hydraulic-head maps were

:n by the authors cahbratmg the model until tl]e_ end of the

» . For all wells, water table Jevels are higher than the water lev-

— el at the screens. Where the confining unit occurs, the hydraulic

head declines with depth by 0.031 to 0.183 m; where no confining
unit occurs, it is as large as 0.03 m, but is less than 0.003 m for nine
of the 13 wells. )

Mean annual precipitation is 91 cm/y (centimeters per ycar),
and there is no surface water flow into the valley. At the southern
boundary, the stage in the Straight River is zero, the datum for all
other elevations, The river gradient is 0.0002, so the stage at the head
waters (2743 m upstream) is 0.55 m. Generally, the river ranges from
7.6t0 22.9 m wide and is 0.3 m or less deep. Gauged streamflows
at Gland 732 of Figure la are 25,046 and 2730 m¥d, respectively.

Blue Lake is a 5 m deep, sandy-botiom lake with no surface
water inflow or cutflow. A previous study of Blue Lake yielded the
following: stage = 3.35 m; area of the lake = 1.510 % 10¢ m?; lake
evapaoration = 69 cm/y. Because there are no surface water flows to
or from Blue Lake, the difference between precipitation (91 cm/fy)
and evaporation from the lake (69 cm/y) recharges 910 m?/d to the
ground water system.

The ground water budget for Synthetic Valley can be expressed
as: P—ET + 910 m¥d = 25,046 m3d, where Pis precipitation, ET
is evapotranspiration from the land surface, 910 m*/d is the net flow
from the lake, and the right-hand side equals the measured flow at
G1. Thus, P—ET = 24,136 m¥/d, which is equivalent to 0.00111 m/d,
or 40.6 cm/y over Synthetic Valley minus the area of Blue Lake.

The long-term effect of focal ground water pumpage on Blue

- will be a decline in lake level. It will not be an increase in the
net flow from the lake to the ground water system because Blue Lake
is a closed lake with no surface water inflow or cutflow, and pre-
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Ata are mere accurale. than-the dita: .w.uldhk, (urrmost model -

2= cipitabion on axd evaporation from the fike surtace generally arenot

al'fcclcd*by_. thc'lake-lcvcl chungcs. e

-'!Culabrﬁ?’mn-.progichseddhrounh the: development. -of seven

'.-Tnndels_rra'mcd CALO -(thc initial.model), CALO-G1- (lesh the -
--importance of the G1 fiow measurement), CALO+PR (tests Using -

prior information to make one of the CALO estimated parameter val-

- ues more reasonable), CALI (constructed after field season 1),

CAL2 (constructed after field season 2), CAL3 (constructed after
field season 3), and NO LAKE (tests the importance of represent-
ing the lake). The data available for the CALO models consisted of
the data for wells | through 17, as described above, streamflows at
G1 and G2, of which G2 and G1 minus G2 are used in the regres-
sion, and the net loss from the lake. Additional data were col-
lected during the three field seasons.

Model parameters were defined to calculate the modei char-
acteristics listed in Table 1. All defined parameters were estimated
by nonlinear regression, except as noted in Table 1.

Model Discrelization and Boundary Conditions

The areal finite-difference grid and the cells used to represent
Blue Lake and the Straight River in the calibrated models are
shown ia Figure |b; the lake and river were head-dependent bound-
artes. To avoid adding nonlinearity that would promote longer,
more unstable regression runs, during calibration the top layer of
all calibrated models was represented as confined instead of uncon-
fined. Resulting inaccuracies were found to be negligible for these
steady-state models. The sides and bottom of the models were no-
flow boundaries. Vertical discretization is shown in Figure 2. In the
north, the bottom of layer 1 coincides with the bottom of the lake;
the bottom of layer 2 coincides with the top of the clay confining
unit (which is simulated as vertical leakance between layers 2 and
3). In the south, the bottom of layer 1 is deep enough to ensure that
no cells go dry; the botioin of layer 2 was placed about 15 m
lower for ali models except CALQ, in which layer 3 is absent and
layer 2 extends to the bottom of the model, The bottom of the model
was derived from bedrock elevations measured at wells 1, 5, and
27 and some geophysical data.

Calibration Results

Some of the questions posed and answered at major steps of
the calibration arc presented in Table 2 to display the hypothesis-
testing framework and to demonstrate how nonlinear regression and
the diagnostic statistics were used. There were no problems with
uniqueness in any of the regressions ~— optimal parameter values
were readily identified for each model and parameter correlation was
low; the largest correlation of 0.95 was calculated for CALO-Gl, and
even then starting the regression at several sets of initial values indi-
cated that the optmal parameter values were unique. Using the diag-
nostic statistics to evaluate the importance of different parameters
to the predictions, as suggested by Hill (1998), might have been use-
ful, but was not considered in this study.

The hydraulic conductivity distribution of the CALO models
is defined using the zones shown in Figure 3a, which produced the .
best overall results of the many zone configurations considered.
Interpolations based on linear triangular finite elements are used to
define the hydraulic conductivity distributions of the other models;
Figure 3b shows the finite elements used for CALA For the inter-
polations, most of the estimated values were at nod l of the finite-
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| Table L

. 41 Parameters of theCalibirited-Models -
Pearaimeter lahelst KRBY the comductaige ot the stramnbed a1 'the read Waters
of the Strarhit Raver;: K,'% K, und K zonakhonzontal hydyiulic-conduoctre-
1 ny-vaiues (Figure 3a): KRB VKRB onnd KR o xomal stremnbed-vondutaucy: .
*valuss4Tiigurci 7). K1 Bsteakunee (vertical hydraufic conductiviy divided by thick- 1

EOMCE IR el

(Figure 4); ANIV. vertical anisotropy of atjuifer material: wiprior, paraméteds had
prior infurmation. ] i

Model Characteristic Calculated Using the Parameter

Streambed  Horizonta!l  Lakebed Aveal  Conlining Vert:iul
Hydraulic Unit

Model Conductance Conductivily Conductance Recharge Leakance Anisolropy
CALD KRE? K KLB RCH kv 'aNIlV
CALD-GI Ks? =z
CALO+PR Ky°
CALL KRB, 212 wiprior do. do. Kv do,
KRB,
KRB,
CAL2 do. 216 wiprior do. do. do. do.
I
CAL3 do. do. “rone do. do. . do.
NOLAKE  do. do. “none do. do. do
'Not estimated by nontinear regression because of i ivity, as indicated by small com-

posite scaled sensitivities.

The parameter Labels are K*, where * is a well number from Figure 1b, These parameters
are used in the tnterpolation scheme shown in Figure 3b with prior information used in the
regression equal (o the siug-test value shown in Figure 1b; for example, for well 1, 1tis 144
mwd,

The parameicr labels are K*, where * idenufies locatvon A, B, or C of Figure 3b These
parameters have no prior information.

*For CAL3 and NO LAKE. KLB 15 calculated as the hydraulic conductivily of the under
lying cell. divided by the product of ANTV and the vertical distance to the center of the under-
Iying cell (6.9 m wn all models) No separate KLB parameter was defined

element grid located where slug tests had been conducted. The slug-

test values are used as prior information for these parameters, with
weights on the prior information just large enough (or, equivaiently,

coefficients of variation just small enough) to achieve conver- .
-

gence of the regression. The final coefficients of variation are
about 20%, which is somewhat smaller than the 30% that would be
consistent with the authors’ prior beliefs about the accuracy of the
prior information. Thus, this application needs to be regarded as a
regularization procedure instead of Bayesian prior (Backus 1988).

I The weights used for observations in the regression were cal-

+ culated using the standard deviations and coefficients of variation |

{ of the measurement errors in hydraulic heads and flows, respectively,
! shown in Table 3, which were based on typical measurementesror
! for these data types. The covariance between flows G2 and G1-G2
(Hill 1992, p. 43}, was not included in the weighting, but its omis-
sion is not expected to significantly affect the results. The statistics
used to calculate the weights were modified within reasonable
Limits during calibration to achieve statistically consistent weighted
residuals. The standard etrors, s, in Table 3 are ali less than 1.0, indi-
cating that the mode! fit is better than would be consistent with the
assigned weighting. This produces the small fitted statistics of
Tabte 3 and Figure 5, and is because, unbeknownst to the model-
ers, the data have no noise added to them.
Graphs of weighted residuals against weighted simulated val-
ues for CALO and CAL3 are shown in Figure 6. Graphs for CALOQ-
G1 and CALOHPR were similar to the CALQ graph; graphs for the

.
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Figure 2. North-south cross-section showing the layers used in the cal-

- ibrated models, including divisions used in ali models (—)}, top is the

H

water table; divisions used for all CALO models (-++); and divisions used
for all models except the CALO models (---). For any model, all north-
south cross-sections are the same.
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Figure 3a. (left) Zones used to parameterize the horizontal hydraulic-
conductivity disteibution for all model layers for the CALD models, with
the wells used to construct the zones, the parameter labels of Table 1,
and the estimated values and the 95% linear individual confidence
intervals, in meters per day.
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Figure 3b. (right} Triangular finite elements are used to parameter-
ize the horizontal hydraulic-conductivity distribution for all model lay-
ers for the CAL3 model. The hydraulic conductivity is changed by the
regression at the numbered apexes of the triangles (the numbers are
well numbers) and at the squares labeled A, B, and C,

other miodels were similar to the CAL3 graph. For CALO (Figure
6a), six out of the seven weighted residuals between weighted
simulated values of 15 and 30 are positive, suggesting they may be
nonrandom. For CAL3, there is no indication of model bias related
to the head and flow data, but estimated parameter values tend to
be slightly smaller, on average, than the measured slug-test values,
as indicated by predominantly positive weighted residuals.

Observed streamflow gains and those simulated using the
CALO and CAL3 models are shown in Figure 7. For the CALO sim-
ulations, there were streamflow gain observations at G2 and
between G1 and G2; for the CAL3 simulations there were stream-
flow gain observations every 152.4 m. In general, streamflows
are matched within 150 m?/d. The 910 m3/d lake budget, which is
smaller than any of the per cell streamflow gains, was matched
within 2% by all models.
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~.2:i7Te s o Short Description of Results from the Cakb-mted Models ; ) .

“Table 2

. ~Model Label;

) 3 , sz Tern ADBWETS l)cnved“l'ihﬂcgrmon Results forthe Listed Model |
A-~Numbercol - - - o, Miradietsthe true model. .
“}~RegressionData .. . C e - v~ Confidenge intervals aré 95%; linear intervals. ~ .
and Parameters . " > %=, Questions Addressed . Dldgnnstle'sraﬁstlcs are ltahdzed T -
CALO i. What are the basic relations . 1. Head data alone: most correlation coefficients are 1.0, indicating that all parameters
34 heads - between the parameters and the except ANIV are completely comelated. Adding lake budget data reduces corretation
3 flows head and flow data? slightly. Adding the G2 and (G1-G2) flow data reduces correlation substantially, but com-
6 parameters V- posite scaled sensitivities suggest that these data are insufficient to estimate KV and
2. Can zones of constant hydraulic ANIV.
conductivily be used to produce | 2. No. The zones shown in Figure 3a produced a good fit to heads and flows (Figures 5 and
a good model? ), but K, (719 m/d) exceeds the expected maximum (152 m/d), and its confidence
3. Does the areal recharge vary interval (390;1317) excludes reasonable values. This indicates that the model is signifi-
spatially? cantly biased.
4. Does streambed hydraulic con- 3. No. Estimated recharge rates applied to distinct zones fell within each others’ confidence
ductivity vary spatially? intervals, indicating that one areal recharge rate was sufficient,
5. Does the confining uait extend 4, Yes(*). The best model fit to the data resulted when the simulated streambed hydraulic
all the way under the lake? conductivity was increased by a factor of three from the head waters 10 the southern end,
5. No(*; see 2b for CAL3). Having the confining unit extend under the lake such that it cov-
ered both the dotted and striped areas of Figure 4a resulted in poor model fit.
CALO-G1 1. Does model accuracy depend on -
34 heads the unusual situation found in 1. Yes. Omitting the G1 flow, only 11% of the flow exiting the system (the G2 flow) is
2 flows CALD, in which 100% of the included in the regression, The G2 flow was matched closely because it alone reduced
6 parameters flow exiting the system was what would otherwise be extreme correlation of the esumated parameters. Overall model
measured at G17 Jit was closer than for CALO (see s, Table 3, Figure 5), but CALO-GI predictions were less
accurate than CALO predictions (Figure 10).
CALO+FR [. Can prior information be used .
34 heads to make K,? more reasonable? 1. Yes. Imposing a prior information value of 122 m/d, with a confidence interval of (74;200)
3 flows 2. Does this produce a more accu- (equivalent to a standard deviation of 0.25 for the log-transformed prior), resulted in a
1 prior rate model? high, but more reasonable, estimate of 273 m/d, with a confidence interval of (177,421).
6 parameters 2. No. CALD+PR predictions are less accurate than CALO predictions (Figure 10).
CAL! }. Can the slug-test data be used to
44 heads realistically represent spatial 1. Yes. The slug-test data were used as prior information (o estimate a smoothly varying
19 flows heterogeneity of the hydraulic hydraulic conductivity field (Figure 9¢). This distnibution appears to represent the true dis-
12 prior conductivity? tribution with sufficient accuracy in that all estimated parameter values are reasonable
18 parameters 2. Is it most likely that the spatial and weighted residuals are generally random.
variation of flow into the 2. (*) The model fit the measured flows into the Strarght River more closely using the
Straight River is caused by vari- strearnbed conduclances of Table 1 than by variations in subsurface hydraulic conductivity
auons 1 streambed hydraulic represented with four finite element nodes along the Straight River. It is likely that varia-
conductance or subsurface tions of either hydraulic property cause similar variations in the measured and predicted
hydraulic conductivity? heads and flows, The streambed hydraulic conductivity is actually constant,
CAL2 1. Do the data provide enough
52 heads information to estimate the 1. Yes. Composite scaled sensitivities indicated that hydraulic-conductivity parameters prob-
19 flows fhiydraulic conductivity at any of ably could be estimated by the regression at boundary points A, B, and C (Figure 3b) and
16 prior the boundary nodes? .the resulti 1g regression was, indeed, successful. No new prior information was used.
25 parameters
CAL3 1. How do values from the aquifer
54 heads test at well P3 {(Figure 1a} in I. The simutcted and aquifer-test horizontal hydraulic conductivities were comparable;
9 flows field season 3 compare to simu- aquifer-test derived vertical leakance of the confining unit of 0.00337/d was significantly
16 prior lated values? lower than the optimized value (outside the confidence interval of Figure 8b), indicating
24 parameters 2. Evaluate two assumplions used possible model error,
so far: 2a. As an alternative consistent with available data, the separate lakcbed was omitied from the
a. The leakance of the lakebed model so that water flowing to and from the lake simpty Mlowed through the aquifer mate-
is constant over the area of rial beneath the lake. This produced a similar model fit, and was used in the final CAL3
the lake. model.
b. The confining unil does not 2b. With the lakebed represented as in 2a, good model fit was achicved with the confining unit
extend westward ender the extending under the lake (Figure 4b). This was used in the final CALJ model.
lake.
NO LAKE 1. Isincluding the lake in this sim-
54 heads ulation important given the pre- 1. No. When the lake was omitted from the simulation, estimated parameter values were
18 flows dictive quantities of interest? adjusted by the regression so that results were similar to CAL3. The estimated value of
16 prior K19, the hydraulic conductivity parameter closest to the center of the lake, was unrealisti-
24 parameters cally high, but its confidence interval included realistic values (Figure Bd).
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- Selected-estimated parameter-vadues and their Y5% lincar.

T ‘mdlvldual confidence intervals.ané ﬂmwmn‘ Figure 8. These fig-.
"t sures show haw the estimated- viilues and lhbﬂ.plLLI.\H'lt'l.l.“'l:llll_'\.d~|tll' o

# “sthe.different-modéls:-Notice that parametors wath priovinformation
- ({Figure 8d) neverhave confidence. intervals greater thdn the con-
.- #ufidencesinterval on lhc‘pr.rai" infornation.(aks® noled by. Carrera and

+ -+ Neunian 1986)..Also, confidence intervals on hydmuh(.-wnducuwly

. values without prior information tend to increase as the estimated .
value increases, which is consistent with the smaller sensitivities
commonty calculated for for larger hyd:aullc conductwmes

The results presenled in Table 2 demonstrate a number of sit-
vations that are likely to be common in practice. In CALO, corre-
lation ceefficients and composite scaled sensitivities are used to
detect data that provide insufficient or marginally sufficient infor-
mation for the estimation of two of the defined parameters. The
CALO-GI model demonstrates that with one outflow measure-
ment including only 11% of the flow leaving the system, correla-
tions are as high as 0.95, but a better-fitting model results (the stan-
dard error of the regression was less than for the CALO model; Table
3). The better fit apparently resulted from there only being one cor-
relation-reducing observation (the G2 flow); the simulated and
observed G2 flow were nearly identical, which is typical of single
correlation-reducing observations. The consequence is that any
error in a single correlation-reducing observation or in the way it
is stmuiated will be directly transmitted to the estimated parameters,
so that such an observation can act like an influential outlier on the
regression. As discussed below, less accurate predictions were
obtained with CALQ-G1 than with CALO.

CALO+PR shows prior information being used in a way that
diminishes model accuracy, while CALI through CAL3 show
prior information being used in a way that improves model accu-

~racy. Thus, for this probiem, using prior information to force opti- °
mal parameter values to be realistic reduced model accuracy;jusing "
pnor information to include complexity nol directly supportablc by_

b the other data improved mode! accuracy., )

~

Comparison with the True Hydrogeology

The true system has a 30.4-m grid spacing, compared 1o the
152.4-m spacing used in the calibrated models, and has five model
layers instead of two or three. The area of Blue Lake and the loca-
tion of the Straight River are the same in the true and calibrated mod-
els. The side no-flow boundaries are the same in all models. In the
true model, the elevation of the impermeable bottom of the ground
water flow system was not as smooth as in the calibrated models
(Figure 2), and varied from about —46 m on the east to about
—91 m on the west.

The confining unit in the final calibrated models (Figure 4b)
extends cver more of the modeled area than the true confining unit
(Figure 1a) because (1) the confining unit present at well 21 was
assumed erroneously to be continuous with the larger confining unit
to the porth; and (2) none of the available data indicates that the con-
fining unit is actually absent along the northeastern model bound-
ary. Neural network analysis of the confining unit data (Risso 1993)
correctly represented the break in the southern part of the confining
unit, but did not resolve the second problem. No simulations were
done with the neural network results as part of the present study,

True parameter values are plotted with the optimized parameter
values and their confidence intervals in Figure 8. The true recharge
rate piotied in Figure 8a is the average of a stochastically generated
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Table 3
s S}ﬁ\sﬁ(‘s for Weéighting and of the Final Modcls 3
|*. \nndmm-mg_m\\mn (I;;ualmn 2}, avalue of §.0andwates lh mlu
wrape, Tirthe-hydrashic cad, streamtlow gain-aod fake lows data

'Mlldﬁm’-ﬂ-‘ﬂm‘.wndm:\m abetterfit Rty comelationcoefficient for the weighted

ues close 10 1.0 inducate that the weighied residuals are independent, random. and
normally distributed. |

Model
Statistic CALS  CALO-GI CAL+FR CAL1  CAL2 CAL} NOLAKE
Preliminary standand deviauon for heads (m)
Q.10 0.0 0.10 0.10 610 040 0.10
Preliminary cocfficient of variation for:
Streamnflow
gains 0.063 0.063 0.063 0.12 617 017 .17
Lake loss 0.43 013 .13 0.23 033 033 0.33
s T om 0.60 099 060 045 033 042
1RN? 0.960 0.939 0879 0962 0980 0981 0.976
{0943) ({0.943) ©.943)  (0969) (0972) (0.972) (0972)
Fitted statistics of the fina! models (s limes the statistic used to calculate the weights):
Fitted standard deviaion for heads (m)
0078 0.060 0.099 0066 0045 0033 0042
Fitted coefficient of variation for:
Streamflow
gains 0049 0.038 0.063 0.070 0.075 0.055 0.070
Lake loss 0.099 Q.076 012 014 [ 3] 0.11 0.14

‘RNI. ervaluated for the ubservations and the prior informauon. Critical values are in paremheses,
i the residuals are independens and normally distnbuled, then there ts only a 5% chance that Ry?
15 kess than this value

distribution with a small variance (5%), so that the true recharge is
essentially constant, as concluded in the calibration. Only the
CALO-G! and CALO+PR models excluded the true value from the
confidence interval. This refiects the importance of the G1 flow in
the accurate estimation of recharge and the ability of prior infor-
mation inappropriately applied 10 one parameler to affect other esti-
mated ed paramcters. For the vertical leakance of the confining unil
(Flgure 8b), the confidence intervals only include values that are
greater than the actual values. This probably results from the rxces-
sive arcal extent of the confining unit in the calibrated models dis-
cussed previously.

The value of hydraulic conductance of the streambed used in
the true model is 244 m?/d per meter of stream along the length of
the Straight River instead of being variable, as simulated in all cal-
ibrated models. For all simulations, Figure 8¢ shows that the small-
est estimated conductances are simulated for KRB, in the northern
reach of the river, where the true underlying hydraulic conductiv-
ity is less than the calibrated value (Figure 9; sce Figure 1a for stream
location). The analysis in Appendix A indicates that little grid-
size effect would be expected.

The lakebed was represented in the true systemn as in CAL3 and
NO LAKE, so that there was no distinct lakebed. There is, there-
fore, no true value of lakebed leakance to compare with the estimates
and their confidence intervals, and these values are not presented
in this repor.
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Figure 4a. (left) The simulated extent of the confining unit in the
CALO calibration, Simulations included a confining onit covering
both the dotted and striped areas; in the final CALO model the con-
fining unit extended only over the dotted area.

Figure 4b. (right} The simulated extent of the confining unit in the
CAL3 and NO LAKE models, with the areas added for the CAL1(///),
CAL2( ¢), and CAL3(\\\) models. The locations of wells available at
the beginning of the study ( ® ), drilled in field season 1 ( 0 ), drilled in
field season 2 ( x ), and the well drilled in field season 3 (+ ) are shown.

of 2.5, as used in the final calibrated models; the inaccurale estimate

is consistent with the small composite scaled sensitivities of this
parameter. h T '

L Aquifer horizontal hydraulic conductivity for the true system
is shown in Figure 9a and is essentially vertically homogeneous, as
assumed in model calibration. The calibrated hydraulic-conductivity
distribution for the CALO model, with its three zones of constant
value, is shown in Figure 3a. It is clear why zonation could not suc-
cessfully represent this true hydraulic conductivity distribution,
The triangular finite-element grid used for interpolation for the
CAL3 médel is shown in Figure 3b; the same grid is used for the
NO LAKE model, and the grid used for the CAL] and CAL2
models is similar but has fewer nodes.

The calibrated hydraulic-conductivity distribution for model
CAL3 is shown in Figure 9b. Most of the major highs and lows of
the true hydraulic conductivity are represented. Processes that
deperd on the smaller scale variations of hydraulic conductivity, such

. as flow into the Straight River, can only be simulated well if other
aspects of the model can make up for the overly smooth estimated
hydraulic-conductivity distribution. As mentioned before, low esti-
mated streambed conductance at the headwaters of the Straight River
is probably making up for the hydraufic conductivity being too high.
The hydrauTic heads simulated using CAL3 are not shown, but are

rarly identical to the true hydraulic heads (Figure 1a) except in the
aortheastern corner, where the confining unit was simulated dif-
ferently and the CAL3 hydraulic-head contours are smoother.

( Vertical anisotropy equals 10 in most of the true system instead
!

&

described previously, development scenario A includes pumpage at

- Pt and P3, scenario B includes pumpage at P2 and P3. Blue Lake

is a closed lake so that pumpage was expected to affect the lake fevel.

-This was simulated for each prediction by reducing the lake level
so that the contribution to the ground water system was the same
with pumpage as it had been without pumpage. In the true system,
this was accomplished by assigning the lake cells very large
hydraulic conductivities.

Figure 10 shows that prediction accuracy for the best-fitting
CAL2, CAL3, and NO LAKE models is extremely good; the
CALO-G1 model had the least accuraie predictions,

The maximum drawdown may be located anywhere in the
northern part of the model. The true maximum drawdown is located
along the eastern boundary for scenario A, and along the northern
boundary for scenario B. For the three CALO models, in which the
vertical leakance of the confining unit is very small, the maxi-
mum simulated drawdown for both the A and B development sce-
narios is located along the eastern medel boundary at or near row
5, column 235 (Figure 1b). For the other calibrated models, it was
simulated at or adjacent to proposed well location P3 (Figure 1a).

From a management perspective, the predictions made by the
different models are similar. For development scenario A, all mod-
els indicate that management criteria 1 and 2 would be violated,
which is correct. For development scenario B, the predictions for
the maximum drawdown are close to the management criterion
(which is correct), with the greatest discrepancy simulated by the
CALO-G1 model; the predictions for the percent streamflow change
are closer lo the management criterion for the CAL1, CAL2,
CAL3, und NO LAKE models than truly occurs, and the CALQ,
CALO-GI, and CALO+PR predictions exceed the management
criterion more than truly occurs.

The less accurate predictions of the CALO+PR model relative
to the CALQ model show that, in this circumstance, when the lin-
ear confidence interval on the unrealistic parameter value included
no reasonable values, the model with more accurate predictions was
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Figure 5. Fitted standard deviations of hydraulic heads for the final
models. (NL is the NO LAKE model) '
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Figure 7. Measured and simulated streamflow gains along the Straight
River for the CALO and CALJ models. Values are per finite-difference
cell, and finite-difference cell 1is at the upstream end of the river. For
the CAL3 model, parameter KRB, applics to cells 1 and 2, KRB,
applies to cell 3, and KRB, applies to cells 4 through 18. Gauge Gl is
located between cells 2 and 3; Gauge G2 is localed at the downstream
end of cell 18.

the model that fit the data better, even though one of the estimated
parameter values was unreasonable. This is consistent with
Troutman's {1983, p. 801) results for rainfall-runoff modeling,
and suggests that when an unreasonable value is well supported by
obscrvauon data (as lnd:cated' by large compos:(c scaled sensitiv-

wities and a confidence interval that excludes reasonable parasiter
ivalues): nse > of grier-imlonmation often dsnotapr roductive mecha-
nism with \.\hicffﬁaqft:wlvu the problem.-More accurie prediciions

fa wcreobh’t@l-ﬁuv\wdy wilh aemorereomples parmetenzition:
- .pnor information was-used 10 achievi a stable regression withthe

addmonﬂ{;mrammrs

¢ Theresalts show1hat for lhmpioblcm, the mm( ob\wus mdtf o

cator of a model likely to produce i inaccurate predictions was an
unrcascmable estimated parameter value In addition, welghted
residuals were slightly nonrandom for the less accurate models.

¢"Models with a closer fit to the data (Figure 5 and s of Table 1) gen-
i_erally, but not always, produced more accurate predictions.

The predictions shown in Figure 10 are, of course, uncertain,
which could be important to their use for management decisions.

" Analysis of measures of prediction uncertainty is beyond the scope

of this report.

Discussion

The power of this work comes from the test case being com-
plex enough to test how the methods are likely to work in actual
application. Thus, test case realism is the first issue discussed in this
section. Subsequent sections focus on three issues crucial to the use
of calibrated models to evaluate ground water systems: Model
nﬂnumqueness and its practical consequences, appropriate repre-
sematmn of small and large-scale heterogeneities of the hydraullc-

Test Case Realism _

The test case is more realistically complex than any other test
case used for this purpose in that (1) the flow system is fully three-
dimensional and has commonly encountered types of boundary con-
ditions; (2) the areal hydraulic-conductivity distribution, areal
recharge, and areal extent of the confining unit are reasonably
complicated, except as noted below; and (3) the problem is posed
in terms of a management problem. The test case, however, is
simpler than most field problems in that (1) the hydraulic conduc-
tivity of the aquifer material did not vary with depth much, a con-
dition rarely, if ever, encountered in natural environments (the
flow system, however, was still three-dimensional because of the
boundary conditions and the presence of a confining unit); (2)
both the true and calibrated systems were truly at steady state,
thus avoiding transient effects; (3) the location and impermeabil-
ity of the lateral and bottom boundaries were better known than in
most field problems, and (4) the range of hydraulic conductivities
was somewhat narrower than in many field problems.

The regression data used to calibrate the seven models devel-
oped in this work were hydraulic heads, lake seepage, streamflow
gains, and hydraulic-conductivity values produced by slug tests, all
of which were derived from the synthetic test case. The data were
generally typical of the type of data available in most ficld studies,
except as follows: (1) The “observed” values of hydraulic head and
flow were derived directly from the true models, with no random
errors added; (2) the hydraulic-head data were more evenly dis-
tributed in space than commonly occurs; (3) the streamflow-gain
measurements included 100% of the outflow f{rom the system
{except for the CAL0O-G1 model) and, for some of the models, were
of higher resolution (every 152.4 m) than streamflow gains gener-
ally can be determined from measured streamflows given common

- measurement errors; and (4) the slug-test data were equal to the ~

hydraulic conductivity of a 30.6-m square f'lmtc-dlfference cell
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Figure 9a. {left) Map showing the true hydraulic-conductivity distri-
bution.

Figure 9b. (right) Map showing the optimized distribution of
hydraulic conductivity for model CAL3.

Gray shade Hydraulic conductivity, in m/d
(darkest) 0-36
36-72
72-108
108-144
(lightest) 144-180 [occurs only in one cell of (A)}

which is a larger amount of material than slug tests usually sample.
Repeating some of the regressions using noisy data would be an
important contribution, but this was considered to be beyond the
scope of this report.

Despite the simplifications, the test case appears to have been
compleX enough to serve the objectives of this work.

Model Uniqueness and Its Practical Conséquences
Given the advantages inherent in the synthetic test case, one
might have expected to find one model that was clearly the best and

thus be abie to avoid the problem of nonuﬁiquencss normally » geostatistical methods (Kitanidis

found in ground water flow problems. Nonetheless, nonuniqueness
proved to be a problem. Models CAL2, CAL3, and NO LAKE
yielded a rcma.rkably similar quality of calibration (Table 3, Figure
5) and prediction (Figure 10), despite different assumptions regard-
ing the hydraulic-conductivity dlstnbuuon “arcal extent of the con-
fining unit, vertical anisotropy, and representation of the lakebed and
the lake. Even CALY1, for which the calibration was not as good, pro-
. duced accurate predictions. This is important because it indicates
that the lack of uniqueness pervasive in ground water models does
not necessanly indicate that the models produce inaccurate .pre-
dictions and, therefore, are useless. In_sgg_a;iof uniqueness, predic-
tion accuracy appears 0 1o depend on ‘the typ: type and accuracy of the

- available data and the calibration inethodology. Busically, it il
+-+ibration is _su{ficigntly constrained :different calibrated |nnck.l-.,m

- likely to. produetsm_eulll\ of similar aceur lLy

- _-

TR Apprélprmix:ﬂuprcscmntmn u‘l Small- and Large-Scale o

Hctcmggnelly .
chrcsemtng ‘the. hydrauhc LOIldULII\'Il‘y tuld usmn Hucc

zones in the CALO models had the advantage of allm\m;, aclear

evaluation of the relation betwecen the data and the parameters. In
- this test case, use of head data alone or 1n combination with the iake-
budget data resulied in extremcly correlated parameters, which
would have prohibited estimation of individual parameter values.
Such an evaluation generally is not possible with more complex
parameterizations in which some parameters are not estimated

- ~and(or) prior information is used, because both affect the statistics

used to identify parameter correlation.

Representing the hydraulic-conductivity ficld using three
zones had the dlsadvantagejof f being too unrealistic in this test
cise, as indicated by one unrealistic hydrauhc-conducuvny value
estimated by the regression, somewhat nonrandom weighted resid-
uals, and inaccurate predictions.

Representing the hydraulic-conductivity field using a simple
mterpolauon method based on linear triangular finite clemcnts
produced good fitting models capable of accuratc predictions of
drawdown and changes in streamflow gain. Use of other interpo-
lation methods could have some advantages; for example, kriging
allows the distance of influence of cach interpolation point to be eas-
ily adjusted. We do not expect that using another interpolation
method would significantly change the results, but this was not tested
in the present study because such a good fit was achieved with the
simpler methods. Methods that allow smaller scale variation, such
as gnd -scale parameterizations, also were not t tested for the same

Using the slug-test data as prior information on esumated

paramelers !ocaled at interpolation points of the finite-element .

v

{

grid allowed the regression to adjust the estimated parameter val- |

ues so that the simulated hydraulic conductivities were more rep-
resentative of the hydraulic conductivities at the larger scale. This

i§ 1n contrast to the pilot-points method (Marsily ct al. 1984; Certes .

and Marsily 1991 RamaRao et al. 1995), in which the hydraulic
conductivity at the slug-test measurement points would have been
set (or nearly set) to the slug -test value and parameters located at
additional points would be estin.cted. it is alsoiin contraspto other
1993; Yeh et al. 1995), in which
the point values are used with littie or no change and the majority
of the effort is spent modeling the varizgram. . Estimated values dif-
fered from prior estimates by as much as 57%, and 26% for the best-
fitting model and it is thought that much of the difference is related
to scale. Certes and Marsily (1991) suggest that the scale effect can
be ncglccled but that didn’t appear to be the case in the present

!

i

study, _

Accurate predictions were obtained despite the lack of pump-
ing in calibration conditions, and its presence in prediction condi-
tions. Although changes in the flow field can change effective val-

" ues of hydraulic conductivity, this problem did not appear to be

significant in the present test case.
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Figure 10. Graphs showing predictions for pumping scenarios A and B calculated using the calibrated and true models and the relevant man-

agement criteria.

Effects of Model Errors

In this test case, residuals result from model error because no
random measurement errors were introduced into the simulated data.
This provides a unique opportunity to investigate model error.

The Ry? values of Table 3 indicate that all sets of weighted
residuals are, or are nearly, independent and normaily distributed,
and spatial plots of weighted residuals (not shown) generally
revealed no spatial trends. Two aspects of this are important. The
most basic is that the weighted residuals appear to be random.
Randomness of residuals in regression analysis usually is thought
to result from measuremcnt errors {Draper and Smith 1981, p. 22-
24).7 posst Apossible ¢ e:gplanauon for the apparent randomness of the resid-
uals in this synthetic test case is that each residual is the result of
model ertors from _se\}eral sources, such as errors in parameteriza-

ton, boundaxy conditigns, and ather aspccta."of model construction,
Weighted residuals that arc in effect random su ggest that weighted
true errors are also effectively random. This is significant because,
if true, it suggests that certain types of model error might be accorn-
modated by standard regression assumptions that require that the
true errors be random (Seber and Wild 1989, p. 573; White 1981)..
In addition, the assumption of random true errors is required to
assure asymptotic consistency and normality of estimated parameter
values (Seber and Wild 1989, p. 563-572). This work indicates that
the presence of model error may not violate these requirements
“~less the estimated parameter values, weighted residuals, or other
asures indicate model bias.

In addition to being random, the weighted residuals were nor-
mally distributed. As with randomness, the normality of the weighted
residuals is often thought to be a result of measurement error,

which was not present in this synthetic problem. The normality of
the weighted residuals suggests that despite the pervasive presence
of hladel ermor i in  numerical ground water flow models, the assump-
tion of norma]lty often may be valid. This would result if a process
similar to that described by the classical central limit theorem
(Draper and Smith 1981, p. 24) were operating, and means that the
formulation of Tarantola (1987, p. 58) would be valid. By the cen-
tral limit theorem, contributions of error from multiple independent
sources result in random, normally distributed values, regardless of
the probability distribution of each of the individual errors. As
- stated above, indication of model bias bias, such as nonrandom welghted
remduals or unreali _ﬂc_gpur"l‘ parameter r values, could indicate that
a llmlted number of errors are dommalmg so that the central llmlt
J theorem w would not apply.

{ ————

Conclusions
In this test case, properly used nonlinear regression either

" produced effective, though nonunique, calibrated models capable

of accurately predicting two quantities impottant to resource man-
agement, or provided clear evidence of model or data inadequacy.
The conclusions listed here relate both to effective use of the non-
linear regression methods (conclusions 1-4) and (o challenging

some common practices and commonly held beliefs in model cal-

ibration (cor (conclusmns 5—7)

1. The method of determining the weights for the weighted least-
squares objective function tested in this study was used to
correctly detect much smaller measurement error than would
normally occur.

8
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2.5 The.most conclusive indicator of mode! bins was unrealistic

»7 ¥ optimal parameter cslimales;lﬁﬁ't’fiisﬁ had canfidence.intervals

ruvathatexctuded reasonable Values:iNorrandony wéighted resid-

»Hunbywere a lessconclusmvéiindicator ofmadel bias.in:the pre- -
e ‘m_nt,.sludy, butthis:may not alwaysbe Ihemsc, c.spcmmy thn
" <. semiodels are more bixsed than those considercd here.

<37 ln‘ciudlng prior information in the regresslon d1m1mshe.d modc]
accuracy when used to forcc optimal parameter values to be rea-

- sonable, but improved model accuracy when used to represent

- the hydrauhc -conductivity distribution with more complexity

than was supportable with the head and flow observations -

alone. Excluding all prior information initially allowed for
clear evaluation of the contributions of different types of data,
4, The importance of flow data was clearly demonstrated in this

study. This is important because few field studies have mea: -

surements representing all of the flow leaving the system, so
that problems of completely cormrelated parameters and the

problcms can be ciearly characterized and understood by first
rcpresentmg ground water systems very simply, a.nd buljdi_r:_g
complexlty as warranted by the data and modeling objectives.
5. The results of this study indicate lhat _ly_gl_p_l'esent technol-
gy, hydrauhc—conducuwty vajues measured in the field often
are not as directly applicable to a numerical model of the sys-
terq_as would be consistent with how these data are sometimes
used in model calibration. Two aspects of the controlled exper-
iment presented in this paper support this conclusion.
{a) In four of the models, the hydraulic-conductivity distrib-
ution was adequately represented (as evidenced by accu-
rate 51mu1atcd predictions) by an interpolation scheme in

which values that were held constant were limited to the ~

model boundanes, whllc nearly all values within the mod-
values were used as prior mformaﬂon in the 1 réé-r-essmn cor-
responding estimated aquifer hydrauhc -conductivities dif-
- fered from the slug-test values by as much as 57%, sug-"

gesting that direct imposition of the slug-test values, as is .

done in some geostatlsucal melhods. would probably pro-
duce -a_le,-ss accurate model. This situation largely reflects .
: problems of scale. Here, the numerical grid spacing was five
( times larger than in the true system; in field applications the
scare provlem is likely to be more severe.

(b) Streambed hydmuhc-conduclance estimates were affected
by underlying subsurface heterogeneities that were not
well rep:esented by the simulated aquifer hydraulic-con-
ductivity distribution; if field work had determined that the
streambed conductance was constant along the river {(which
it was) and this had been imposed, the calibrated models
probably would have produced less accurate predictions.
This situation does not represent a scale problem as much
as error inEiJrcscming one part of the system affecting the
parameters representing another part of the system.

6. For three of the calibrated models, the fit to the regression data
was nearly equally good and there was no evidence of model
bias. This lack of uniqueness is probably unavoidable in com-
plex ground water problems, but the results of this work indi-
cate that such nonuniqueness is not necessarily a debilitating

P'E'?!cm' In the synthetic test case, all three models produced

ffﬁffccis of a single correlation-reducing observation, as docu- Vg
/ mented for the CALO-G1 model, are probably common. _T_bg&c_ y

. Anaiytical. solutiag
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Figure Al. Simple system of ground water flow toward a fully pene-
trating stream with a streambed of different hydraulic properties. C
is the conductance of the streambed for the analytical problem, h(0)
is the hydraulic head on the aquifer side of the streambed for the ana-
Iytical probiem.
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simnilar accurate predictions, probably because Lhc data used in
mode] constiuction and in the regression sufficiently con-
strained the solutions.

Weighted residuals (observed minus simulated hydraulic heads,
flows, and prior information) resulting from the regression were,
in general, random and normally distributed, which is sur-
prising because no errors had been added to the symheucally
generated observations. Thus, all error was model error, it is
generally thought that if model error dominates measurement
error, the regression results are invalid, but the results of this |
work imply that the dominance of model error does not nec-
essarlly produce an inaccurate model if there is no obvious indi-
cation of model bias,

Taken with conclusion 2, conclusion 5 produces a dilemma,
because unrealistic optimal parameter values (as determined by
comparing optimal and measured values) are said to indicate a
less accurate model, but parameter values cannot be expected to
cqual measured values becau‘;e  parameter values are accommodaung
mode! error. A useful resoution is derived by noting that if model
error is so large that best fit parameter values are far from measured
values, the resulting model is likely to produce less accurate pre-
dictions than a model for which the best parameter values are
close to measured values. Thus, models with more realistic best-fit
parameter values are more likely to be accurate.

‘Conclusions 4 and 6 suggest that improved accuracy of ground
water models is likely to be attained by using available data more
cffccli‘vc]y and by designing methods to collect new kinds of data,
perhaps using regression methods as a guide.

Appendix A

Effects of Grid Size on Simulated Streambed Conductance

This appendix evaluates the effects of grid size on the simulated
streambed conductance using a simple one-dimensional analytical
equation. The results are expected to approximate the effects related
to the three-dimensional system considered in this study.

Flow o 2 stream with a streambed having conductance C,
through a homogeneous ground water system of hydraulic con-
ductivity K, given a constant recharge rate of W, can be idealized
as shown in Figure Al, where h(0) is the hydraulic head on the



eround waler system-side of the streambed. Using the variabics.
= shown.in Figure A l;.recharge rate W, and constant. layer. thlckncss

~ib.-the analytical.solution. forhydmuhchead s
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. enforced between finite-difference cell centers, over distance Ax in
-Figure Al. Note that the system can be approximated this way,
regardless of whether the stream abuts the grid on the side, as in
Figure Al, or on the top, as in most models. Farther from the
stream, it is assumed that the finite-difference grid closely simulates
the anaiytical head solution. Thus, the following equations apply:

2

h(x) = IZY)(LX - —) + h(0)

2 X=Ax

(Al)

“W(L — Ax/2)

Kb O<x<AX

hy(x} = x + h(0) (A2)

Subscript Ax indicates that the quantity is related to the linear gra-
dient imposed near the stream. The flow through the finite-differ-
ence cell next to the stream is evaluated midway between cell
centers, so equals W(L — Ax/2). The condition of head continuity
at x = Ax was used to determine the constant of integration as h(()
in Equation A2,

Flow through the streambed at X = 0 can be described using
Darcy's law as:

for the analytical system,

WL = C(h(0)—H),orh(0)=H +y£

C (A3)

for the discretized system,

W
WL = Cyy (1, (0 ~H), by (0) = H + 2 (ad)

ax 4

where, Cand C,_ are the streambed conductances of the analytical
and discretized solutions, respectively, and h(0) and h, (0) are the
hydrautic heads on the aquifer side of the streambed applicable to
the analytical and discretized solutions, respectively. Flow out of the
model is considered to be positive to coordinate with Equation (Al).
Sup~titning Equations A3 and A4 into Equation A2 evaluated at x
=0 shows that C, = C. Solve Equation A2 for x = 0 to yield h, (0)
= h((). Thus, grid size does not affect the variables related to sim-
ulation of the river.

This analysis does not completely represent the dynamics of
flow to a stream in a three-dimensional, heterogenous system. The
results, however, indicate that grid effects are not likely to be
important in the.calibration of streambed conductance in the pres-
ent work.
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ABSTRACT. A two-layer finite-difference groundwater
flow model of the Villa de Reyes aquifer, in central
México, was constructed by using the computer code
MODFLOW. The aquifer system is composed by an upper
layer of alluvial sediments and a lower layer of
fractured volcanic rock. The digital model is
intended to simulate hydraulic response toward
diverse hydrologic stresses. Of special interest is
the effect of a remarkable upward recharge emerging
in a localized zone of the aquifer from a deep
regional fault system. The model was calibrated by
trial and error over the two-year period of
1986-1987, and tested over the year 1988. A
sensitivity analysis was performed, revealing in
particular a very high response of lower-layer
computed heads to variations in deep recharge.

INTRODUCTION

Prior to 1986, the Villa de Reyes aquifer, in central
México, supplied water for only agricultural and domestic
uses through wells tapping the alluvial fill of the
basin. This groundwater development exceeded the rate of
agquifer recharge and caused an average water-level decline
of about 1.5 m/year. In 1986, deep wells owned by the
national power generation company {CFE) tapping the
underlying fractured volcanic rock began to operate,
adding an extra stress on the system that caused a
piezometric~level decline of 3.0 m/year in the lower
volcanics and increased to 2.0 m/year the water-level
decline in the upper alluvium.

This aquifer condition prompted the construction of a
groundwvater flow model that could assist in planning
future exploitation. This model represents the first stage
in the development of an aquifer management model intended
to be used more directly to design optimal pumping
schemes.



HYDROGEQOLOGY OF THE VILLA DE REYES BASIN -

The Villa de Reyes basin, in the semiarid zone of central
México, extends between the lines of latitude 21°40’ and
21°60’ N and the lines of longitude 100°60’ and 101°00’ W,
and the modeling area occupies about 115 km® in the
valley. The mean annual precipitation is 430 -mm, with a
potential evaporation slightly over 2 000 mm.

The valley is of tectonic origen and limited by the
Sierra San Miguelito to the northwest and the Sierra Santa
Maria to the southeast. The structural depression has been
filled by volcanic material of over 700 m in thickness,
composed mainly of welded tuff and rhyolite which have
developed secondary permeability by fracturing. Alluvial
£fill of an average thickness of 150 m overlies the frac-
tured volcanics. This alluvial material is composed of
pyroclastics intermixed with gravel, sand and silt and its
permeability is moderate. '

The regional groundwater flow occurs in the prefer-
ential direction SW-NE parallel to the mountain ranges. In
the alluvium, groundwater is in phreatic conditions. Well
cuttings revealed no impervious or semipervious layer
separating the alluvium from the fractured volcanics
throughout the study area. However, the vertical hydraulic
conductivity between the alluvium and the fractured
volcanics is low enough in the central and southwest
portion of the area to maintain a distinct hydraulic
response between the layers. An upconing in the piezo-
metric surface of the lower volcanics, due to deep upward
recharge, is not observed in the upper alluvium. In the
northest portion of the area the discrepancy between the
upper and lower hydraulic heads 1is much less.

Minor local recharge is provided from a small surface
reservoir located just outside the north corner of the
modeliig area. At depth, in the zone of, CEE wells 7, 9 and
21, occurs an 1mportant upward recharge identified by a
remarkable upconing of the piezometric surface and by
structural studies that determined the: ex1stence cof a deep
regional fault system conveying water from outside the
zone.

Areal recharge was regarded to be negligible because
of the relatively low precipitation, the high potential
evapotranspiration, and the depth of the water table (over
40 m). Recharge from irrigation return flow was also
assumed not significant because crop fields occupy a
relatively small portion of the area and farmers are not
believed to apply enough water to offset moisture
deficits.



Pumping in the modeling area was in 1986, 1987 and
1988 performed by 27 irrigation and domestic wells that
tap the alluvium and discharged an average of 20 100
nﬁ/day, and by 17 deep CFE wells tapping the fractured
volcanics that entered gradually into operation starting
in 1986, and jointly discharged 11 500, 29 700, and 29 100
m’/day in 1986, 1987 and 1988, respectively.

MODEL CONSTRUCTION

A two-layer finite-difference groundwater flow model for
the Villa de Reyes aquifer was constructed by using the
computer code MODFLOW developed by McDonald & Harbaugh
(1984). The upper layer of the model stands for the
alluvial £fill and the lower layer for the fractured
volcanic rock.

A variable grid pattern was used for the model. Along
the SW-NE direction, cell width varied from 500 to
1 300 m, whereas along the NW-SE direction it varied from
500 to 1 000 m. Smaller cells were used for the zones
where the most accurate results are required, i.e., where
most pumping occurs (CFE wells) and where the hydraulic
gradient is larger (in the center and southwest portion of
the modeling region).

The following parameters were entered in the model at
each cell in the upper layer: the elevation of the initial
water level (January, 1986), the horizontal hydraulic
conductivity, the specific yield, the altitude of the
bottom for the layer (alluvium-volcanic rock contact). As
for the lower layer, the parameters entered were: the
elevation of the initial piezometric level, the trans-
missivity, the storage coefficient, the altitude of the
top for the layer (alluvium-volcanic rock contact as
before). Furthermore, the vertical conductance betwezn the
layers, and for the appropriate cell: pumpage, deep upward
recharge, and inflow or outflow along the model bound-
aries.

The horizontal hydraulic conductivity in the upper
layer was calculated on the basis of saturated thickness
and transmissivities obtained from seven pumping tests
carried out-in the zone where hydraulic connection between
the layers is almost null. The calculated hydraulic :
conductivities ranged from 0.55 to 3.55 m/day, and their
geometric mean (1.63 m/day) was entered to all the cells
in the layer. The specific yield was initially given a
value of 0.10 for the whole layer by considering the
composition of the alluvial fill. The elevation of the
bottom of the layer was approximated at each cell from
geologic cross sections.



For the lower layer, transmissivity was obtained from
pumping tests at two deep CFE wells that tap only the
. volcanic rock and using other deep wells for observation.
A transmissivity of 800 m’/day was obtained for the zone
of well 7 where hydraulic connection with the alluvium is
negligible. For the test performed at well 2 a correction
was introduced in order to account for the contribution
from the alluvium, resulting in a ‘estimate of'200,m{/day.
Transmissivities were assigned to the rest of the lower-
layer cells on the basis of those two values and attending
primarily to the intensity of the horizontal hydraulic
gradients in the layer. A storage coefficient of 0.0005
was obtained from the pumping test at well 7 and this
value was assigned initially to the whole layer.

The vertical conductance between the layers is a
function of the thickness and the vertical hydraulic
conductivity of the individual layers. Because the lack of
data about most of these quantities, arbitrary initial
estimates were entered in the model guided only by the
difference in hydraulic head between neighboring cells in
the vertical direction, i.e., the lowest values were
selected for the zone to the east of the power plant where
the differences between the water levels in the alluvium
and the piezometric levels in the volcanic rock are the
largest, and the highest values were a551gned over the
northeast portion of the modeling region where heads are
about the same.

Pumpage was entered into the model by obtaining the
average discharge of all wells in a cell for each of the
years considered. Irrigation and domestic wells tap the
alluvium and their discharge was roughly estimated by .
indirect methods, whereas CFE wells have accurate pumping
records. Deep upward recharge was entered at the six
lower-layer cells (4-6, 5-5, 5-6, 5-7, 6-5, 6-6) where it
is known to occur. Lateral inflow was introduced mainly in
the south corner cells_and lateral outflow mainly in the -
east corner cells. Most of the cells along the northwest
(Sierra de.:San Miguelito) and southeast. (Sierra de Santa
Maria) boundaries were assumed to be impermeable with no
recharge. Cells at northern corner receive some lateral
inflow originated at a small surface reservoir.

Model Calibration and Testing .
The Villa de Reyes'aquifer has been long subject to over-
draft and the water-level records do not extend back long
enough to identify a steady-state condition. Prior to 1986
only irrigation and domestic wells tapping the alluvium
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"were pumping. In that year 10 CFE wells tapping the lower
" volcanics entered into operation, and seven more did in
1987.

The model was calibrated by trial-and-error over the
transient period of 1986 and 1987, and the agreement of
observed and computed water-level declines for both model
layers is shown in Figs 1 and 2. The discharges of the CFE
wells were not adjusted because their measuring is known
to be very reliable.

The parameters estimated through the calibration
process are as follows: For the upper layer, the initial
horizontal hydraulic conductivity (1.63 m/day) and the
altitude of the bottom of the layer mantained their
original estimates, whereas the specific yield was
adjusted to 0.08. For the lower layer, the estimated
transmissivity exhibits a minimum of 200 n:/day in the
central part of the area and a maximum of 2 000 nF/day
near the northeast boundary. The storage coefficient
maintained its original value of 0.0005. The vertical
conductance resulted to be negllglble, about 2 x 10
day in and around cells -8, 3-8, 4-8, and 5-8, and
a max1mum of about 2 x 107 day in the east corner of the
area.

The components of the ground-water balance as deter-
mined by the calibration process are as follows: lateral
inflow, lateral outflow, and deep upward recharge were
3 800, 20 400, and 26 700 m’/day in 1986, and 3 80O,

19 200, and 26 700 in 1987, respectively. Pumping rates
were 31 600 and 49 800 m’/day in 1986 and 1987,
respectively.

To test model reliability the one-year period starting
in January 1988 was used, and the results can be apprecia-
ted in Figs 3 and 4. In this verification stage, minor
adiustments on some parameters were made whenever they
aiso produced a better agreement between observed and
computed head declines for the period used in calibration.

Sensitivity Analysis

A sensitivity analysis was performed to gain insight into
the reliability of the parameter estimates. This analysis
was done considering the same year used for verification.
Cne parameter of particular interest is the deep

upward recharge because its magnitude was totally unknown
initially, and after calibration it turn out to be a very
contributing component of the water balance. Deep upward
recharge was varied +/- 20 %¥ about its estimate, observing
that model response to these variations was very high in



. the lower layer (over +/- 5 m in most of it) and virtually
null in the zone of the upper layer above the cells where
recharge occurs. This effect is explained by the negli-
gible hydraulic connection between layers in that zone.

Then, the storage coefficient of the lower layer was
varied one order of magnitude about -its-estimate,
obtaining almost nc change in response at 0.00005 and a
relatively moderate variation at 0.005 (about 1 m for the
layer). Here we notice that the latter value is about the
maximum the elastic storage coefficient can hold. Lateral
groundwater inflow into the lower layer was also tested
for sensitivity, finding that its effect .is not signifi-
cant except for the cells located at or near the .inflow
boundary. Furthermore, we recall at this point that the
discharge of the deep CFE wells is accurately measured and
no test on it is required.

These facts and results reveal that possible compensa-
tory effects from the above parameters on deep upward
recharge are minimal, and considering the very high
sensitivity of computed heads to this recharge, we
conclude that its estimate is reliable.

Finally, the specific yield of the alluvium was varied
about its estimate of 0.08, testing for 0.06 and 0.10, and
observing a rather high sensitivity to the change in both
directions, which reveals that the existing large
water-level declines properly activate this parameter.

REFERENCE
McDonald, M.G. & Barbaugh, A.W. (1984) A modular three-

dimensional finite-difference ground-water flow model.
U.S. Geological survey, Reston, Virginia, 528 pp.
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‘Model Calibration with Multiple Targeis: =~
A Case Study

by Kangjoo Kim®, Mary P. Anderson®, and Carl J. Bowser?

Abstract

Multiple calibration targets were used to calibrate a two-dimensional finite-difference model of a ground water lake system.
The calibration targets included (1) steady-state head data, (2) transient head data, (3) head gradients, and (4) flow path informa-
tion. Because calibration was sensitive to the ratio of horizontal to vertical hydraulic conductivity, four models, each with differ-
ent assumptions about anisotropy, were developed. All four models produced acceptable calibration to either heads or flowpath,
but only one model was well calibrated to all targets. In that model, stratification of the upper aquifer was represented by intro-

ducing several dipping layers of low permeability. This allowed the use of a small ratio of horizoatal to vertical anisotropy for indi- .,

vidual layers but produced a large effective anisotropy for the upper aquifer as a whole.

Introduction

Achieving a unique calibration is an important goal in most
modeling studies, but methods of identifying the best calibration are
still under development (e.g., Poeter and Hill 1997). Itis generally
recognized, however, that both heads and fluxes should be used as
calibration targets (e.g., Anderson and Woessner 1992). Additionally,
some investigators have used vertical head gradients (Thomas et al.
1989), velocities (Duffield et al. 1990), and information on solute
distribution (Krabbenhoft et al. 1990; Medina et al. 1990; Kauffmann
et al, 1990) to help narrow the search for a unique set of calibration
parameters. In this study, four different types of calibration targets
were used to calibrate a flow model: steady-state heads, transient
heads, head gradients, and flowpath information. The calibration was
sensitive 1o the ratio of horizontal to vertical hydraulic conductiv-
ity of the upper aquifer. Calibration with multiple targets led us to
identify a way of representing this anisotropy that allowed the
model to match all four of the calibration targets. In the final cali-
brated model, stratification in the upper aquifer was simulated by
inserting layers of low conductivity to represent the dipping bed-
ding planes. This set of layers is at an angle to the horizontal axis
of the grid so that the direction of anisotwopy is preserved in the
model.

The study area is the isthmus between Crystal Lake and Big
Muskellunge Lake, which are two of seven lakes in NSF's (National
Science Foundation) Long Terin Ecological Research (LTER)
Program in northern Wisconsin {Figure 1). This LTER site has
been the subject of numerous ecological and hydrologic studies since
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the 1920s (e.g., Juday et al. 1935; Frey 1963). Precipitation aver-
ages 80 cm per year and annual average ground water recharge is
26 cm. Crystal Lake is a small, topographicaily isolaied lake with
a surface area of 3.6 X 10° m? and no surface inlets or outlets. About
90% of the inflow is from precipitation {Kenoyer and Anderson
1989; Hurley et al. 1985). Its average and maximum depths are
10 and 20 m, respectively. Big Muskellunge Lake is situated about
120 m north and downgradient of Crystal Lake. it has no surface
inlets, but occasionally loses water through a small outlet at the
northeastern end. The water levels of these lakes fluctuate in a sim-
ilar mode maintaining a head difference of about 1.2 m (Anderson
and Cheng 1993). Four well nests v/ith a total of 28 piezometers
were installed in a vertical plane oricnted in the direction of ground
water flow (Kenoyer 1986); an additional multilevel well was
installed in 1993 (Figure 2a).

Precambrian bedrock is covered by 40 to 60 m of Pleistocene
glacial outwash (Okwueze 1983), which makes up the surficial
aquifer. There-are two silt layers with thicknesses up to 1 m
(Kenoyer and Bowser 1992a). The upper silt layer dips about
7 degrees toward Crystal Lake. Persistent steep vertical head gra-
dients across this layer suggest that it is continuous and acts as a
confining unit, The lower silt layer is likely to be discontinuous
since only one silt layer was encountcr=d when constructing the
multilevel well and no notable head changes are observed across
the layer (Figure 2b). Hydraulic conductivity from siug tests
ranges from 0.17 to 17.3 m/day for sandy sediments and from
8.6 X 10-%to 3.5 X 10-* m/day for silt layers (Kenoyer 1986).

Ground water in the isthmus is recharged in part by seepage
from Crystal Lake and in part by precipitation on the upland
between the two lakes. Ground water flows through the isthmus from
Crystal Lake toward Big Muskellunge Lake. A ground water
mound forms between the lakes during spring snowmelt in response
to ground water recharge (Anderson and Cheng 1993). The mound
gradually dissipates during the summer when ground water recharge
is low. These transient effects cause enhanced dispersion in this sys-
tem (Kim et al, 1999).
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Figure 1. Location of the study area in northern Wisconsin, The
study area is the isthmus between Crystal Lake and Big Muskellunge
Lake shown in the rectangular block.
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Figure 2. (a) Location of wells and silt layers in the isthmus.
Piezometers labeled ‘K’ were installed during 1981-1982, Those
labeled ‘M’ were installed in 1993 for this study. {b) Equipotential lines
based on head measurements taken on August 25, 1993, by Schindler
(1994). The upper portion of the flowpath determined by Kim (1996)
based on oxygen isotope measurcments is also shown, The labeled
piezometers were used in travel time calculations reported in Table 4.

Kenoyer and Bowser (1992a} delineated a flowpath in the
upper aquifer using a flow net analysis and postulated geochemi-
cal reactions along this path (Kenoyer and Bowser 1992b).
Krabbenhoft et al. (1992) and Bullen et al. (1996) identified a
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Figure 3. Model grid. The numbers in brackets designate conductiv-
ity zones. Inner tic marks represent grid spacings and the open circles
represent well points.

flowpath through the upper aquifer using oxygen isotope mea-
suremnents. Kim (1996) used an independent set of oxygen isotope
measurements collected at a later period, including data from the
multilevel well installed subsequent to the work by Bullen et al.
(1996), to delineate a flowpath through the upper aquifer. The
upper portion of Kim’s flowpath, which coincides with the path iden-
tified by Krabbenhoft et al. (1992) and Bullen et al. (1996), is
shown in Figure 2b. Subsequent anatyses have raised some uncer-
tainty about the lower portion of the path, which is the subject of
engoing work.

Model Design

The problem domain is a profile 450 m long and 45 m deep
that encompasses the area from near the center of Crystal Lake to
100 m offshore of Big Muskellunge Lake (Figure 3). 'The three-
dimensional finite-difference code MODFLOW (McDonald and
Harbaugh 1988) with the BCF2 block centered flow package
(McDonald et al. 1991) was used to simulate the system. In pro-
file view, the model has 58 columns and 40 rows (layers). The nodal
spacing varies from 5 to 15 m in the horizontal direction and
0.2 to 3 m in the vertical direction. Smaller horizontal nodal spac-
ing was used in the area of interest, namely benuath the isthmus,
The upper 10 layers are 0.2 10 0.5 m thick in order to simulate the
gently sloping lake bottoms.

Both lakes were simulated as specified head toundaries using
the general head boundary (GHB) package so that temporal changes
in lake levels could be input casily. The lake botiom sediments were
simulated by setting conductances of the GHB cells, where con-
ductance is equal to the hydraulic conductivity of the sediment tirnes
the area of the celi in contact with the lake divided by the thickness
of the sediment.

Side boundaries were also simulated using the GHB package
to allow easy input of the temporal fluctuation of these boundary
heads. In order to reproduce the observed flow pattern beneath
Crystal Lake, head values 5 cm less than lake level were assig-h
to all the general head boundary cells below the Jake and a low - %;
ductivity zone (zone 3 in Figure 3) was introduced in the upper l:?.i.-
of the aquifer near the right-hand-side boundary. Along the lefi
boundary of the model, heads were assumed to be the same as in



[ Table 1
Hydraulic Conductivity (K) Values Measured by Kenoyer (1986)
. from Stug Tests
-+ - “(Locations of piczometers aré shown in Figure 2a.)

Upper Lower Silt :
Sand K (m/day) Sand K (m/day) Layers K (nvday)
K1 12.1 K2* 017 Kga® 8 6E-05
K56 8.6 K5 3.5 K76 5.2E-(4
K87 13.0 K71 3.0 K70* 3.5E-03
K88 17.3 K77 0.26

K89 13.0 K80 i.3

Ké7 6.9 K81 26

K68 43 Ks2' 0.09

K69 7.8

K73 9.5

K74 18

K75 7.8

Mean 928 Mean 21 Mean J.0E-04

"Wells with screens located in both sand and silt were excluded from the mean.
PWeil K83 is not shown in Figure 2a because it was lost sometime after its construction.
It was originally located between K5 and K82,

Big Muskellunge Lake. A rio-flow boundary was used along the bot-
tom of the system to represent relatively crystalline bedrock. The
upper boundary was simulated as a specified flux boundary using
the recharge package.

Parameters and Lake Levels

Six hydraulic conductivity zones were defined as shown in
Figure 3. Zones | through 3 represent sand layers while zones 4 and
5 represent silt layers. Zone 6 represents the bedding plane layers
in the upper sand aquifer that were introduced in one set of simu-
lations. The hydraulic conductivity values in these zones were
estimated from slug test results (Table 1). Kenoyer (1988) estimated
the anisotropy ratio (K /K,) to be 3.5 to 7.8 from small scale tracer
tests that covered only about one meter. Since anisolropy ratio is
known to be scale-dependent, a range of anisotropy values was tested
in our model.

Lakebed sediments for Crystal Lake were zero to 0.3 m thick
depending on lake depth and those for Big Muskellunge Lake
were uniformly 0.2 m thick. These values are consistent with field
observations. Hydraulic conductivity of lakebed sediments for
both lakes was assumed to be (.04 m/day, or the same as the silt in
zone 4 Fro .

Effective porosity of the sandy sediment, estimated from the
average of laboratory measurements of three samples, was .35 (Kim
1996). The effective porosity of the silt layers was assumed to be
v.3. Both steady-state and transient models were developed. The
transient model required values of storativity and average monthly
recharge rates. Values for storage coefficient and specific yield
were tested during calibration and final values of 10~ for storage
coefficient and 0.27 for specific yield were selected for all units,

Recharge rates were calculated using Thornthwaite's method
{Thernthwaite and Mather 1955; de Marsily 1986) and also con-
sidering the melting rate of snow as suggested by Barten (1988). The
¢alculated annual recharge rate ranges from 17.1 to 41.7 cm and
averages 26.2 cm/yr. Monthly recharge ranges from zero to 21.2 cin
in the period of record (1984 to 1993). Average moathly rates for
1993 are shown in Figure 4.

Lake levels, which were used to specify boundary conditions,
were taken from the LTER database (LTER 1995). During the

Aug. 25, 1993
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Figure 4. Calculated monthly recharge for 1993. Heads used in the
quasi steady-state calibration were measured on August 25, 1993
(Schindler 1994), after a relatively long period of negligible recharge.

period 1984 to 1993, lake levels ranged from 42.4 10 43.4 m for
Crystal Lake and 41.2 to 42.5 m for Big Muskellunge Lake, rela-
tive to an arbitrary datum. Data were averaged for each month and
missing data points were estimated either from the closest available
point or from Buffalo Lake, located 14 km 1o the south.

Calibration Strategy

Two steady-state simulations and onc transient simulation
were performed for each trial set of calibration parameters. In the
first steady-state simulation, heads were calibrated o measure-
ments made in late summer (August 25, 1993) when recharge is neg-
ligible due to evapotranspiration (Figure 4) and the system is in quasi
steady state. In these simulations, recharge was equal to zero and
lake levels were set at 42.93 m for Crystal Lake and 41.70 m for Big
Muskellunge Lake, which were the recorded levels on that date. We
performed transient simulations for the period 1984 to 1993 and
input average monthly recharge rates. The calibration was checked
against observed heads on August 25, 1993, and compared to
heads measured in five wells during the period 1984 to 1993
(Figure 5). In the quasi steady-state and transient simulations,
observed head differences between selected adjacent well points
were also used as calibration targets. The use of spatial differ-
ences in heads allows for calibration to gradients as well as point
head data. A total of eight well pairs (K1-K73, K1-K89, K89-K2,
K70-K71, K71-K5, K75-K76, K75-K80, and K5-K80) was selected ™
(Figure 2a}. ’

Calibration to the observed flowpath shown in Figure 2b was
performed in a second steady-state simulation using an average
yearly recharge rate (26.2 cm/yr) and average lake levels (42.9 m
for Crysta} Lake and 41.8 m for Big Musekllunge Lake). While the
observed flowpath is the result of long-term transients in the flow
systemn, Reilly and Pollock (1996), among others, demonstrated that
fluctuations in recharge do not appreciatively affect the overall
flowpaths calculated by models that assume average steady-state

' conditions. Therefore, we used a model with average steady-state

recharge and lake levels 1o produce a steady-state velocity distrib-
ution, which was input to the particle tracking code, PATH3D
{Zheng 1989). Backward particle tracking was used to delineate a
ground water flowpath from well KS {(Figure 2b} and to estimate
travel times from Crystal Lake.

During calibration we discovered that the model was sensitive
to the ratio of horizontal to vertical hydraulic conductivity. Tt is well



Table 2 )
Parameter Values Used in Models | through 4 and Field Estimates by Kenoyer (1986)
- Kenoyer —_ R
“(1986) ‘Modet 1 -~ Model2 - © cModel 3 ~Muodel 4
Hydraulic Upper sand (1) 9.8 20 2.0 20 - - 80
Conductivity Lower sand (2) 2.1 2.0 20 20 20
Lower sand (3) — 0.7 0.7 0.7 0.7
Silt (4) — 0.04 0.04 0.04 0.04
Silt (5) 0.003 0.004 0.004 0.004 0.004
Bedding planc layers (6) — — — — 0.3
Porosity Sand 0.3 0.35 0.35 0.35 0.35 .
Silt —_ 0.3 03 0.3 03
Anisotropy ratio (K /K,) 3.5-7.8 5 ) 10 20 5
Numbers in parentheses ( ) indicate conductivity zones shown in Figure 3.

known that a heterogeneous system consisting of a sequence of hor-
izontal isotropic layers can be represented for hydraulic purposcs
by an equivalent system that is homogeneous but anisotropic (e.g.,
Freeze and Cherry 1979). When geologic units dip from the hori-
zontal, the coordinate axes should be aligned colinear with the
principal directions of the hydraulic conductivity tensor. In most
applications, however, the dip of the units is small and the units are
represented as horizontal for purposes of modeling (e.g., Phillips
1987). When this is done, the orientation of anisotropy within the
dipping units is not preserved. We developed four sets of model
parameters to test the effect of anisotropy.

Parameters used for cach of the four models are summarized
in Table 2. All of the parameter values except for anisotropy ratio
are the same for models 1, 2, and 3. The anisotropy ratio ranges from
five in models 1 and 4 to 20 in model 3. In model 4, additional lay-
ers were inserted paraliei to the upper silt layer to represent bedding
plane layers in the upper sand aquifer {(zone 6 in Figure 3) and
thereby capture the appropriate angle of anisotropy. The upper silt
layer dips slightly toward Crystal Lake, suggesting that stratifica-
tion of the upper sandy sediments is parallel to this layer. Thus, we
assumed that the bedding planes that cause anisotropy in the sandy
aquifer are tilted approximately 7 degrees to the horizontal axis of
the grid. Models 1, 2, and 3 do not incorporate the effects of the
angle of stratification of the sand unit because the components of .
the conductivity tensor are assu:.aed to be colinear with the princi-
pal coordinate axes, which are horizontal and vertical. The bedding
plane layers of zone 6 in model 4, however, effectively simulate the
correct orientation of anisotropy of the upper sand unit as a whole.
In the low-permeability bedding plane layers, hydraulic conductivity
is equal to 0.3 m/day, while in the rest of the unit hydraulic con-
ductivity equals 8 m/day, which is closer to the average of field
vatues (9.8 m/day; Table 1) than the value of 2 m/day used in
models 1, 2, and 3 (Table 2). All the hydraulic conductivity zones
in model 4 have an anisotropy ratio of five, which is in the range
of values estimated from small scale tracer tests (Table 2). The
anisotropy ratio of the upper sand unit taken as a whole, however,
is greater than five.

Results
The root mean squared (RMS) error in heads and the ratio of
observed to simulated head differences between well pairs were cal-

3

«culated. Model 1, with an anisotropy ratio of five, does not calibrate

well to heads, with RMS errors of 9.6 cm for the quasi stcady-state
calibration and 7.8 ¢m for the transient calibration (Table 3).
Because of the poor calibration to heads, model 1 is rejected even
though the calibration to the observed flowpath is relatively good
{Figure 6b).

Among models 1, 2, and 3, model 3, which has a relatively high
anisotropy ratio of 20, is best calibrated to heads (Table 3). The RMS
error is only 3.7 cm for the quasi steady-state simulation and all of
the head difference ratios are relatively ciose to one except between
K1 and K89 (Figure 6a). The simulated flowpath, however, is dif-
ferent from the observed flowpath (Figure 6b). Model 2 similar’
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Figure 5, Comparisons of simulated to observed heads in five wells.
Observed heads are from the LTER database (LTER 1995). Simulated
heads are from model 4.
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August 25, 1993, were assumed. (b) Simulated fowpaths for average
teady-state models 1, 2, and 3, Average recharge rate (26.2 em/yr) and
.verage lake levels (42.9 m for Crystal Lake and 41.8 m for Big
Muskellunge Lake) were assumed.

Table 3
Root Mean Square (RMS) Errors in Heads
RMS Error

Simulation (cm)
Model 1 Transient* 73
Quasi steady state 9.6
Model 2 Transient* il
: Quasi sieady state - 42
Model 3 Quasi steady state 3.7
Model 4 Transient® 35
Quast steady state 32

*Results for August 25, 1993; a transient calibration was not performed 'using moxdel 3,

produced a flowpath that deviates from the observed. Hence, both
models 2 and 3 are rejected.

Comparison of the flowpaths in Figure 6b shows that as
the anisotropy ratio is decreased (from 20 in model 3 to five in
model 1), the simulated flowpath approaches the cbserved. When
the anisotropy ratio is five (model 1) the flowpath is nearly the same
as the observed. In model 4, where the anisotropy ratio is also equal
to five, the overall calibration is much improved relative to mod-
els 1, 2, and 3. The RMS errors are 3.2 cm for the quasi steady-state
simulation and 3.5 cm for the transient caiibration (Table 3).
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Figure 7. (a) Ratios of observed to simulated head differences (AH)
between selected well pairs for quasi steady-state and transient runs
of model 4, Zero recharge and the lake levels on August 25, 1993, were
assumed for the steady-state simulation. The transient results are for
August 25, 1993, in a simulation that used average monthly recharge
rates and lake levels for the period 1984-1993. (b) Simulated flowpath
for average steady-state model 4. Average recharge rate (26.2 cm/yr)
and average lake levels (42.9 m for Crystal Lake and 41.8 m for Big
Muskellunge Lake) were assumed.

Table 4

Travel Times in Years from Crystal Lake to Selected Piezometers
(Wells shown in the table are located close to the simulated flowpath
calculated by model 4 [Figure 7b]. Estimates by Bullen et al. (1996)

were based on tritium analyses.)

K87 K70 K71 K77 K5

Model 1 3.2 1.2-- 4 125 - 171 - 241
Model 2 — — — — 40.7
Model 3 — - - — . 978
Model 4 29 102 12.2 16,6 23.6
Bullen et al. (1996) 13 7.0 — 15 30b

*Measurcment for K76; se¢ Figure 2a for location,
"choned measurement is the average for K82 and K5; sce Figure 2a for location of
K82 ' '

Moreover, the ratios of head differences between points are close
to one (Figure 7a) and the simulated flowpath is close to the
observed (Figure 7b). Comparison between simulated and measured
heads during the period 1984 to 1993 is also good (Figure 5), allow-
ing for the fact that observed head peaks due to rain storm events
are not captured by the model because the stress period used in the
simulation was one month. Scatter plots of simulated vs. observed
heads (Figure 8) also indicate a good calibration.
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The transient calibrated model (model 4) was used to simulate
enhanced dispersion of an oxygen isotope plume from Crystal
Lake (Kim et al, 1999). Enhanced dispersion is caused by transicnce
in the flow field as a result of fluctuations in recharge and lake lev-
els. Kim et al. (1999) found that the dipping bedding plane layers
in model 4 were essential to simulate the observed spreading of the
plume, providing additional evidence in support of model 4.

Travel Times :

Travel times (Table 4) were estimated from the average
steady-state models using the PATH3D particle tracking code
{Zheng 1989). Particles were back-tracked from each of the wells
listed in Table 4. These wells are located along the flowpath delin-
eated by model 4 (Figure 7b}. The results from model 4 show that

it takes nearly 24 years for a particie from Crystal Lake to reach,
well K5. Travel imes reported by Bullen et al. (1996) from tritium

analyses (Table 4) indicate that the travel time to K5 as calculated
by model 4 is too low by at least six years. Ongoing work in col-
laboration with the U.S. Geological Survey District Office in
Middleton, Wisconsin, which is aimed at delineating the lower por-
tion of the observed flowpath shown in Figure 2b, may help
resolve this discrepancy and lead to further refinements of the flow
model,

Models 1 and 4, which match the observed flowpath, give sim-
ilar travel times from Crystal Lake to K5 (Table 4) because of
their similar flowpaths and similar overali head gradients and con-
ductivity values along the flowpath. Models 2 and 3 give travel times
that are too long. As expected, travel times are sensitive to path
lengths and path lengths are dependent on the anisotropy ratio
(Figures 6b and 7b). '

Summary and Conclusions

Muttiple calibration targets—namely, steady-state and transient
heads, head gradients, and flowpath information—were used to cal-
ibrate a two-dimensional finite-difference model. Four sets of
parameter values (Table 2) were tested during the calibration.
Overail model calibration was much improved when local
anisotropy caused by stratification of the upper sand unit was
simulated directly with dipping layers of lower permeability
{model 4). Travel times from Crystal Lake to well KS were cal-
culated from results of cach of the four models with the md of a par-
ticle tracking code. Travel times to weil K5 (Table 4) range from
24 years (modeis 1 and 4) to 98 years {(model 3) and are dependent

<7

on the length of the Howpath, which iy sensitive to the anisotiopy
ratio {Figures 6b and 7b).

" OQur results indicate that calibration with muluplc targels.,
cspecuu_\g using flowpath-information, is helpful n ldenui\m“
lhc‘bﬁ;rt:al:bmuon among a set of possible calibrations. With-—
ﬂowpmb information;:models 2-or 3,.which gave.acceptable 1
“errorstintheads (Table 3);-might have-been ‘accepted as vaic..

"Neither of these models, however, was able to-repeoduce the flow- -

path delineated from field data (Figure 6b) or the observed dispersion
of an oxygen isotope plume (Kim et al. 1999). Obtaining a good cal-
ibration to heads required a large anisotropy ratio in the upper
sand aquifer, as in models 2 and 3. In model 4, we simulated
anisotropy in the upper sand aquifer directly by inserting dipping
layers of low permeability. The improved calibration provided by
model 4 indicates that such bedding plane layers effectively sim-

-- ulate the overall anisotropy and also preserve the angle of anisotropy

observed in the field.
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Characterizing Threé-Dimens_ipnal Hydraul'ic

- Conductivity Distributions Using Qualitative and
- Quantitative Geologic Borehole Data: - - -
Application to a Field Site

by Zhihui Zhang® and Mark L. Brusseau®®

- Abstract

_ The focus of this paper is the characterization of three-dimensional hydraulic conductivity distributions using qualitative and
quantitative geologic borehole data. We ilustrate an approach that entails a three-step procedure, where lithologic information reported
in the borehole fogs is first classified into texture classes. Representative hydraulic conductivity values are then calculated for each
texture class using a correlation relating measured lithologic and hydraulic data from core samples. The generalized kernel esti-
mator method, which can take full advantage of the characteristics of borehole log data and is applicable to statistically nonstationary
systems, is used thereafler to generate the three-dimensional distributions of hydraulic conductivity. An application using borehole
data from a trichloroethene (TCE)-contaminated Superfund site in Tucson, Arizona, is presented and used to test the proposed method-
ology. The simulated hydraulic conductivily distributions appear reasonable and the simulated permeability distributions for sev-
eral cross sections agree well with the hydrogeologic cross-sectional maps. The use of mean permeability indicators for differenti-

ating zones of high and low permeability is also investigated.

Qroduction

Hydraulic properties of aquifers vary spatially as a result of the
complex geologic processes through which they are formed and
allered. Spatial variability of the hydraulic properties leads to spa-
tially variable pore water velocities, which can significantly influ-
ence contaminant transport in the subsurface. Numerous investi-
gators have commented on the importance of incorporating
heterogeneity into studies of ground water flow and contaminant
transport (e.g., Matheron and de Marsily 1980; Gelhar and Axness
1983; Guven et al. 1986; Brusseau 1994). Charactenizing the spa-
tial distribution of hydraulic conductivity is critical to the accurate
representation of flow and transport. Unfortunately, complete,
three-dimensional information about hydraulic conductivity is not
readily available at the field scale. Therefore, the spatial distribu-
tioiis are estimated using whatever limited data are available (e.g.,
geologic borehole logs, pumping test data, and geophysical logs).

At most sites, the primary sources of information for subsur-
face hydraulic properties are geologic borehole logs and pumping
tests. Pumping tests produce values that are averaged over a rela-
tively large vertical and areal extent and are, therefore, of limited
use for characterizing the spatial variability of hydraulic conduc-
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*Department of Hydrology and Water Resources, The University
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tivity. As discussed by Ali and Lall (1996), existing pumping test’
methodologies alone are inappropriate for the identification of
subsurface heterogeneities because they focus on the estimation of
large-scale average hydraulic parameters, and the aquifer response

to pumping is damped and smoothed o*er the discontinuities in the

hydraulic conductivity. However, pumping test data are useful for

calibrating three-dimensional hydraulic zonductivity distributions

obtained using other approaches. )

Borehole log data, which are generally available for any site,
can provide local stratigraphic information of a three-dimensional
nature. However, barehole logs are usually qualitative, providing
information on texture rather than hydraulic conductivity. Several
methods based on correlations between hydraulic conductivity
and texture are available to transform the qualitative information
obtained from borehole logs into representative. hydraulic con-
ductivity data, For example, Urmna et al. (1987) presented a new sta-
tistical grain-size method for evaluating the hydraulic conductiv-
ity of granular aquifers. The equation is of the form K = Cd,?
{cm/sec), which is similar to the well-known Kozeny-Carman
equation (Carman 1937). However, in this case, the coefficient C,
which is normally taken as a constant, is found to be a variable that
depends on the nature of the geologic environment. It was estab-
lished that C = 6.0 for unconsolidated and poorly cemented sandy
materials; C = 3.8 for moderately consolidated/cemented rocks; and
C = 2.0 for fairly well compacted and cemented rocks. It was
reported that the estimates obtained from this method compared
favorably with those determined from pumping test methods.
Several other examples are also available (Masch and Denny 1966;
Mishra et al. 1989; Temples and Waddell 1996).
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As noted, borehole logs and pumping tests are the primary
sources of information for subsurface hydraulic properties. The mag-
nitude and distribution of hydraulic conductivity at a given bore-
hole location can be derived by combining the information in
borehole logs with hydraulic conductivity values measured-for
core samples. If the data are sufficient, three-dimensional distrib-
utions of hydraulic conductivity can be generated using an appro-
priate stochastic interpolation method. In this paper, such an
approach will be applied to a Superfund site in Tucson, Arizona, to
characterize hydraulic conductivity distributions using qualitative
and quantitative geologic borehole data.-

Field Site

The aquifer system at the site is comprised of alluvial forma-
tions that are heterogeneous in the vertical and horizontal directions.
The system can be divided into four regional hydrogeologic units
from top to bottom as shown in Figure 1 (Hargis and Montgomery
Inc. 1982): (1) an unsaturated zone extending to the water table,
located at 34 to 40 m below land surface (BLS); (2) an upper

>

4‘-———

aquifer extending 61 to 67 m BLS; (3) an aquitard unit extending
to about 107 m BLS; and (4) a lower aquifer. The upper aquifer, in
which a trichloroethene (TCE) plume resides, consists of gravelly
sand with some clayey sand and sandy clay. Its saturated thickness
ranges from less than 15 m to more than 23 m. The lower aquifer
is composed of lenses of sand and gravel interspersed within clayey
sand and sandy clay. The aquitard unit is comprised of a thick
layer of clayey sediments. In the unsaturated zone, a 6 to 12 m thick
laterally extensive clay or sandy clay unit, located at 23 to 26 m BLS,
overlies the upper aquifer. This unit is largely discontinuous and,
while it confines the upper aquifer at sotmne locations, ground water
occurs primarily under unconfined conditions in the upper aquifer.
Ground water is under confined conditions in the lower a
Potentiometric head in the lower aquifer is 18 to 37 m lowe ‘
the water level in the upper aquifer (Mock et al. 1985).

Figure 2 shows the location of the 250 geological boreholes
within the site boundaries. Most of the boreholes (144) were com-
pleted in the upper aquifer, and are about 61 m deep. Some of the
boreholes (89) were completed in the vadose zone, and are about
30 m deep. The remaining boreholes (17) penetrate into the lower
aquifer and are about 122 m deep. Each borehole log contains the
borehole name, the depth’intervals, material descriptions, and the
corresponding United Soil Classification System (USCS) formation
codes. About 85% of the boreholes are located between the two
dashed lines, an area for which more accurate simulations are
expected. Aiso shown in the figure are three g-ological cross sec-
tions that will be used to help evaluate the simulated distributions.

. Pumping tests were conducted in about 80 wells in the upper
aquifer. The hydraulic conductivity values determined from these
tests range between 1.1 X 10~ and 9.5 X 102 cmy/sec, with a mean
value of 2.8 X 10~ co/sec. Eighty-five percent of these values are
within {3.0% 10-3, 9.0 X 10-?] cn/sec (Figure 3). For the lower
aquifer, the hydrautic conductivity values span a range of 1.1 % 104
to 1.1 X 10-% cm/sec, with a mean value of 2.2 X 10-% cm/sec. Itis
clear from Figure 3 that, at most Jocations, the permeabilities in the
upper aquifer are higher than those in the lower aquifer.

Approach

The approach for characterizing three-dimensional hydi~.,
conductivity distributions using qualitative and quantitative geologic
borehole data at the site consists of several steps. First, the litho-
logical information contained in the borchole logs are classified into



Tabie 1
. ~:USCS Formation Codes. Particle Weight Percentages, -
-7 Representative Hydraulic Conductivities, and Permeabhility
-« Indicators - : o
Uscs Particle  Waght " Percentage (%) [ logyK | Permeahility
Code Clay Silt Sand Gravel | {covsec) | Endicztor
GwW 5 5 20 70 —4.157
GpP 5 5 15 75 —4.106
GM 5 15 15 65 —-4.827
GC 15 5 15 65 —4.819 1
SwW 5 5 75 15 -4.191
Sp 5 5 70 20 —4.267
SM 5 15 65 15 -4.814
SC 15 5 63 15 -4.806
ML i0 70 10 Y] -5.74%
MH 15 70 10 5 -5.843
CL 70 15 10 -8.476 0
CH 75 15 5 5 -8 784
G, gravcl, 5. sand, M, sily; C, clay; W, well graded (1 €., poorly sorted); E, poorly groded;
L, low plasticiy; H, lugh plasticity.
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Figure 4. Calculated {using Equation 1} vs. measured hydraulic con-
ductivity for core samples (correlation coefficient r2 = 0.87).

12 rep'.escntativé texture classes, with each class assigned a USCS
code representing a certain particle-size distribution (Soil
Classification Handbook 1986). Second. a quantitative relationship
between hydraulic conductivity and texture is developed using
data obtained from cores collected from the field site. Third, the gen-
eralized kerncl estimator method is used to generate three-dimen-
sional hydraulic conductivity distributions using the transformed
borehole log data, The estimated hydraulic conductivity value at each

point is formed as a local weighted average of the available trang- .

formed hydraulic conductivity values that lie within an averaging
erval of the point.

As discussed previously, abundant borehole log data are avail-
able for the site. However, the borehole log data provide only a qual-
itative description of the formation materials within certain inter-
vals of a core and its formation code, which is based on the USCS

Table 2 ' -.

-]~ Summary ofLithologic.and Hydraulic Data from Cere AM-73

-Sample  _ Depth BLS - Particle Weight Percentage (%) - K
" 1- Nuntber “{m)- Clay silt Sand.  Gravel (envsec)
R3 369 13 - -3 49 - -2 o l0e-6
53 3.2 12 40 - 48 0 2.0e-5
™ 378 9 22 69 0 3.0e-5
u3 384 9 15 64 12 1.0¢-6
V3 39.0 20 42 a7 ] 2.0e-5
w3 396 3t 53 16 0 9.0e-7
X3 40.5 22 64 14 0 2.0¢-6
Y3 41.1 13 57 30 0 2.0e-5
Z3 418 23 56 21 0 2.0¢-6
A4T 421 16 33 51 Q 2.0e-5
AdU 422 25 37 38 0 8.0c-6
AdM 424 i3 19 . 60 8 1.0¢-5
AdL 425 16 16 63 5 3.0e-6
B4T 427 14 12 67 6 1.0e-5
B4aU 42.8 14 i 69 6 3.0e-5
B4M 430 2 6 29 63 4.0c-5
B4L 43.1 3 5 53 39 9.0c-5
C4 433 2 0 60 32 4.0e-5
D4U 439 3 0 54 43 9.0e-4
D4L 44.1 3 ] 82 15 2.0e-3
E4 442 2 3 41 54 2.0e-4
F4 448 K} 4 29 62 3.0e4
G4U 46.0 5 7 77 L1 1.0e-4
G4aM 46.3 3 0 60 37 3.0e-3
G4L 46.5 4 15 39 42 3.0e-6
H4U 46.6 12 2 41 15 6.0e-7
H4L 46.7 12 7 46 5 3.0e-6
14 469 17 30 52 | 5.0e-7
14 475 14 37 49 0 3.0e-5

system. No direct information on the particle-sizc distributions is
available. This problem is circumvented by grouping the litho-
logic characterizations into 12 representative classes (Table 1).
with each class being assigned a certain weigtt percentage of clay,
silt, sand, and gravel according to the USCS tormation code defi-
nitions (Soil Classification Handbook 1986). Various numbers of
classes were evaluated and 12 classes were found to be optimal.
Using less than 12 texture classes provides insufficient character-
ization, whereas it becomes difficult to distinguish among larger
numbers of classes. Once the formation descriptions have been trans-
formed, an equation relating hydraulic conductivity to texture can
be applied to the 12 classes to calculate their respective logarithmic
hydraulic conductivities.

The hydraulic conductivity-texture correlation’equation was
obtained using particle-size distributions and saturated hydraulic con-
ductivities measured for 30 samples obtained from a core col-
lected within the upper aquifer at the site. A summary of the mea-
sured data is given in Table 2. The following nonlinear regression
equation was obtained for these data:

log,, K = 1.854 —9.640 X 10-2*(CL%) — 5.936 X 10" *(SL%)°*
—3.478 X 10-*(SD%) — 4.196 X 10~ *(GV %)** ("

where log,, K is the common logarithm of hydraulic conductivity
in cm/sec; CL%, SL%, SD%, and GV % arc weight percentages of
clay, silt, sand, and gravel, respectively. The other factors that may
affect the magnitude of hydraulic conductivity, such as porosity and
bulk density, are not explicitly shown in the equation, but are
implicitly incorporated because they are also related to texture.
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ductivity in the domain.

A scatter graph of calculated versus measured hydraulic con-
ductivity values indicates that Equation 1 provides reasonable esti-
mates of hydraulic conductivity. Close inspection of Figure 4,
however, reveals trends in the residuals. For most of the low-per-
meability (log,, K < —35 cn/sec) samples, the calculated values are
greater than the measured. Conversely, for most of the high-per-
meability (log,, K> —5 cm/sec) samples, the calculated values are
smaller than the measured. This may be caused by the nonuniform
distribution of the samples, i.e., the majority of the samples fall into
the high-permeability range. Equation 1 is considered applicable to
the other borehole logs based on the similarity of depositional
environments.

The generalized kernel estimator method is applied to estimate
the distribution of hydraulic conductivity values for Lhe sitc
(4877 X 4572 x 152 m¥), using a 87 mX 8} mx3 m grid. This

Log. (K} - -
: = ~mation point.is. formed as aJocal weighted average of obsenves
- parameter values that lie within an averaging intervad of the point.

Smethod is a madification of the original kemel estimaun method pie-

- sented by Ali and Lall (1996), which was developed tor stochastie

Csubsurfhctdreacterization based on keinel- funetion e sthmatiop
tisingshorehole log anformation. Parameter calculaion at cach e

Using a kernel function, observations closer.to (he point are
weighted higher, whereas those further away are weighted less. The
averaging strategy is designed to accommeodate the special attrib-
utes of the borehole data {i.e., continuity in the vertical direction and
sparsity in the horizontal). This method takes full advantage of the
spatial characteristics of the borehole log data and no assumption
of statistical stationarity is made in its development. .
There are two major differences between the modified method
and the original kernel estimator method (Zhang and Brusseau
1996). First, unlike the original method, which can only take binary
input data, the modified method can accept any parameter value,
Second, the data can be classifted into any number of categories for
the modified method, compared to the binary classification used in
the original method. With these two new features, the generalized
kernel estimator method can be used to generate three-dimen-
sional distributions of hydraulic conductivity using borehole log data.

Results and Discussion

The simulated three-dimensional distribution of hydraulic
conductivity is shown in Figure 5, which is useful for visualizing
the strata in the system and their variations in space. A large degree
of heterogeneity can be observed for this alluvial aquifer system.
There is a distinct layer of high permeability {indicated by light shad-
ing) located between 720 m and 750 m to 760 m above MSL. Tk,
zone cormesponds Lo the upper aquifer. Some discontinuous Iuw-pi ‘Eg
meability lenses (indicated by dark shades) are imbedded within thi§
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Figure 6a. Comparison of the simulated hydraulic'conduclivity distribution and the hydrogeological map along section A-A’ shown in Figure

2. (a) Hydrogeological map.
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Figure 6b. Comparison of the simulated hydraulic conductivity dis-
tribution and the hydrogeological map along section A-A' shown in
Figure 2. (b) Simulated distribution.

layer. A thick layer of low permeability can be observed between
680 m and 720 m to 730 m above MSL. This corresponds to the
aquitard unit separating the upper and the jower aquifers. The
results at the northeast side and southwest corner of the domain
should be viewed with caution because there are insufficient bore-
hole logs in these areas (Figure 2) to obtain reliable information.
To examine if the simulated three-dimensional spatial distri-
bution of hydraulic conductivity is an accurate representation of the
site, distributions along three cross sections A-A’, B-B', and E-E'
(Figures 6b, 7b, 8c, and 8d) are compared to the corresponding
hydrogeological cross-sectional maps developed by Hargis and
Associates Inc. (1985) (Figures 6a, 7a, 8a, and 8b). The locations
of the three cross sections are shown in Figure 2. The three maps
were made based on the hydrogeologists’ interpretation of the
borehole log data and their understanding of the geological and
hydrogeological conditions at the site. Examination of Figures 6 to
8 reveals that the simulated cross-sectional hydraulic conductivity

distributions compare favorubly with the correspondmg Tiydroge-

-ological cross-scctional maps.

- Inspectiial Frgures 6 1o & reveals high-permeatiliv.material

- at i cerain depth for one location and low-permeabiiny wmanteriad
*+the. same depth Jor anoter-location. 1t is difficult o diseriminate geo-

logic fayers in such a camplen heterogengous subsurtace system.
However, layer differentiation is requived during the design ol
remediation system, is necessary for conceptualization of layered
models, and is useful for vertical domain-discretization for math-
ematical modeling. For example, it is not good practice 10 locate an
clement across different fayers because the hydraulic property in the
element is supposed to be constant in a numerical model.

The correspondence among the USCS formation code, parti-
cle weight percentages, representative hydraulic conductivities,
and permeability indicators for the 12 classes of materials are pre-
sented in Table 1. Hydraulic conductivities range from 10-3 to
10~ crm/sec for high-permeability material (i.e., sand and gravel),
are about 10~¢ cm/sec for silt, and about 10-33 cm/sec for clay. A
threshold value of log,, K = -5.0 cm/sec can be used to scparate the
12 classes of materials into two categories: those with log,, K >
—5.0 cmy/sec (high permeability, indicator = 1) and those with
log,, K < -5.0 cm/sec (low permeability, indicator = 0). The per-
meability indicators developed in this manner can be used to quan-
titatively discriminate geologic layers. This binary data classifica-

“tion scheme is consistent with one of the schemes presented by

Johnson and Dreiss (1989), which is based on interpretations of the
USCS system for the binary classification of borehole data into high
and low hydraulic conductivity regions.

The indicator method is applied to the subdomain (bounded by
dashed lines) shown in Figure 2. Simulated hydraulic conductivi-
ties are considered more reliable within the subdomain because of
the greater density of borehole logs. The value of the permeability
indicator (either O or 1) at each grid point in the subdomain is
assigned according to the cstitated hydraulic conductivity value at
the point using the threshold of logi0 K = -5.0 cm/sec. The indi-
cators for all the points at a specific elevation are ther analyzed to
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Figure 7a. Comparison of the simulated hydraulic conductivity distribution and the hydrogeological map along section B-B’ shown in Figure

2. (a) Hydrogeological map.
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Figure 7b. Comparison of the simulated hydraulic conductivity dis-
tribution and the hydrogeological map along section B-B' shown in
Figure 2. (b) Simulated distribution.

determine their mean and standard deviation. The variation of the
mean permeability indicator, and the comresponding deviations,
with elevation are shown in Figurc 9. A large mean indicator indi-
cates that generally high-permeability materials are dominant at this
elevation, and vice versa. A deviation smaller than the mean indi-
cator indicates a less heterogenous zone at the elevation, whereas
a larger deviation indicates a more heterogencous zone,

Figure 9 clealy shows several geologic lavers at the site:
vadose zone, upper aquiler, aguitard unit, and lower aquifer, The
virdosE AR and the agquitand want appein-to e more heterogeneons

Dthan dhe upper and lower aquifers. Interestingly, 1w relatie
. parmeable ltyers separated by oneless permeable Layer are show,
<ewithin the upper aguiler. They correspond 1o the upper and lowey

-eones of the upper aquiler. and the local confinng tayer between
them (Figure 1), The permeability of the upper zone is shown o be
higher than that ol the lower zone. These results are consistent with
the available hydrogeologic cross sections and pumping test dala,
As shown previously, the aquifer system at the site consists of
scveral geologic luyers. However, it is clear through the previous
discussion that each layer is not uniform in composition. For exam-
ple, gravel, sand; and clayey sand are dominant in the upper aquifcr,
in which lenses of clay and sandy clay arc imbedded, High-per-
meability layers may merge, become thinner, or even disappear at
some locations, These layers control the migration of the TCE
plume. Conversely, the low-permeability lenses provide retention
domains for TCE and, therefore, are likely to become long-term
sources of contamination during the operation of the remediation
systems. In Figure 9, a low-permeability layer can be observed
between the vadose zone and the upper aquifer. Such a layer could
shield the aguifer from contaminants introduced on the land surface
or into the vadose zone. However, examination of Figures 6 to 8
reveals the presence of “windows™ of high-permeability within
this layer. These preferential pathways may have been partially
responsible for the development of the ground water plume.
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Figure 8a. Comparison of the simulated hydraulic conductivity distribution and the hydrogeological map along section E-E’ shown in Figure
2. (a)} Hydrogeological map.

T

P



NORTHWEST

SQUTHEAST
E" N ) '_'_j:=-'—; ) g :
M-28
800 7] M-38 M-20 T =800

_ M-23

ELEVATION {m), ABOVE MEAN SEA LEVEL
TIATT YIS NVIW FA09Y (w) NOLLYAITI

()

Figure 8b. Comparison of the simulated hydraulic conductivity distribution and the hydrogeological map along section E-E’ shown ir Figure
2. (b) Hydrogcological map.

slevatlon (m}
elgvation {m}

[} 500 00 1500

distance (m)

c) [ R
Loa () o E ] -7 F ] -5 femisc)

sgure 8c. Comparison of the simulated hydraulic conductivity dis- Figure 8d. Comparison of the simulated hydraulic conductivity dis-
tribution and the hydrogeological map along section E-E’ shown in tribution and the hydrogeological map along section E-E’ shown in
Figure 2. (¢} Simulated distribution. Figure 2. (d) Simulated distributjon,



elevation (m)

702 82 m T &71 840
T — - , d 050
oo A igxian.Lax-,-‘:;.‘-.c.._'_..._i,'P._.'. B e
. 4 .=
04t —_—, Ho4w. 0 .
= - . ndicator 1 3
= o
= dawiation E
3 | g
E o2 4030 w
@ [=]
g 5
° =
ud k-
2 o2 o2 F
3 il
o
2 5
o1 ote &
. 1" s
nk\ @
| . .
00 L 0.00
2600 2500 2400 2300 2200 2100

elevation (it

Figure 9. Mean permeability indicator and standard deviation vs.
elevation. A: vadose zone; B,: upper zone in the upper aquifer; B,; con-
fining layer in the upper aquifer; B,: lower zone in the upper aquifer;
C: aquitard unit; D: lower aquifer; E: unknown (no data available).

Conclusions

Geological borehole log data and pumping test data are the pri-
mary sources of information for subsurface hydraulic properties, For
sites where pumping test data are scarce, the borehole logs are the only
basis for site characterization and for model calibration. Typically, how-
ever, they are not used fully because of their qualitative nature and
their uncertainty in the interpretation of hydraulic properties. For
example, borehole log data may be used for mode] conceptualiza-
tion, but they are not directly incorporated into numerical models.

An approach for generating three-dimensional hydraulic con-
ductivity distributions using qualitative and quantitative borchole
log data was illustrated in this paper. Several steps are involved in
this approach. Lithologic information reported in the borehole logs
is first classified into texture classes. Representative hydraulic
conductivity values are then calculated for each texture class using
a correlation relating measured lithologic and hydraulic data from
core samples. The generalized kemel estimator method is used
thereafter to generate the three-dimensional distributions of hydraulic
conductivity.

Classification systems other than the USCS can be used in the
first step, such as the ASTM {American Society for Testing and
Materials) system, which is quite similar to USCS. Twelve texture
classes appear to be sufficient for differentiating formation mate-
rials for a sedimentary system. Difficulty in assigning particle
weight percentages to each texture class may arise if more classes
are used. In deriving the relationship between hydraulic conductivity
and texture from core sample measurements in the second step, it
is desirable that core samples be taken from various boreholes
and at different depths to decrease the uncertainty of the correlation
equation. It is preferable to use different correlation equations for
different areas in the domain if sufficient data are available for each
area. The generalized kernel estimator method, rather than kriging,
is used to generate hydraulic conductivity distributions because the
kemnel estimator method is specifically designed to accommodate
the special attributes of borehole log data, and because it is applic-
able to statistically nonstationary systems,

Application of the approach o a field site in Tucson appearcd

»* to: produce _satisfactory results. For example. the hydraulic con-

+ductivity dfstributions generated for the three cross sectrons withir
srthesitdy. area.matched the comesponding hydrageological cross s

- - dion:maps. The.concept of the mean penmeability.indicator. was useq

*.to quantitatively differentiate geologic layers in thus complex het-

erogeneous subsurface system. Thesc -approaches should prove
useful for planning remediation activities and for developing math-

ematical models at this and other sites. —_
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‘Modeling Sea-Water Intrusion with |
“Open Boundary Conditions S

- by Francisco Padilla and Javier Cruz-Sanjuliin®

. Abstract

The present study concerns the application of a new numerical approach to describe the fresh-water/sea-water relationships
in coastal aquifers. Essentially, a solution to the partial differential equation governing the regional motion of a phreatic surface
and the resulting interface between fresh water and salt water is analyzed by a Galerkin finite-element formulation. A single-phase
steady numerical model was applied to approximate, with simple triangular elements, the regional behavior of a coastal aquifer
under appropriate sinks, sources, Neumann, outflow face, and open boundary conditions. On the one hand, outflow open
boundaries at the coastline were not treated with other classical boundary conditions (Dirichlet or the outflow face approach), but
instead with a formal numerical approach for open boundaries inspired in this particular case by the Dupuit approximation of
harizontal outflow at the boundary. The solution to this numerical model, together with the Ghyben-Herzberg principle, allows
the correct simulation of fresh-water heads and the position of the salt-water interface for a steeply sloping coast. Although the
solutions were precise and do not present classical numerical oscillations, this approach requires a previous solution with Dirichlet
boundary conditions at the coastline in order to find a good convergence of the solution algorithm. On the other hand, the same
precise results were obtained with a more restrictive open boundary condition, similar in a way to the outlow face approach, which
required less computer time, did not need a prior numerical solution and could be extended to different coastline conditions. Thy,
steady-state problem was solved for different hypothetical coastal aquifers and fresh-water usage through three types of numerica®;
tests. Calculated fresh-water heads, interface positions and discharges show very precise results throughout the domain and’
especially at the coastline when compared to analytical, experimental, and numerically correct solutions. Therefore, interface
positions, fresh-water heads, and discharges originating from the steady regional behavior of coastal aquifers can be precisely
predicted by numerical modeling when open boundaries towards the sea are properly treated for the likely condltlons of the
coastline.

Introduction being rigorous, it seems to provide satisfactory results when?
Coastal aquifers are major sources of drinking water and | modeling the horizontal flow of fresh water by two—dlmcnsmnal(

agricultural irrigation in many countries. Nevertheless, sea- | models of coastal aquifers with sea-water intrusion (Bear and

water intrusion into such aquifers is of great concern when “Werruijt, 1987).

assessing total amounts of available fresh water, Salt and fresh Several types of horizontal numerical :nocis with a sharp

waters are miscible fluids. The salt concentration varies in a  interface approximation for coastal aquifers have been devel-
transition zone between fresh and salt ground waters. When  oped during recent years (Shamir and Dagan, 1971; Pinder and
fresh-water discharge across the coastline is relatively important, Page, 1977; Wilson and Sa da Costa, 1982, Verruijt, 1987;
the zone of transition can be quite narrow in comparison with Ledoux et al., 1990; Essaid, 1990a and b; Huyakorn et al., 1996).
the overall thickness of the aquifer. For the sake of computa-  These models consider two equations for the simultaneous flow
tional simplicity, this zone is usually considered as a sharp  of fresh water and salt water with a sharp interface between both

7 interface. In the case of aquifers of large horizontal extent, 7 liquids assumed to be immiscible. It is customary to solve the two
.| compared to their thickness, it may be assumed that the varia- | sets of equations for transient problems involving an initially
. tions of the ground-water head in a vertical direction are sosmall | known interface or sea-water heads, and inflow or outflow
‘L_that they can be ignored. Although this approach is far from ) amounts of salt water at the coastline. Both these types of data
are difficult to measure in the field. The same goes for the need to
know the thickness of the seepage face and the total and local
discharges of fresh water from the coastal aquifer at the edge of
the sea. These discharges are also very difficult to establish along
the coastline of a two-dimensional aquifer whose fresh water

RN

*Instituto dei Agua, Universidad de Granada, Rector Lépez

Argiteta s/n, 18071 Granada, Spain. flows horizontally. Therefore, the water table is often imposed at
Received April 1996, revised October [996, accepted November ‘!T the coastline to sea level (Dirichlet boundary conditions) or the
1996. ! boundary is prescribed by a flux condition based for instance on
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" head dependent leakance functions (Essaid, 1990b) or on analyt- - ~ horizontal plane. Additionally, by considering salt warter in equi-
¢ jcal solutions like the more extended outflow face approach .~ librium -with sca level and the existence of a -sharp f{resh-
-{Bear.and Dagan, 1964; Huyakorn ct al., 1996). It results in the "~ water/salsuater interface below.a less dense fresh water, the
= .well-known limitations. of thc calculated depths of the fresh-  ~two-dimensional' equation (1) ‘governing' the -mouon of the
. ~water/salt-water. interface:near.the coastline. These limitations * ~~phreatic:surface-in-a coastal aquifer-can bewritten- as-foltows
are a direct consequence of using prescribed fresh-water headsor - -(Shamir and Dagan, 1971):

flux conditions at the coastline based on analytical solutions
which do not always properly consider actual coastal aquifers
with different types of coastlines, fresh-water recharges, and
usages.

In this paper, a steady two-dimensional veniically averaged
finite-element model, based on the assumption of horizontal
fresh-water flow, is essentially developed for unconfined coastal
aquifers. The Ghyben-Herzberg principle was used to estimate
the position of the sharp fresh-water/salt-water interface for the
present single-phase numerical approach. Instead of other
numerical models, outflow open boundaries at the coastline were
treated with the help of recently developed open boundary con-
ditions (Padilla et al., 1990; Padilla et al., in press).

On the one hand, the present open boundary conditions for
sca~water intrusion problems were inspired from the Dupuit
approximation of horizontal outflow at a coastline with a very
steep coast. This allows the numerical model to consider in the
solution procedure the fresh-water discharges and seepage
conditions of this type of coastline. Numerical tests show that
fresh-water heads and steady interface depths, as evaluated by
the Ghyben-Herzberg principle, are correctly and precisely
calculated by the model in the aquifer-and in proximity to
the coastline. Nevertheless, the' solution algorithm GMRS
employed did not prove very efficient in solving an elliptic prob-
lem of this type for the recently developed open boundary
conditions. .

On the other hand, a much more efficient flux type
boundary condition was found, showing identical results to the
open boundary condition based on the Dupuit assumption,
which was successfully applied and extended to several charac-
teristics of the coastline. For three different numerical tests,
comparison of the results of application of this and other flux
type boundary conditions with analytical, experimental, and
numerically correct solutions shows only advantages in applying
the latest numerical approach for this type of open boundary.

Theoretical Model LS

Flow in phreatic coastal aquifers that have a large horizon-
tal exient, compared to their thickness, may be assumed to have
variations in the ground-water head in a vertical dJirection so
small that they can be ignored. This assumption leads to the
two-dimensional averaged equation of fresh-water flow in a

rparvious layer

(3=-Gh)<p
L

{a=-Gh)>p
> .

L &%

Fig. 1. Vertical schematic section of a phreatic coastal aquifer.
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where, taking as reference the sea level (Figure 1), h is the
fresh-water head (positive above sea level); s is the level of the

salt-water interface (negative below sea level); nr and n, are the

effective porosities for the movement of the phreatic surface and
the interface, respectively; Q is the net source (positive) or sink
{negative) from the surface of the aquifer in volumetric flow of
water per surface unit; and K is the hydraulic permeability
tensor in the fresh-waterrzone.

For unconfined coastal aquifers, the Ghyben-Herzberg
principle approximates the position of the salt-water interface
in equilibrium with the sea-water level by the following rela-
tionship;

§s=— ———h if (s==Gh)>p.

(s=-Gh)<p

where G =[p(/{p: — p:)], prand p, are the densities of fresh and
salt waters, respectively; and p is the height of the impervious
substratum of the aquifer (below or above sea level, correspond-
ing 1o negative or positive values, respectively). In the case of
phreatic coastal aquifers, the governing partial differential equa-
tion can be obtained by substituting (2) in (1) as foliows:

S=p if

{nr + n,G) ‘2—i: = ':9%(- (Ku(h—s) 'g':;:')
: dh
e M) S e )

+ 2 (Kyy(h—s) a—h)+ ifo(s = —Gh)>p (3)
3y y s dy Q ifg(s p

dh

nG— =

ch
N ax (K"(h_p) E)

d dh d ¢h
I — e — —_ x h— —
o (Kuy(h — p) o )+ ” (Xnth—p) —)
d dh .
o (K,,(_h—p) E)+Q it 6=-Gh<p @

Thus, the mathematical model is represented by equation (3)
when sea-water intrusion interacts vertically with fresh water,
and by equation (4) otherwise, that is, when only fresh ground-
water flow is vertically averaged. In other words, the position of
the toe of the interface determines the domain of applicability of

Gyl



- equation (4) where only fresh water can be vertically found, and
-+of equation (3) where vertically there is both fresh water and salt
water. . -
.- It is important to note that lhc above: bds:c equauons cor-

. Tespand to-a'classicalregional. medel .of sea-water.intrusion-in «
-~ equilibrium with the sea-water: regional level (Bear and Verruijt,

1987). ‘What will not be classical are the boundary conditions
that will be used to solve them numerically, .

Boundary Conditions for Sea-Water Intrusion
When solving steady-state problems, several types of
boundary conditions are possible on the boundaries P'=T'+I';

+ I';+ I’y of the whole domain Q). The proper choice of the type’

of boundary conditions must also take into account the type of
problem in order to optimize the convergence, stability, and
accuracy of the solution.

Prescribed Solutions (Dirichlet Boundary Condition)

Fresh-water heads can be imposed on the boundaries I'y, or
gven within the flow domain (1, when these boundaries represent
a continuous source of surface water (lakes, permanently flowing
rivers, etc.).

h(x,y) = h

Ofien the Dirichlet boundary condition is also prescribed
on outflow open boundaries, like on the coastline of some
sea-water intrusion models. This has considerable inconve-
niences (Bear and Verruijt, 1987). First, it prevents the Ghyben-
Herzberg principle from correctly calculating the depths of the
salt-water interface at equilibrium in the proximity of the
- coastline. Second, fresh-water discharges need to be known
along the coastline—a very rare and almost impossible task—to
allow the prescription of the sea level somewhere else off the
coastline. Third, two transient partial differential equations—
one for fresh water and another for sait water—need to be solved
in order to give the main responsibility of the position of the
interface to the unsteady movement of the salt water into the
phreatic aquifer (Essaid, 1990z and b). In this last case, the
classical model requires a knowledge of salt-water flux and initial
salt-water heads along the coastline which are very unusuat field
data,

onTioronpartsof 1 (5)

Prescribed Flux {(Neumanrn Boundary Condition)

The flux of water can normally be prescribed on inflow
boundaries I'; with recharge of fresh water, that is, where entries
of water coming from neighboring watersheds are well-known:

~(Ku(h—9 -Z% )~ (Ky(a—s) —j—?—) n, = g

.onT (6)

where: q; is the prescribed flux of fresh water, and {n,, n,) are the
direction cosines of the normal pointing outwards to the
boundary I'>. The natural condition is given for impermeable
boundaries by the homogeneous version of equation (6), g2 = 0.
Neumann conditions can be applied to outflow boundaries when
steady or transient ground-water discharges are known along the
boundaries; however, these discharges are in fact rarely known.

Dirichlet boundary conditions (imposed fresh-water heads)
must not substitute inflow or outflow boundaries unless the
boundary represents a penetrating and continuous source of

~J

. fresh water; Otherwise, the model is not correctly apphed. In
- particular, outflow boundaries are better represented by outilow
. face or-opzn boundary conditions as defincd here below.

- Prescribed Gradient-or Head-Dependent Flux-(Qutflow Fa.
~Boundary Condition)

This head-dependent flux 1ypc "boundary’ ¢ondition can

-take different forms, depending often on experience, numerical

approximations, or analytical solutions for the hypothetical
hydrogeological characteristics of the coast. The forms that this
type of boundary condition take can change depending on the
assumptions, but in general, the ground at the-coast is considered
to have a gentle slope and the gradient of the fresh-water head is
prescribed indirectly.

.. .A leaky, head-dependent boundary condition can be used
10 represent coastline boundaries (Essaid, 1990b) with the form:

flux = leakance (h; — 